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ABSTRACT

This paper uses the 42-yr German Estimating the Circulation and Climate of the Ocean (GECCO) syn-

thesis data to analyze and examine the relationship of the Indian Ocean deep meridional overturning cir-

culation (DMOC) with the Indian Ocean dipole mode (IOD). Contributions of various dynamical processes

are assessed by decomposing the DMOC into the Ekman and geostrophic transport, the external mode, and

a residual term. The first three terms successfully describe the DMOC with a marginal residual term. The

following conclusions are obtained. First, the seasonal cycle of the DMOC is mainly determined by the

Ekman component. The exception is during the transitional seasons (March–April and September–October)

in the northern Indian Ocean Basin, where the geostrophic component dominates. Second, at the beginning

phase of the IOD (May–June), the Ekman component dominates the DMOC structure; at and after the peak

phase of the IOD (September–December), the DMOC structure is primarily determined by the geostrophic

component in correspondence with the well-developed sea surface temperature anomalies, while the wind

(and thus the Ekman component) plays a secondary role south of 108S and contributes negatively within the

zonal band of 108 on both sides of the equator. Therefore, there exists a surface to deep-ocean connection

through which IOD-related surface wind and ocean temperature anomalies are transferred down to the deep

ocean. Westward-propagating signals are observed even in the deep ocean, suggesting possible roles of

Rossby waves in transferring the surface signal to the deep ocean.

1. Introduction

A deep meridional inflow is one of the characteristic

features at the southern Indian Ocean where North

Atlantic Deep Water, Antarctic Bottom Water, and

Circumpolar Deep Water enter the Indian Ocean in the

western basin off Madagascar and off the coast of East

Africa and in the east along the Ninety East Ridge

(Mantyla and Reid 1995; Schott and McCreary 2001).

Because of sparse observations in the deep Indian

Ocean, the Indian Ocean deep meridional overturning

circulation (DMOC) and its temporal and spatial vari-

ability remain open to be investigated in a more sys-

tematic manner.

The time-mean structure of the DMOC was earlier

obtained based on individual transoceanic hydrographic

sections, either by estimating the geostrophic transports
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(Toole and Warren 1993; Robbins and Toole 1997) or

via an inverse boxmodeling approach (Macdonald 1998;

Ganachaud et al. 2000; Bryden and Beal 2001; Sloyan

and Rintoul 2001; Ganachaud 2003; Lumpkin and Speer

2007; McDonagh et al. 2008). Since both approaches

depend heavily on hydrographic data sections, which

are often sparse in the spatial and temporal resolution,

their results are often contaminated by strong seasonal

variability in the Indian Ocean. In comparison, numer-

ical model efforts as an alternative way show weak but

noticeable time-mean bottom inflow [2–5 Sv (1 Sv [
106m3 s21); Garternicht and Schott 1997; Lee and

Marotzke 1998; Stammer et al. 2002; Drijfhout and

Garabato 2008; Wang et al. 2012]. One exception is the

estimation of 17 Sv from Ferron and Marotzke (2003),

which has been shown to be not maintainable when the

initial conditions and forcing fields modified by an ad-

joint method are applied for several hundred years

(Palmer et al. 2007) instead of for a few years, as in

Ferron and Marotzke (2003). On the other hand, it has

also been acknowledged that, although numerical model

results are dynamically consistent, they are conditioned

to prescribed weak vertical mixing, different surface

heat and momentum fluxes products, model resolution,

open boundary conditions, and deficits with respect to

the bottomwater formation (Schott andMcCreary 2001;

Drijfhout and Garabato 2008; Rintoul et al. 2010; Wang

et al. 2010).

The DMOC displays large seasonal variations over

most latitudes and is characterized by two counter-

rotating meridional overturning cells (Lee andMarotzke

1998; Wang et al. 2012): In boreal winter, one cell is anti-

clockwise (facing the paper, unless otherwise specified),

residing in the region south of 208S, and the other is

clockwise, residing in the interior Indian Ocean centered

on 108S. Both cells reverse their rotation in boreal summer

in response to the seasonal monsoon reversal. The over-

turning streamfunction almost covers the whole water

column year-round, indicating the deep-reaching effect of

the Indian monsoon (Schott et al. 2002).

The Indian Ocean DMOC also exhibits pronounced

interannual variability. Significant 2-yr variation has

been found in theDMOC (Wang et al. 2012) as well as in

other essential oceanic variables, such as sea surface

temperature (SST) (Feng and Meyers 2003) and me-

ridional ocean heat transport in the equatorial Indian

Ocean (Chirokova and Webster 2006), which is remi-

niscent of the tropospheric biennial oscillation (TBO;

Meehl and Arblaster 2002; Loschnigg et al. 2003). The

DMOC highly correlates with the most prominent in-

terannual mode, the Indian Ocean dipole mode (IOD)

(Wang et al. 2012), whose positive phase is characterized

by negative SST anomalies in the tropical southeastern

Indian Ocean and positive SST anomalies in the tropical

western Indian Ocean.

The characteristic dipole SST pattern of IOD events

occurs first in May–June and peaks in September–

October; its demise is likely due to themonsoonal reversal

that weakens winds both along the equator and along

the Indonesian coast, diminishing the importance of

ocean dynamics in the regulation of SST (Saji et al.

1999). Acknowledging that the IOD is parented by an

anomalous monsoon through the generation of zonal

temperature gradients between upwelling regions,

Webster et al. (1999, 2002) suggest that the east–west

SST gradients initiated by the anomalous monsoon in-

tensity can lead to the enhancements of the zonal SST

gradients by modulating local upwelling and meridional

oceanic heat transport through involving equatorial

wave dynamics. In this respect, they suggest the IOD to

be an integral part of the TBO, because it could regulate

the intensity of the monsoon system, introduce slow

dynamics into the monsoon-initiated SST anomalies,

and help to penetrate these anomalies to the next year.

In this study, by decomposing the DMOC into three

dynamical components and assessing their relative

contributions, we show that the Indian Ocean DMOC is

dynamically linked to ocean surface conditions mainly

through wind (thus the Ekman component) on seasonal

scales and through both wind and sea temperature

anomalies on (IOD related) interannual time scales. We

extend the traditional view of the air–sea coupled sys-

tem in the Indian Ocean, which is merely confined to the

upper IndianOcean and the overlying atmosphere so far

(Webster et al. 2002; Feng and Meyers 2003; Loschnigg

et al. 2003; Annamalai and Murtugudde 2004; Pillai

2008), to the deep ocean. This paper is organized as fol-

lows: section 2 describes data andmethodology; section 3

presents results about the roles of various dynamical

components of the DMOC during IOD events; section 4

gives a discussion; and section 5 provides a summary and

conclusions.

2. Data and methodology

a. Data

The ocean dataset used in this study is based on

products from the German Estimating the Circulation

and Climate of the Ocean (GECCO) consortium efforts

(Stammer et al. 2004; K€ohl et al. 2006, 2007). The esti-

mate is available for a quasi-global (6808 latitude) do-
main with 18 spatial resolution and spans the period

1952–2001. It is obtained by combining most of the

global observations available during the entire estima-

tion period with the ECCOmodel by changing the initial

temperature and salinity fields over the full water
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column and by adjusting the National Centers for En-

vironmental Prediction (NCEP) time-varying surface

forcing over the full estimation period so as to simulate

best the observed ocean state. Details of the GECCO

optimization are described by K€ohl and Stammer

(2008a,b). The time scales of associated adjustment

processes are typically 5–7 yr; therefore, we discard the

first 8 yr and analyze the data from 1960 to 2001.

b. DMOC index

To identify water mass property in different ocean

layers, the neutral densities of gn 5 27.05, 27.72, and

28.11 kgm23 are chosen to separate the water column

into the upper (gn , 27.05), intermediate (27.05# gn ,
27.72), deep (27.72 # gn , 28.11), and bottom layers

(gn$ 28.11) (Ganachaud andWunsch 2000; Ganachaud

et al. 2000). The upper surface of the bottomwater (gn5
28.11) is generally deeper than 3100m (Wang et al.

2012). The deepest depth is below 3350m in the Somali

Basin and the Arabian Basin, around 3100–3200m in the

Crozet Basin and the Madagascar Basin, and around

3150–3300m in the central Indian Ocean Basin and the

WestAustralianBasin (Wang et al. 2012). In later sections,

the total volume transport of the bottom layer (gn$ 28.11)

across 348S is used to measure the strength of the DMOC.

It has a mean of around 2.1Sv (Wang et al. 2012). Note

that the existence of the Indonesian Throughflow (ITF)

does not affect the strength of the DMOC index, because

it occurs at densities lighter than gn 5 28.0kgm23.

c. DMOC decomposition

Following Lee and Marotzke (1998) and Hirschi and

Marotzke (2007), the Indian Ocean DMOC is decom-

posed into geostrophic, Ekman, and external compo-

nents, assuming that the residual term accounting for

ageostrophic contributions (in addition to the Ekman

component) is negligible. The method has been used

previously to study the seasonal cycle of meridional

overturning and heat transport of the Indian Ocean (Lee

and Marotzke 1998). In this study, we apply it to the cli-

matological fields on a bimonthly basis and subsequently

calculate composites of all three terms for IOD events to

assess their relative contributions.

The DMOC is decomposed into four components in

Eq. (1) [essentially Eq. (16) in Hirschi and Marotzke

2007]: (i) Ekman component uek, (ii) geostrophic com-

ponent ugeo, (iii) external mode uex, and (iv) residual

term ures:

u5uek1ugeo 1uex 1ures , (1)

uek5

ðz0
2H

dz

ðx
e

x
w

(yek 2 yek) dx , (2)

yek52
1

r*fA

ðx
e

x
w

tx dx , (3)

ugeo 5

ðx
e

x
w

dx

ðz0
2H

(~y2 yg) dz , (4)

~y(x, z0)52
g

r*f

ðz0
2H

1

L(z)
(re 2 rw) dz , (5)

yg(x)5
1

H(x)

ð0
2H(x)

~y(z, x) dz , (6)

uex 5

ðz0
2H

dz

ðx
e

x
w

y dx, and (7)

y5
1

H

ð0
2H

y dz , (8)

where xw and xe are the western and eastern bound-

aries of the Indian Ocean Basin, respectively, and

2H � z0 # 0; A is the total area of the corresponding

longitude–depth section of the ocean basin; and r*, f , L,

and tx are a reference density, theCoriolis parameter, the

basin width at the surface, and the zonal wind stress, re-

spectively. The residual term ures in Eq. (1) is calculated

as a residue of the other three terms.

The Ekman velocity yek is compensated by a baro-

tropic return flow yek [Eqs. (2) and (3)]; the geo-

strophic velocity ~y describes the thermal wind shear

balanced by zonal density gradients [Eqs. (4)–(6)], and

its depth average yg is removed in Eq. (6). Note that

this term should be zero if the assumption of zero bottom

velocity is met. The external mode uex describes the

depth-averaged meridional flow [Eqs. (7) and (8)] and

contributes to the DMOC in the presence of topogra-

phy (Hirschi and Marotzke 2007); ures contains small

ageostrophic terms and errors resulting from imperfect

sampling.

Note that only the external component may integrate

over the section to a nonzero volume transport because

of the freshwater exchange with the atmosphere and

the cross-basin exchange through the ITF. The former

amounts to zero since only salt flux is used in GECCO,

whereas the latter contributes to both the external and

geostrophic components. In the GECCO dataset, the

ITF enters the Indian Ocean between 98 and 208S, has
a climatological mean of 9.2 Sv and a standard deviation

of 3.6 Sv (Wang et al. 2012). Since most of the ITF

transport is present in the upper around 400m (Liu et al.

2005), we integrate the mass streamfunction from the

ocean bottom upward such that ITF’s influence is con-

fined within the upper ocean. However, this confine-

ment through the upward integration pertains only to

ITF’s contribution to the geostrophic component. Its
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contribution to the external component [Eq. (7)] enters

through its projection onto the zonally nonuniform

depth-averaged meridional velocity [Eq. (8)], because

a big portion of the ITF joining the South Equatorial

Current reaches the western part of the Indian Ocean

Basin and mainly flows southward (from both sides of

Madagascar). Given the zonally varying topography, the

resultant zonally nonuniform meridional velocity con-

stitutes part of the external mode [Eq. (8)]. This may be

better envisioned with the aid of two examples provided

by Lee and Marotzke (1998): 1) When a western

boundary current travels northward along a coast having

a depth of 1000m and the return flows go southward

over much greater depths, the zonal integration will

result in an overturning characterized by a net northward

flow above 1000m and southward flow below it. 2) The

zonal component of a horizontal barotropic gyre going

over zonally nonuniform topography will cause net up-

welling or downwelling upon zonal integration.

3. DMOC variations during IOD events

To focus on interannual variations, a high-pass

Butterworth filter with a cutoff frequency of 7 yr is

applied to the meridional streamfunction, SST, and the

wind stress field at each model grid for the 1960–2001

period. Components longer than 7 yr of these variables,

which have been removed through the high-pass fil-

tering, are presented in Fig. 3, while the rest of the

analysis (except Fig. 8) refers to the high-pass filtered

variables. As a result, two dominant interannual peri-

odicities, in addition to seasonal cycles, are retained in

our analysis: 2–3 yr corresponding to TBO and 3–7 yr

corresponding to ENSO (Pillai and Mohankumar

2009). Note that prior to the composite analysis, the

high-pass filtered variables are further subject to de-

seasonalization; that is, the monthly climatological

states shown in Figs. 1 and 2 are removed from the

respective variable.

FIG. 1. Bimonthly-mean meridional overturning transport streamfunctions of the Indian Ocean DMOC (Sv). The y axis denotes ocean

depth in meters. The meridional overturning streamfunction corresponds to the mass flux integrated from the bottom to surface and then

zonally integrated in the Indian Ocean.
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a. Climatological states: DMOC and surface wind

We first present the annual cycle of the high-pass fil-

tered Indian Ocean deep meridional streamfunctions

(Fig. 1). Double counterrotating meridional overturning

cells are most obvious in boreal winter (from November

to February) and summer (from May to August), while

in transitional seasons (March–April and September–

October) the northern cell splits into two parts. In boreal

winter, a clockwise closed deep cell dominates the in-

terior ocean (north of 208S) and an anticlockwise deep

cell locates in the southern IndianOcean (south of 208S),
both of which reverse their rotations in boreal summer

in response to the reversal to the summer monsoon. This

pair of deep cells covers the entire water column with

maximum strength of 10–12 Sv at 1000-m depth (located

between 108S and 58N) and is noticeably separated at

around 208S year-round.

Figure 2 shows bimonthly means of wind stress and

wind stress curl. In boreal winter (from November to

February), positive wind stress curl occurs north of 108S
and negative wind stress curl occurs to its south with

maximum centered along 208S. The wind stress curl pat-

tern in boreal summer resembles that in winter months

but with opposite signs. According to Ekman dynamics,

positive (negative) maximum curl corresponds to maxi-

mum downwelling (upwelling) in the Southern Hemi-

sphere, as has been manifested by confluences of upward

(downward) branches of both cells near 208S (Fig. 1).

Note that the climatological features shown in Figs. 1

and 2 are derived from the high-pass filtered variables

with a cutoff frequency of 7 yr. The low-frequency wind

component ($7 yr), primarily characterized by south-

easterlies in the southern Indian Ocean (Fig. 3b) and

strong westerlies over the circumpolar ocean (not

shown), persists throughout the year and may relate to

the southern annular mode (Thompson and Wallace

2000). The resultant Ekman drift leads to convergence

and downwelling between 608 and 208S (where the

maximum easterly component sits) and divergence and

upwelling between the equator and 208S, which accounts
for an upwelling (positive) cell within the southern In-

dian Ocean domain with maximum amplitude of around

2 Sv in the deep ocean (Fig. 3a).

b. Climatological states: DMOC and its dynamical
components

The climatological Indian Ocean DMOC structure is

to a great extent captured by reconstructions from the

first three terms on the right side of Eq. (1) with a rea-

sonably small residual term (Figs. 1 and 4d). Ekman

components determine themain structure of theDMOC

and account for a large part of the amplitude throughout

all months (Fig. 4a). Exceptions are in transitional sea-

sons (March–April and September–October) in the

northern Indian Ocean Basin, where the geostrophic

component offsets the Ekman contribution and domi-

nates the local DMOC structure (Fig. 4b).

The external component shows two main features.

First, a coherent pattern lies south of 208S throughout

the year, extending to 5000m, and is in phase with

FIG. 2. Bimonthly-mean wind stress (vector; Nm22) and wind stress curl (shaded; 1 3 1028Nm23) in the Indian Ocean.
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Ekman contributions most of the year. Second, its spa-

tial features in summer (May–October) and winter

(November–April) months are rather similar but with

opposite signs. Both features reflect only, because of

zonal topographic gradients, changes in horizontal

ocean gyre, or in cross-basin zonal gradients of the

depth-independent meridional velocity in relation to the

summer/winter monsoon shift.

In summary, the seasonal DMOC structure can be

satisfactorily reconstructed from its three dynamical

components: the Ekman flow and its barotropic com-

pensation, the thermal wind component, and the depth-

independent external mode. In the following, relative

contributions of these three dynamical components to

the DMOC are assessed each month and subject to

a composite analysis to obtain a quantitative estimate of

their roles in relation to IOD events.

c. Positive IOD composites

Possible imprints of IOD events on the Indian Ocean

DMOC are studied by means of the composite analysis

for strong positive IOD events. These selected events

are first subject to deseasonalization: that is, climato-

logical monthly DMOC as shown in Fig. 1 is removed

prior to the composite analysis.

The IOD strength is measured by zonal sea surface

temperature (SST) differences between the tropical

western Indian Ocean (508–708E, 108S–108N) and the

tropical southeastern Indian Ocean (908–1108E, 108S–
08), following the same definition as in Saji et al. (1999).

Figure 5 shows the time series of the IOD index along

with that of the Indian Ocean DMOC index that is

represented by the volume transport of the bottom flow

(gn $ 28.11 kgm23) across 348S. Both time series are

smoothed by a 7-month running average. With the

threshold of 1.5 (multiplied by the standard deviation),

we obtain nine positive IOD (1965, 1967, 1972, 1976,

1977, 1982, 1987, 1994, and 1997). In most cases, the

DMOC index is out of phase with the IOD index,

whereas the years 1965 and 1987 are exceptional. To

highlight the commonality of majority cases, we exclude

the years 1965 and 1987, thus keeping seven positive

IOD cases in the following composite calculations.

Figure 6 shows the characteristic evolution of the di-

pole SST anomaly pattern, consistent with IOD features

described by Saji et al. (1999). Cold SST anomalies first

occur inMay off the Java coast, accompanying stronger-

than-normal alongshore southeasterlies and easterly

anomalies along the equator between 808 and 1008E.
Previous studies have revealed twofold effects of these

wind anomalies: the stronger-than-normal alongshore

southeasterly wind leads to stronger coastal upwelling

off Java and Sumatra while the easterly anomalies along

the equator hamper the eastward intrusion of the

equatorial current, thus reducing heat supply to the east.

Both effects further enhance cooling off Indonesia,

where the shoaling thermocline provides another pre-

requisite for this cooling (Xie et al. 2002). This process

may relate to both ocean advection and equatorial and

coastal Kelvin wave dynamics (e.g., Feng and Meyers

2003). For example, Xie et al. (2002) reported that

a westward downwelling Rossby wave forced by the

IOD-associated wind stress curl leads to deepened

thermocline and thus warmer SST in the west, which is

further intensified on the surface because of reduced

wind speed and evaporation induced by anomalously

northwestward-extended southeasterly trade winds

(Saji et al. 1999). Therefore, changes of the southeast

trade winds on the equatorial region coupled with SST

anomalies through ocean dynamics give rise to SST

FIG. 3. As in (left) Fig. 1 and (right) Fig. 2, but for components larger than 7 yr, which remain almost unchanged

through the annual course. The y axis in (a) denotes ocean depth in meters.
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dipole events. The major role of equatorial wave dy-

namics in regulating the dipole SST pattern is partly

manifested by the westward propagation of cold SST

anomalies along 108S from September to December

(Fig. 6). On the other hand, the IOD-related atmospheric

circulation essentially reflects the zonal pressure differ-

ence in the equatorial Indian Ocean; thus, it is closely

related to changes in equatorial wind systems, such as the

Walker circulation (Saji and Yamagata 2003).

In September–October northwesterly wind anomalies

appear in the central southern Indian Ocean indicating

weakening of the prevailing southeasterly trade winds

(Fig. 6). Together with the easterly wind anomalies

along the equator, they form an anticlockwise wind

stress curl generating anomalous Ekman pumping

within the zonal band from the equator to 208S. This
positive wind stress curl extends farther westward along

the equator in November–December and occupies al-

most the entire southern tropical Indian Ocean (Fig. 6).

In May–June, the DMOC composite is characterized

by a dipole demarcated at around 108S; the related

anomalies almost vanish in July–August and show no

distinguishable spatial patterns (Fig. 7a). In September–

October, an anomalous negative cell occurs between

208S and the equator, which expands in November–

December into the entire southern Indian Ocean Basin

accompanied by a positive cell in the upper 2000m in the

northern Indian Ocean (Fig. 7a).

FIG. 4. Bimonthly decompositions of the DMOC into contributions from (a) the Ekman component, (b) the geostrophic component,

(c) the external mode, and (d) the residual term. The y axis denotes ocean depth in meters.
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The IOD-related DMOC features shown above are,

to a large extent, described by the reconstruction fol-

lowing Eq. (1) (Figs. 7a,e,f). Each dynamical component

of the DMOC plays varying roles at different IOD

phases. For example, in May–June, the DMOC anom-

alies are mainly contributed by Ekman components

characterized by a pair of two reversely rotating cells

separated at 108S (Fig. 7b), but in later months it is

geostrophic current that determines the spatial feature

of the DMOC anomalies; in particular, the more

stratified DMOC structure in November–December in

the Southern Ocean Basin is mainly attributed to the

geostrophic component (Fig. 7c).

Within 108 on both sides of the equator Ekman-

related DMOC anomalies are offset by thermal wind

contribution, whereas, south of 108S, Ekman and ther-

mal wind components share the same sign; thus, both

contribute positively to the strong negative DMOC

anomalies in the southern Indian Ocean (Figs. 7b,c).

The external-mode-related DMOC anomaly is pri-

marily confined in the deep southern Indian Ocean

(below 1000m) and has its highest loading near 108S in

September–December (Fig. 7d).

The most pronounced IOD signals are manifested as

wind and SST anomalies in the tropical IndianOcean, as

shown in Fig. 6. These two variables link directly to the

Ekman and thermal wind components of the DMOC,

respectively, through which IOD signals penetrate to

the deep ocean. At the starting phase of the IOD events

(May–June), the SST anomalies are still weak (Fig. 6)

and so are the anomalous thermal wind flows (Fig. 7c).

On the other side, the associated anomalous wind stress

curl shows cross-basin coherent patterns: zonal bands of

positive wind stress curls meet negative wind stress curl

anomalies along approximately 108N and 208S (Fig. 6),

FIG. 5. Time series of the IOD (black) and the DMOC index

(gray) during 1960–2001. Variability longer than 7 yr is removed

and the 7-month running mean is applied. Both time series are

normalized and therefore unitless. Three horizontal lines mark 1.5,

0, and 21.5, respectively.

FIG. 6. Positive IOD composites of wind stress anomaly (vectors; only values larger than 0.01Nm22 are shown),

SST anomaly (shaded), and wind stress curl anomaly (contour; 1028Nm23).
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resulting in the local DMOC extrema (Fig. 7b). In July–

August, the wind stress curl anomaly loses its cross-basin

coherent spatial feature (Fig. 6); correspondingly, the

Ekman-related DMOC contribution reduces consider-

ably (Fig. 7b). Meanwhile, the cold SST anomaly near

the Java coast spreads and enhances further until De-

cember (Fig. 6), which is consistent with a strong con-

tribution from the thermal wind component of the

DMOC (Fig. 7c).

From September to December, accompanying strength-

ening and the westward propagation of the cold SST

anomalies in the southern tropical Indian Ocean, the

anomalous equatorial easterly and northwesterly

winds in the southern Indian Ocean strengthen and

moreover resume a cross-basin coherent feature with

the zero (anomalous) wind stress curl line taking up

a northwest–southeast orientation between 108 and

208S (Fig. 6). This is in correspondence with the negative

Ekman component of the DMOC centered along around

158S (Fig. 7b).

4. Discussion

We have adopted the methodology of Lee and

Marotzke (1998) and Hirschi and Marotzke (2007) and

applied it to the Indian Ocean DMOC on both seasonal

and the IOD-related time scales. As a supplement to

Lee and Marotzke (1998) that discussed the DMOC

feature in monsoon-prevailing months (January and

July), we also analyzed transitional months when the

Asian monsoon reverses its direction (March–April and

September–October; Figs. 1–3) and the DMOC features

a two-cell structure north of 208S, in contrast to a co-

herent structure during monsoon-prevailing months

(Fig. 1). In the transitional months, the previous pre-

vailing monsoon weakens and the subsequent monsoon

regime is not yet fully established; as a result, the Ekman

component weakens, which is more clearly seen north of

the equator (Fig. 1), whereas the geostrophic compo-

nent obtains a coherent structure across the entire In-

dian Ocean Basin. The latter partly offsets the former

and even supersedes it north of 108S inMarch–April and

north of equator in September–October (Fig. 1), con-

tributing to the two-cell feature north of 208S in the

transitional months.

There is a clear demarcation line around 208S sepa-

rating two reversely rotating circulation cells throughout

the year (Fig. 1). It reflects the effects of the monsoonal

winds and the associated seasonal shift of intertrop-

ical convergence zone in the Southern Ocean. This

FIG. 7. Positive IOD composites of (a) anomalies of the DMOC strength and contributions from (b) the Ekman component, (c) the

geostrophic component, and (d) the external mode. (e) Reconstructions from (b)–(d) and (f) the residual term are also shown. DMOC

anomalies exceeding 95% significance (using the Monte Carlo method) are hatched. The significance test is performed as follows: each

time 7 years are randomly picked from the 42-yr period (1960–2001), which is repeated for 1000 times. At each grid, the 5% and 95%

quartiles from the 1000 series serve as the 95% significance criteria.
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demarcation line is, however, less pronounced in January

and almost indistinguishable in July in Lee andMarotzke

1998 (see their Fig. 10). This difference may stem mainly

from the difference in wind products: GECCO datasets

used NCEP wind stresses and Lee and Marotzke (1998)

used surface fluxes from Hellerman and Rosenstein

(1983). It may partly be due to the strong constraints they

imposed in the sponge layer in connection to theAntarctic

Circumpolar Current (ACC) (Lee and Marotzke 1998).

These strong constraints efficiently inhibit not only

interannual variability of the ACC but also its interaction

with the internal Indian Ocean Basin, which may be

nontrivial in shaping the circulation feature in the

southern Indian Ocean.

The composite analysis for positive IOD events

demonstrates the dynamical link between the Indian

Ocean DMOC and ocean surface conditions: namely,

the characteristic IOD-related wind and SST anomalies

are directly linked to the structure of the DMOC on

interannual time scales. By this means, we extend the

traditional view of the air–sea coupled system in the

Indian Ocean, which is merely confined to the upper

Indian Ocean and the overlying atmosphere so far

(Webster et al. 2002; Feng and Meyers 2003; Loschnigg

et al. 2003; Annamalai and Murtugudde 2004; Pillai

2008), to the deep ocean. Because of such a surface to

deep-ocean connection, what occurs on the ocean sur-

face in the form of wind and SST anomalies are dy-

namically linked to the DMOC variability; therefore, it

is not surprising to observe that the DMOC exhibits

concentrated energy on time scales that are character-

istic of the surface air–sea coupled system, such as on the

typical time scales of TBO and ENSO (Wang et al.

2012). The revealed strong contribution of the Ekman

component to the Indian Ocean DMOC variability

through the year supports the suggestion that large-scale

surface wind forcing plays a significant role in sustaining

overturning in the deep ocean through mixing processes

(Guan and Huang 2008; Huang 1999; Nycander et al.

2007; Huussen et al. 2012).

A question naturally arises: Through which mecha-

nism do IOD-related temperature anomalies influence

the deep ocean down to 5000m, particularly during

September through December (as shown in Fig. 7a)? A

westward propagation is clearly visible in temperature

and meridional velocity fields even at the depth of

3000m, as is shown in the snapshot of temperature

anomalies at 2000m at 208S for the period of 1971–73

(Fig. 8). This westward propagation is faster when ap-

proaching the equator (not shown). Therefore, we con-

jecture that the IOD-related surface signal may be

carried down in the form of the annual wind-driven

Rossby waves, which force the deep ocean by vertical

movements of the thermocline because of the wind-

driven convergence and divergence in the upper ocean

(Kessler and McCreary 1993; Johnson 2011). In fact,

a strong presence of annual wind-driven Rossby waves

has been observed in hydrographic profiles in the Ara-

bian Sea (Brandt et al. 2002) and in the equatorial Pa-

cific (Kessler and McCreary 1993) and is reported to be

coupled with the overlying atmosphere on annual and

interannual scales (White 2000a,b, 2001). These annual

wind-driven Rossby waves are most likely the messenger

responsible for communicating variations on the ocean

surface down to the deep ocean. A detailed analysis re-

lated to this aspect is planned for future studies.

Wewould like to stress that the choice of positive IOD

events might vary, depending on the dataset and the

definition used (e.g., Saji et al. 1999; Saji and Yamagata

2003; Du et al. 2013). The analysis presented here is

based on the GECCO ocean reanalysis dataset. Com-

pared to previous studies (e.g., Saji et al. 1999; Saji and

Yamagata 2003; Du et al. 2013), we miss the IOD events

in 1961 and 1963. We conjecture that the mistargeting in

1961 and 1963 may relate to the slow adjustment to the

initial conditions in the assimilation process in the

GECCO data. We try to minimize its effect by dis-

regarding the first 8 simulation years (1952–59), which

may not be sufficient, as can be seen from the abrupt

increase of the DMOC index from 1960 to 1963 (Fig. 5).

Similar analysis has also been performed for negative

IOD cases. Based on the threshold of21.5, six negative

IOD events are selected: 1964, 1970, 1973, 1975, 1996,

and 1998 (Fig. 5). A closer look at the annual course of

the IOD index shows that positive and negative IOD

events are not symmetric around zero (Fig. 9). While all

of the selected positive IOD events mature in autumn,

FIG. 8. Hovm€oller plot of temperature anomalies at 2000m at 208S
from 1971 to 1973.
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three out of six negative IOD events (1964, 1970, and

1975) reach the minimum between December and

March of the following year and in 1973 and 1998 the

minimum IOD index appears near September. This

asymmetry between the opposite phases of the IOD has

already been noticed by many studies (e.g., Ummenhofer

et al. 2013). Although the DMOC index also shows an

out-of-phase relation with the IOD index during most of

the negative IOD events (Fig. 5), the wide spread of the

development course of negative IOD events makes the

interpretation of the time-based composite less meaning-

ful. Therefore, the results presented above may pertain

only to positive IOD phases.

5. Summary and conclusions

We have examined the variation of the Indian Ocean

deep meridional overturning circulation (DMOC) in

relation to IOD events using GECCO synthesis. To as-

sess the relative importance of various dynamical pro-

cesses in causing the seasonal cycle of the DMOC and in

imprinting IOD influences down into the deep ocean,

the DMOC is decomposed into four components (fol-

lowingHirschi andMarotzke 2007): the Ekman flowplus

a barotropic compensation, vertically sheared flows

comprising the thermal wind, the external mode ac-

counting for zonally varying topography, and a residual

term including ageostrophic flow associated with friction

and nonlinear effects. The residual term remains rela-

tively small on seasonal to interannual time scales and

thus is not discussed in detail in this study (Figs. 4c and 7f).

The Ekman component determines the overall sea-

sonal structure of the DMOC and contributes to a

substantial part of the amplitude throughout all months.

Exceptions are in the transitional seasons (March–

April and September–October), when the thermal wind

component has the same sign in the entire Indian Ocean

Basin with amplitude comparable to that of the Ekman

contribution. In fact, in the northern IndianOceanBasin

the thermal wind component offsets the Ekman contri-

bution and determines the local DMOC structure. The

external mode causes moderate seasonal variations at

latitudes where the Somali Current and the corre-

sponding gyre reverse their directions seasonally (Lee

and Marotzke 1998). It shares the same sign south of

208S with the concurrent Ekman component, suggesting

its close link to the seasonally reversed wind pattern

both sides of 208S (Fig. 2) and thus also to the related

Ekman drift.

The composite analysis of the three dynamical com-

ponents of the DMOC reveals that each component

plays a different role during different IOD phases. In

May–June, the IOD-related DMOC structure is char-

acterized by a dipole pattern separated at around 108S,
which is mainly contributed by the Ekman component,

whereas from July to December the contribution of the

geostrophic component increases considerably and de-

termines the main DMOC feature. These changes in the

relative contribution of the Ekman and thermal wind

components of the DMOC relate closely to the surface

features at different IOD phases: namely, the IOD-

related SST anomalies and the associatedwind anomalies.
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