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Abstract Previous studies that used Earth system models of intermediate complexity showed that
stronger background winds drove a more vigorous and stable Atlantic Meridional Overturning
Circulation (AMOC), while those with weaker winds had a more sluggish and unstable AMOC. In other
studies, ensembles under vertical mixing uncertainty showed the opposite effect, where the simulations
with a stronger AMOC were more unstable. To tackle this conundrum, we produce a model ensemble
featuring uncertainties related to wind forcing and vertical mixing to understand the role of feedbacks on the
AMOC stability. We show that the stability of the AMOC is not inﬂuenced by vertical mixing and the AMOC
strength, and rather, it is determined by the strength of the Northern Hemisphere winds. Paleoproxies
indicate an AMOC shutdown during the last Heinrich Stadial. Our comparisons to sea surface temperature
proxies show a better ﬁt with the simulations under a stable AMOC, which corresponds to a forced off‐state.
The sign of the AMOC‐driven freshwater transport in the South Atlantic, which is regarded as an index
for its stability, is shown not to be an absolute measure, although its evolution agrees with the salt
advection feedback.
Plain Language Summary Information on the structure of the Atlantic Meridional Overturning
Circulation (AMOC) during the Last Glacial Maximum (LGM) and its behavior during strong freshwater
discharge in the Northern Hemisphere (NH) associated with Heinrich Stadials are subject to deep
uncertainty. In this study, we use an intermediate complexity Earth System model to examine the inﬂuence
of the mean AMOC strength and wind forcing on the AMOC behavior during the LGM and Heinrich Stadial
1. Our results show that it is the strength of the NH winds, and not the mean AMOC strength, that
determines the stability of the AMOC during periods of freshwater discharge. Stronger NH winds maintains
a stable AMOC (one that recovers when freshwater discharge terminates), increases the upper ocean
stratiﬁcation, cools the ocean, and decreases Arctic ice coverage. Stronger stratiﬁcation increases the AMOC
sensitivity to the meridional density gradient, which is mostly driven by salinity effects in the LGM.
Simulations that show a bistable AMOC, in which it remains shutdown after collapse, present a weak
meridional overturning freshwater transport, but not necessarily negative, which may impact the use of this
index as a stability indicator.
1. Introduction
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Proxy data in the North Atlantic indicate that there were abrupt changes in the Atlantic Meridional
Overturning Circulation (AMOC) during the last glacial period (Broecker et al., 1992; Dansgaard et al.,
1993). The strength of the AMOC during the Last Glacial Maximum (LGM) is still contested with proxy
records indicating both a weaker or more vigorous but shallower cell (McManus et al., 2004; Lippold
et al., 2012; Gherardi et al., 2009; Böhm et al., 2015). In contrast, the most recent climate models that participated in the Paleoclimate Model Intercomparison Project Phase 3 (PMIP3) showed that when forced with
LGM boundary conditions they generally have a stronger and deeper AMOC (Muglia & Schmittner, 2015).
The stronger modeled LGM AMOC was attributed to stronger Northern Hemisphere westerly wind likely
resulting from the North American ice sheet and interactions with sea ice (Oka et al., 2012; Sherriff‐
Tadano et al., 2018). This uncertainty in the mean state of the AMOC impacts how the deglacial ocean
responded to freshwater input (Weber et al., 2007). During the deglaciation, AMOC indicators show a much
weaker or even shut down circulation during Heinrich Stadial 1 (HS1; ~18–15 ka BP; McManus et al., 2004;
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Oppo et al., 2015, among others). Freshwater discharge into the North Atlantic is believed to have driven this
change, which is corroborated in modeling studies (Manabe & Stouffer, 1988; Stommel, 1961). However, this
driver has recently been questioned (Barker et al., 2015) on the grounds that the freshwater discharge from
iceberg calving followed rather than preceded the cooling in the North Atlantic. How the AMOC responds to
freshwater forcing during past periods of abrupt climate change and future climate change is still highly
uncertain. This is partly due to the uncertainties about the amount of freshwater discharge in the North
Atlantic (Roche et al., 2014; Sévellec et al., 2017) and also may be dependent on the stability of the AMOC
itself, and whether it is monostable (i.e., one with strong overturning in the North Atlantic) or bistable
(i.e., one with two stable states with either strong or weak overturning in the North Atlantic), which is still
a matter of debate (Garzoli et al., 2013; Liu et al., 2017). This has large implications on how the AMOC
responds to and recovers from freshwater forcing.
Following the framework of Stommel (1961), indicators have been created to infer the stability of the AMOC
in climate models. These indicators are mostly related to the freshwater convergence in the Atlantic basin
(Liu et al., 2014,b), which can be approximated to a large extent as the sign of AMOC‐driven freshwater
transport (Mov) into the South Atlantic at ~34°S (e.g., Huisman et al., 2010; Rahmstorf, 1996). Although
the sign of the present‐day Mov at 34°S estimated from observations is negative (e.g., Garzoli et al., 2013;
Gent, 2018; Goes et al., 2018), suggesting freshwater divergence in the Atlantic Ocean and a bistable
AMOC, the accuracy of this indicator has been recently challenged, since it relies on many assumptions
about the role of the gyre and recirculations, vertical structure, air‐sea‐ice interaction, and eddies on the
freshwater transport (e.g., Gent, 2018; Cheng et al., 2018).
Intermediate complexity models can represent two states of the AMOC, but more complex climate models
generally fail to represent this feature (Bryden et al., 2011; Drijfhout et al., 2011; Gent, 2018; Liu, Liu, &
Brady, 2014; Weber et al., 2007; Weijer et al., 1999). This contrast can be due, for example, to biases in the
ocean freshwater content (Liu, Liu, Cheng, & Hu, 2014; Mecking et al., 2017; Weber & Drijfhout, 2007) or
due to atmospheric forcing and air‐sea interaction uncertainty (Large & Danabasoglu, 2006; Murphy
et al., 2017; Gent, 2018). Previous studies associate model biases in the tropical and North Atlantic with
the mean state of the AMOC (Wang et al., 2014). In addition, the transient response of the AMOC to external
(heat and freshwater) forcing has also been linked to its mean state, that is, models with a stronger AMOC
tend to show a greater and more stable decline (Kostov et al., 2014; Newsom et al., 2016; Weaver et al., 2007;
Xie & Vallis, 2012), whereas models with a weaker AMOC generally show a smaller weakening of the deep
convection in the polar regions (He et al., 2017; Rugenstein et al., 2013), consistent with the fact that a control simulation with a weaker AMOC is more stable since the North Atlantic is colder and there is more
extensive North Atlantic ice coverage (Levermann et al., 2007; Saenko et al., 2004). Therefore, such stability
biases could also be related to the mean state of the AMOC.
Our main question is as follows: What is the effect of the mean AMOC strength on the stability of the
AMOC? Two frameworks can be used to test whether the stability of the AMOC is related to its strength:
by examining model structure (i.e., multimodel ensemble) or by examining model parameters (monomodel
ensemble). Analyzing parametric uncertainty rather than structural (multimodel) uncertainties may provide
a more parsimonious framework to understand the processes underlying the AMOC stability. Using an
intermediate complexity Earth System model under a realistic range of freshwater hosing experiments for
HS1 (Roche et al., 2014), Murphy et al. (2017) could reproduce two different states of the AMOC, a monostable and a bistable state, by changing the strength of the background climatological winds. Additionally,
when the winds were stronger the mean AMOC was much stronger relative to the simulations with weaker
winds (22 Sv versus 13 Sv). To address the question posed above, we expand the Murphy et al. (2017) analysis
by including AMOC strength uncertainty. This is done by including vertical mixing parametric uncertainty,
which is a highly uncertain parameter in low resolution ocean models and previous studies have shown that
the AMOC is extremely sensitive to it (Sijp & England, 2006).

2. Materials and Methods
2.1. Model Description
The University of Victoria Earth System Climate Model (UVic ESCM) version 2.9 is used to analyze the behavior of the AMOC under LGM boundary conditions. UVic consists of a coupled system with a three‐
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dimensional ocean general circulation model, a dynamic thermodynamic sea ice model, a simple one‐layer
energy‐moisture balance model of the atmosphere (Weaver et al., 2001), and MOSES‐TRIFFID land‐surface
and dynamic terrestrial vegetation components (Meissner et al., 2003). The atmosphere calculates surface
heat and freshwater ﬂuxes without ﬂux correction and includes a variable latitudinal atmospheric diffusion
of heat and moisture advection, which results in a much better ﬁt to high‐latitude LGM temperatures proxies
(Fyke & Eby, 2012). The ocean model is based on the Geophysical Fluid Dynamics Laboratory Modular
Ocean Model 2.2 (Pacanowski, 1995) with a global resolution of 1.8° (meridional) by 3.6° (zonal) and has
19 layers in the vertical. Eddy mixing parameterization follows Gent and McWilliams (1990), and the ocean
vertical diffusivity is parameterized using the Bryan and Lewis (1979) vertical distribution. The sea ice component incorporates an elastic‐viscous‐plastic rheology to represent sea ice dynamics and various options for
the representation of sea ice thermodynamics and thickness distribution (Bitz et al., 2001).
The LGM boundary conditions correspond to 19‐Kyr orbital parameters (Braconnot et al., 2007), ice sheets,
and atmospheric CO2 baseline of ~190 ppm in a coupled carbon cycle model between atmosphere, ocean,
and land. Continental boundaries are kept the same as present day, which in UVic has a closed Bering Strait.
2.2. Wind Forcing
The standard UVic model is forced with prescribed climatological winds from the National Center for
Environmental Research (National Centers for Environmental Prediction; Kalnay et al., 1996) and uses a
dynamical wind feedback scheme, in which winds are allowed to change using a geostrophic/diffusive
approximation in response to sea surface pressure anomalies (Fanning & Weaver, 1997; Weaver et al.,
2001). The sea surface pressure anomalies are calculated from temperature differences between our LGM
control simulation and a long present‐day control simulation. These geostrophic wind anomalies are then
added as a perturbation to the prescribed mean wind/wind stress ﬁelds.
Following the methodology described in Goes et al. (2014) and Murphy et al. (2017), uncertainty in wind forcing is accounted for by prescribing two different background winds (see Figure S1a in the supporting information): (i) standard “UVic” LGM winds, which incorporates LGM anomalies relative to the prescribed
National Centers for Environmental Prediction Present Day (PD) climatological winds, and (ii) “CAM”
LGM winds, in which the climatological LGM‐Preindustrial (PI) wind anomalies from simulations of the
National Center for Atmospheric Research Community Climate System Model version 4 are used. In the
CAM winds simulations, instead of prescribing the winds directly, we prescribed Community Climate
System Model version 4 LGM‐PI sea level pressure anomalies to the model climatological state. After a long
spin‐up period (>3,000 years, and branching from equilibrated runs), outputs from the last 100 years are
used to replace the background climatological state of winds, wind stresses, and surface temperature in
the prognostic mode. Therefore, the prognostic mode will use the LGM background boundary conditions
instead of PD to calculate the wind anomalies. The simulated CAM winds are 33% and 50% stronger than
the UVic winds in the Southern and Northern Hemispheres, respectively (Figure S1a). Since the dynamical
wind feedback option from UVic is turned on, winds are allowed to change during all the experiments.
Consequently, atmospheric moisture advection terms and turbulent surface heat forcing are calculated consistently by the model without ﬂux correction.
To further explore the role of the wind stress on the stability of the AMOC, we performed two additional
simulations in which the winds are only strengthened in one of the hemispheres. In these simulations, only
the standard vertical mixing coefﬁcient (A = 0.8 cm2/s; described in the next section) is implemented. This is
shown in Figure 1 as the magenta and light blue lines, for strengthened Northern Hemisphere
(NHCAMA0.8) and Southern Hemisphere (SHCAMA0.8), respectively. Each experiment is run with and
without freshwater hosing, as described in section 2.4.
2.3. Vertical Mixing
To understand the sensitivity of the AMOC stability to the strength of the mean wind and of the AMOC, we
produce two ensembles, one for each wind forcing, in which varying vertical mixing strength is applied via
parameter change. Vertical mixing is responsible for bringing water back to the surface and for increasing
the potential energy against stratiﬁcation in the Earth system, which is heated at the surface. Without it,
the circulation would collapse due to the strong vertical stratiﬁcation. Indeed, previous studies show that
vertical mixing parameters are highly uncertain in low‐resolution models, since they are calibrated to
GOES ET AL.
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Figure 1. AMOC strength (Sv) of the two ensembles with varying vertical mixing parameter for UVic winds (blue), CAM
winds (red), and CAM winds in the Northern Hemisphere (magenta) and in the Southern Hemisphere (light blue).
Panel (a) is for Last Glacial Maximum CONTROL and (b) is for the hosing experiments using FW = 0.2Sv during the ﬁrst
200 years. The values of the mixing parameters are displayed in the boxes. AMOC = Atlantic Meridional Overturning
Circulation; UVic = University of Victoria.

represent several mixing sources that are not present in those models (e.g., Goes et al., 2010; Ito & Marshall,
2008). Under the Brian and Lewis parameterization, vertical mixing (Kv) varies with depth according to the
following equation:
Kv ¼ A þ

B
arctanðγ ðz−z0 ÞÞ
π

where z0 = 2500 m is the depth of inversion, B = 1.05 is a scale, and A is an offset. The most effective way
to vary Kv is to change the parameter A, which acts as an offset for the whole water column. We vary
parameter A within approximately 25% from its default value of 0.8 cm2/s, reducing to A = [0.6, 0.65, 0.7,
0.75, 0.8] cm2/s in the CAM wind simulations, and increasing to A = [0.8, 0.85, 0.9, 0.95, 1.0] cm2/s in the
UVic simulations (Figure S1b).
We adopt a standard nomenclature for the ensemble runs (see Table S1) to represent both wind and vertical
mixing uncertainty, the UVic wind ensemble (UVicA), the CAM wind ensemble (CAMA), the Southern
Hemisphere (SHCAMA), and Northern Hemisphere (NHCAMA) CAM wind forcing, and include as a sufﬁx
the value of the parameter A to identify each individual run. Therefore, our simulations that use the standard mixing of A = 0.8 cm2/s are referred to as UVICA0.8, CAMA0.8, SHCAMA0.8 and NHCAMA0.8.
2.4. Freshwater Forcing and AMOC Stability
Changes in the mean wind state have strong implications on the stability of the AMOC. Using a freshwater
budget in the Atlantic Ocean north of 34°S, Murphy et al. (2017) presented a stable AMOC behavior under
CAM winds in three different freshwater hosing experiments varying from FW = 0.1 to 0.3 Sv. In these simulations the AMOC recovered to its original state following 200 years of hosing. Under weaker UVic winds,
the AMOC collapsed in all simulations that used FW > 0.03 Sv, a tipping point reached with much less freshwater applied in the Northern Hemisphere compared to the CAM winds experiments. Those results suggested that the recovery of the AMOC was related to the sign of the meridional overturning freshwater
transport (Mov) across the southern boundary (34°S), and potentially associated with the mean state of
the AMOC, which was much stronger under CAM winds forcing. Since those simulations featured very different mean states of the AMOC, here we analyze the instability of the AMOC using the expanded ensembles
that share similar AMOC strengths but different wind forcing. We apply the same magnitude of freshwater
hosing (FW = 0.2 Sv) in the North Atlantic between 45°N and 65°N (Figure 1b) for 200 years, after which it is
turned off.
Additional freshwater simulations were performed under a quasi‐steady state. These simulations are run for
5,000 years, in which the freshwater forcing varies from 0 to 0.2 Sv (years 0‐2000), then from 0.2 Sv back to 0
Sv (years 2,000–4,000) at a rate of 1e−3 Sv/year and kept at 0 Sv for additional 1,000 years. Hysteresis curves
can be drawn from these simulations.
GOES ET AL.
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3. Results and Discussion
The mean state of the AMOC strength using the same vertical mixing parameter (A = 0.8) but subject to different wind forcing is very different as discussed in section 2.2. The westerlies in the UVicA0.8 simulation are
weaker than the PD climatology (Figure S1a), and the mean AMOC strength is around 13 Sv. Conversely, in
the CAMA0.8 simulation the westerly winds are stronger than the PD climatology and displaced further
south in the Southern Hemisphere (Figure S2), which produces a stronger AMOC of 22 Sv. The AMOC
strength is also proportional to the vertical mixing parameter A, and for higher values of A the AMOC is
stronger. Therefore, in both wind ensembles with varying vertical mixing strength, the AMOC shares the
same range of mean states from 13 to 22 Sv (Figure 1a). Interestingly, the simulation under UVic winds
and large mixing (UVicA1.0) produces spontaneous multidecadal variability with amplitude of approximately 6 Sv. This multidecadal variability is associated with a dipole structure in the upper ocean (500 m)
temperature and salinity between the Gulf Stream region and the subpolar gyre (Figure S3), similar to what
is described in Zhang (2008) and Delworth and Mann (2000). The anomalous temperature pattern is associated with a similar salinity pattern of the same phase. In the subpolar gyre, the evolution of this pattern
follows a westward propagation, consistent with the thermal Rossby wave propagation timescales described
in Te Raa and Dijkstra (2003). Vertical mixing in this case acts as the damping of a delayed oscillator.
The AMOC stream function in depth coordinates (Figure S4) between the simulations in each ensemble
with similar AMOC strengths, that is, for strong AMOC (~22 Sv, UVicA1.0 vs. CAMA0.6) and weak
AMOC (~13 Sv, UVicA0.8 vs. CAMA0.6) are very similar. The depth of the upper cells are nearly identical
between the pair of simulations, which is deeper (~3,000 m) for the strong AMOC simulations, and shallower (~2,200 to 2,400 m) for the weak AMOC simulations. Different patterns emerge (Figure 2) when we
compare the AMOC stream functions in density (σ2) coordinates. The CAMA simulations (Figures 2a and
2c) have generally a denser upper cell relative to their UVicA counterparts (Figures 2b and 2d), with the
σ2 density of the North Atlantic Deep Water (NADW) ranging between 37.0 and 37.4 kg/m3, compared to
the UVicA runs in which the NADW ranges from 36.9 to 37.2 kg/m3. In addition, the NADW under
CAMA spreads further south than in the UVicA for similar AMOC strengths. This is expected, since for
the same AMOC strength UVicA runs are subjected to stronger and more effective vertical mixing, due to
their reduced middepth ocean stratiﬁcation. The integrated isopycnal transport in the Atlantic domain of
the Southern Ocean (note that it is not deﬁned as a stream function) shows that there is more vigorous
Southern Ocean upwelling, more Antarctic Intermediate Water (AAIW) formation, and denser Antarctic
Bottom Water (AABW) under the stronger winds in CAMA. The average AABW formation in the Atlantic
is about 50–60 Sv in both ensembles, of which only about 2–4 Sv spreads into the Atlantic basin; the rest
upwells in the Indo‐Paciﬁc basin. Studies based on PD observations estimate that between 3 to 6 Sv of
AABW is transported across 32°S in the Atlantic ocean (e.g., Lumpkin & Speer, 2007; Talley, 2013). These
AABW transports are similar to the estimates for the LGM from models (Jansen, 2017). Observational estimates of the AABW formation around Antarctica are not well constrained, with some estimates ranging
from 21–50 Sv (e.g., Sloyan & Rintoul, 2001; Lumpkin & Speer, 2007; Talley, 2013). Lee et al. (2019), using
the National Center for Atmospheric Research CESM1 model constrained to observed temperature and salinity climatologies, estimated that more than 35 Sv of AABW is formed near Antarctica in the PD, but only a
small amount of bottom water is transported north of 32°S in the Atlantic, such that most of the AABW
either spreads to the Indo‐Paciﬁc basins or recirculates back to the surface. Although there are deep uncertainties in the observational and model estimates of the AABW formation, UVic estimates presented here
certainly overestimate the AABW formation and recirculation in the Southern Ocean, which is a region of
important interactions with topography.
The stronger stratiﬁcation under CAMA for comparable AMOC strengths can be set by the location of the
NADW formation region in the subpolar North Atlantic (Figure 3). The maximum winter mixed layer depth
is similar under the two wind ensembles, with a maximum of approximately 500–550 m, and it is wider and
deeper when the AMOC is stronger. In CAMA, the NADW formation is more strongly mechanically driven.
The ice edge is displaced north of 60°N, which is the effect of an approximately ~25% stronger northward
heat transport in CAMA. The ice edge affects the location of the convection region, and for CAMA more
deep‐water is formed south of Greenland and the Irminger Sea instead of near the British Isles. Note that
in the PI simulation, the location of the deep convection in the subpolar North Atlantic is typically mostly
located near the British Isles, instead of the Labrador and Greenland‐Iceland‐Norwegian seas. However,
GOES ET AL.
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Figure 2. (a–d) AMOC stream function (Sv) in density coordinates for the Last Glacial Maximum CONTROL simulations.
3
Density is calculated relative to 2,000 m (σ2, kg/m ). Note that this only takes into account the Atlantic sector; thus,
the Southern Ocean (south of 34°S) does not represent a stream function. Top panels are for weak AMOC under two
different wind forcings (a) CAMA0.6 and (b) UVicA0.8, and middle panels are for strong AMOC (c) CAMA0.8 and
(d) UVicA1.0. Bottom panels (e–h) are the respective volume transports calculated in 6 isopycnal ranges and two latitudes,
50°S (purple) and 30°S (orange). AMOC = Atlantic Meridional Overturning Circulation; UVic = University of Victoria.

the location of deepwater formation south of Greenland in LGM simulations is similar to more sophisticated
coupled climate models (Otto‐Bliesner & Brady, 2010; Sherriff‐Tadano et al., 2018).

3.1. Stability of the AMOC Under Wind and Vertical Mixing Uncertainty
Here we analyze the AMOC stability under a constant freshwater forcing scenario (FW = 0.2 Sv). Perhaps
surprisingly, the AMOC still shows a bipolar behavior, with the ones under UVicA winds collapsing and
the ones under CAMA winds returning to its original strength (Figure 1b). Therefore, it is the wind forcing
rather than the strength of the AMOC/vertical mixing that determines the stability of the AMOC in these
simulations. It is important to mention that this result is valid for the set of parameters and the range of parameter values analyzed in the present study, and alternative methods may produce different results. Our
results are not dependent on the strength of freshwater input, since in quasi‐steady state incremental freshwater hosing experiments of 5,000 years (Figure S5), CAMA is monostable and UVicA is bistable in both
high and low mixing cases when the freshwater forcing is ceased. This is in contrast with previous studies
that analyzed simulations with similar AMOC ranges (e.g., Gregory et al., 2005; Sijp & England, 2006) that
suggested that the AMOC stability could be associated with the vertical mixing parameterization and the
mean state of the AMOC. In the CAMA simulations with a stronger mean AMOC (A = 0.7, 0.75, and 0.8)
the AMOC overshoots during the recovery (Figure 1b), but this behavior is much attenuated for the simulation with a weak AMOC (CAMA0.6).
GOES ET AL.
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Figure 3. Ventilation depth (m) for the Last Glacial Maximum CONTROL simulations with weak AMOC (a) CAMA0.6
and (b) UVicA0.8, and simulations with strong AMOC (c) CAMA0.8 and (d) UVicA1.0. The black lines represent the
ice edge in those simulations. AMOC = Atlantic Meridional Overturning Circulation; UVic = University of Victoria.

We analyze the ocean freshwater transport (OFWT) terms of the freshwater budget in the Atlantic Ocean in
the two ensembles (Figure 4). In a steady state (control) simulation, OFWT at any given latitude (φ) is
approximately equal to the net evaporation (ENET) integrated north of φ: ENET ≈ OFWT = Mov + Maz,
where OFWT can be divided into meridional overturning (Mov) and gyre (Maz) freshwater transports (De
Vries & Weber, 2005). The Bering Strait is closed in all simulations, so the freshwater transport terms at
34°S can be also interpreted as freshwater convergence terms in the Atlantic basin (Liu, Liu, Cheng, &
Hu, 2014).
Despite the large range in AMOC strength, the freshwater budget terms in each ensemble do not signiﬁcantly change as indicated by the width of the uncertainty envelopes in Figures 4a and 4b. Some spread is
observed in the Mov and Maz terms, which compensate each other, such that ENET is insensitive to the vertical mixing uncertainty. At 34°S, the CAMA ensemble shows stronger net evaporation, 220 mSv (1 mSv =
1e3 m3/s) compared to 170 mSv for the UVicA ensemble, showing that the stronger winds increase evaporative cooling in the Atlantic Ocean. At 34°S, the ENET in the CAMA ensemble is compensated almost equally
by both Mov and Maz terms, which are both positive. In the UVicA ensemble (Figure 4a), ENET is compensated mostly by a positive Maz, and the magnitude of Mov is much smaller, less than 25% of ENET. To note,
Mov is not strictly negative in all UVicA simulations, and its value can reach 43 mSv for the simulations with
high vertical mixing (UVicA1.0). Therefore its sign cannot be considered as the only measure of stability.
Weber et al. (2007) noticed that PMIP2 models that present an unstable AMOC could indeed have both signs
of Mov, but that they were all smaller than the other freshwater terms, indicating they were close to a bifurcation point. Thus, our results are not in disagreement with previous studies. The model still behaves according to the salt advection feedback (Figures 4c and 4d), in which in the stable AMOC simulations (CAMA),
the AMOC weakens after the end of the external freshwater input in the North Atlantic, and its related freshwater transport moves from importing to exporting freshwater away from the Atlantic (Mov in Figure 4d).
Alternatively, in the unstable AMOC simulations (UVicA), the weakened AMOC increases the import of
freshwater into the Atlantic (Mov in Figure 4c). There are differences in the initial rate of the Mov changes
in CAMA and UVicA during the 200‐year hosing forcing period. In UVicA, the Mov responds almost
instantly to the forcing, whereas in CAMA there is an initial increase of the Mov before changing sign.
GOES ET AL.
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Figure 4. Freshwater budget terms calculated for the envelope of the whole ensemble range. Top panels are for the variability with latitude in the Last Glacial Maximum CONTROL simulation and lower panels are the time evolution of the
terms at 34°S during the 1,000 years of simulation with hosing applied during the ﬁrst 200 years. (a, c) UVicA
ensemble and (b, d) CAMA ensemble. UVic = University of Victoria; ENET = net evaporation; OFWT = ocean
freshwater transport.

This can be explained by temperature feedbacks and by the amount of freshwater that is required for the
CAMA to collapse, which is about 10 times more than in UViCA, since the latter is close to a point of
collapse (Murphy et al., 2017).
Here we explore the role of wind stress on the stability of the AMOC in the NHCAMA0.8 and SHCAMA0.8
experiments. The mean AMOC strength for the simulation with stronger NH winds (NHCAMA0.8) shows
that the NH winds can maintain a strong AMOC of ~22 Sv, a similar result to the one found in Muglia
and Schmittner (2015). When freshwater hosing is applied to this simulation (Figure 1b), the AMOC
recovers, similar to the other CAMA experiments, but with a slower initial recovery compared to the other
CAMA simulations (Figure 1b). After 500 years (300 years after hosing termination) the rate of AMOC recovery strengthens considerably, matching the one with CAMA0.8, but the overshoot before stabilization was
much reduced. By changing only the SH winds (SHCAMA0.8), however, the mean AMOC strength is much
weaker (14 Sv), and the AMOC does not recover after the hosing termination. This suggests that stronger NH
winds controls the stability of the AMOC, not stronger SH winds. Stronger SH winds can, however, accelerate its recovery. Previous studies that used coarse‐resolution ocean models suggested that the AMOC is signiﬁcantly more vigorous under stronger SH winds in models (e.g., Gnanadesikan, 1999; Saenko, 2013;
Toggweiler & Samuels, 1993). This is theorized to be due to what is called the “Drake Passage effect,” where
in the absence of continental barriers in the Southern Ocean westerly winds create a northward Ekman
transport in the Atlantic that cannot be balanced by geostrophic transport and is mostly balanced by an
increase in the NH AMOC. More recently (see Gent, 2016, for a review), eddy resolving model experiments
show that eddy transport increases in response to increased Ekman transport from the SH winds, providing
an average of 50% of a transient eddy‐overturning compensation to the strengthened Southern Ocean
AMOC cell, and most of this increase remains in the south. Gent and Danabasoglu (2011) showed improvements in the model eddy compensation using a variable GM coefﬁcient in space and time. Here we use a
somewhat increased GM coefﬁcient (800 m2/s) and surface boundary conditions that may allow some degree
of compensation; therefore, the AMOC strength is not very sensitive to the wind increase in the SH. It is still
largely unclear how the SH westerly winds changed during the LGM, although a strengthening and
GOES ET AL.

1366

Paleoceanography and Paleoclimatology

10.1029/2019PA003580

poleward shift shows the best agreement with a SH moisture database
(Kohfeld et al., 2013; Sime et al., 2013).
As shown in Figure 2, the density of the AMOC and water column stratiﬁcation is signiﬁcantly different between the two wind ensembles.
Previous studies using box model arguments indicate that the pressure
difference between the North and South Atlantic is proportional to the
strength of the AMOC (Rahmstorf, 1996; Stommel, 1961). The pressure
difference can be approximated by the density difference (Δρ) at ﬁxed
latitudes averaged at the pycnocline depth (Wright & Stocker, 1991).
Here, we follow Rahmstorf (1996) and deﬁne this AMOC indicator as
the density difference relative to 2,000 m (σ2) between the North
(50°N to 55°N) and South (35°S to 40°S) Atlantic averaged at middepth
between 650 and 850 m (nominal of 750 m). In the CAMA ensemble
(Figure 5), the control simulations (red dots) have a quasi‐linear relationship between the mean AMOC strength and Δρ, showing a correlation of −0.94. The linear relationship is in agreement with the thermal
wind relationship, in that the density gradients are proportional to the
Figure 5. Relationship between AMOC and meridional density differences velocity shear. The slope is negative, since it is mostly driven by salinity
relative to 2,000 m (Δρ) averaged between two regions (45–55°N) and
differences in the LGM, which is not the case for present‐day simula(40–35°S) at the nominal depth of 750 m. Dots are for the Last Glacial
tions (see Figure 10 in de Boer et al., 2010) because of the nonlinearity
Maximum CONTROL simulations and lines are for the evolution of the
of the equation of state. This linear relationship is not found in the
initial 200 years of the freshwater hosing experiments. Colors are for
CAMA (red), NHCAMA0.8 (magenta), SHCAMA0.8 (light blue), and UVicA UVicA simulations (blue dots), for which the pressure difference is practically unresponsive to vertical mixing changes and correlation between
(blue) simulations. Gray dashed line shows the zero crossing of density
differences. Colored dashed lines indicate the linear regression between Δρ
AMOC and Δρ is −0.1. This difference must be due to the differences in
and AMOC on their respective control LGM simulations (UVicA, blue
vertical stratiﬁcation between the two ensembles, and in UVicA, the
dashed line and CAMA, red dashed line), and their respective correlation
meridional density gradients may not contribute directly to pressure difcoefﬁcients are also shown. AMOC = Atlantic Meridional Overturning
ferences (de Boer et al., 2010). The evolution diagram for the hosing
Circulation.
experiments in the ﬁrst 200 years of simulation (solid lines) shows a
relationship between the AMOC strength and Δρ1/3 in both ensembles, as observed by the S‐shaped
curves in Figure 5. Therefore, both ensembles agree with the assumption of an upwelling‐diffusion balance and the independence of the AMOC ﬂow rate to the depth scale (e.g., de Boer et al., 2010;
Welander, 1986). The behavior of the NHCAM and SHCAM agree with their respective ensemble behavior (CAMA and UVicA) described in Figure 1b. The UVicA simulations show a change in sign of the
pressure gradient when the AMOC goes below 3 Sv, and the north‐south density gradient can no longer
sustain the AMOC, thus the AMOC collapses. Therefore, Δρ can be used as an indicator for the AMOC
recovery from collapse in the present simulations. The use of this indicator to identify the stability of
the AMOC from the initial value in the LGM control simulation is still to be examined.
The stronger stratiﬁcation under CAMA winds impacts the distribution of water masses across the Atlantic
basin. This is shown in the salinity and temperature differences between the control simulations in UVicA
and CAMA (Figure 6). The average of all simulations contained in each wind forcing is shown, so the results
are not dependent on the AMOC strength. The sea surface salinity in the CAMA winds is generally higher in
the northern subpolar gyre where winds are stronger. In addition, there is increased evaporation, and
increased salinity transport northward from the salty tropics under a stronger and less diffusive Gulf
Stream current ﬂowing along the western boundary. South of 40°N, however, the CAMA ensemble shows
a broad freshening of the basin relative to the UVicA ensemble. Since the evaporation is stronger in
CAMA compared to UVicA, this freshening cannot be driven by atmospheric E‐P ﬂuxes, as diagnosed by
Liu, Liu, Cheng, and Hu (2014). The zonal average section of salinity in the Atlantic suggests that there is
a stronger tongue of fresh AAIW under CAMA winds (Fig. 6e), which is consistent with previous studies
in which stronger westerlies strengthen the formation of AAIW via Ekman divergence. The mismatch is
then explained by the increased upwelling of these fresher AAIW waters in the tropics. This is also corroborated by weaker stratiﬁcation in the UVicA simulations, so less energy is necessary to pull the AAIW waters
to the surface. The increased stratiﬁcation in the CAMA ensemble, shown by the tighter isopycnal range is
driven by the stronger winds. This causes a cooling of the basin (Fig. 6i), and an increase in the salinity at
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Figure 6. Last Glacial Maximum sea surface salinity (top row), zonal averaged sections of salinity (middle row), and temperature (bottom row) across the Atlantic
Ocean. Panels are averages of all (a, d, and g) UVicA simulations, (b, e, and h) CAMA simulations, and (c, f, and i) CAMA‐UVicA. The ice edge is drawn in panels
(a) and (b), and the σ2 surfaces are drawn in section panels (d, e, g, and h). UVic = University of Victoria.

depth (Figure 6f), since below 2,000 m the water column is mostly occupied by the AABW, which is saltier
due to brine rejection around Antarctica (Amrhein et al., 2018). The vertical structure of the salinity differences (CAM‐UVic), with freshening at the surface and saliniﬁcation underneath induces the increased
northward freshwater transport across 34°S (Figure 4b).
3.2. Comparison With Proxy Data
In a recent study, Amrhein et al. (2018) used sea surface temperature (SST) proxy data to calibrate the ocean
circulation in an LGM simulation using an adjoint model framework. This is important since there are no
direct ocean hydrography proﬁle measurements available for the LGM. The impact of surface temperature
data on inferences of abyssal properties would then be mediated by correcting deep‐water formation processes, which are highly parameterized in low‐resolution models. In addition, SST is shown to be the major
driver of LGM wind changes in the Southern Ocean (Sime et al., 2013). Here, we compare the mean LGM
state under the two wind forcings to the reconstruction by Annan and Hargreaves (2013), which calculates
the LGM SST difference relative to the PI (ΔSST) using a blend of PMIP2 model simulations and proxy data.
For our model simulations, the baseline PI simulation is a control UVic simulation with boundary conditions from year 1,800 (atmospheric CO2 ~284 ppmV), which uses the tidal mixing parameterization for vertical mixing to increase mixing over topography, and a background mixing of Kbg = 0.25 cm2/s, as described
in Goes et al. (2014). The maps of ΔSST anomalies (LGM‐PI) compared to the paleo ΔSST reconstruction are
shown in Figure 7. There is a positive bias in the Southern Ocean in the UVicA experiments of up to 3 °C in
some locations, which is slightly reduced in the CAMA experiments. This result suggests that SST biases are
reduced relative to the reconstruction when there is strong evaporative cooling due to stronger winds, which
acts to reduce the meridional SST gradient with the subtropics. In the subpolar North Atlantic, all simulations show a positive SST bias of more than 2 °C in the center east part of the gyre, which can be partly attributed to the wrong location of the convection zone in the UVic PI experiment. These positive biases are
enhanced for stronger AMOC simulations (Figures 7c and 7d). The errors are the smallest in the tropical
Atlantic (<1 °C), whereas the tropical Indo‐Paciﬁc regions are generally cooler in the LGM simulations
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Figure 7. Biases in SST changes (LGM‐PI) relative to the Annan and Hargreaves (2013) reconstruction using proxy data
and Paleoclimate Model Intercomparison Project Phase 2 model simulations. Panels (a) and (c) are for the CAMA simulations with parameter A = 0.6 and A = 0.8, respectively, and panels (b) and (d) are for the UVicA simulations with
parameter A = 0.8 and A = 1.0, respectively. The PI UVic simulation used to calculate LGM‐PI SST change was used in
Goes et al., (2014). LGM = Last Glacial Maximum; PI = Preindustrial; SST = sea surface temperature.

than estimated by the proxy data. To infer which of the two simulated ensemble uncertainties brings the best
match with the ΔSST proxy data, we use an analysis of variance methodology. This methodology is
appropriate for comparing means of different experiments, and the marginal error distributions for
individual parameters can be easily retrieved. In a nutshell, this is performed by decomposing the
absolute values of SST biases from Figure 7 into Kv and wind components:
y∼μ þ a½i þ b½j þ ϵ
where μ is the baseline error common to all simulations, the parameter a[i], i = 1:5 is related to the ﬁve Kv
values and b[j], j = 1:2 is related to the two background wind strengths, and ϵ is the residual error, which is
assumed to be normally distributed with zero mean. The corner constraint is imposed, where a[1], b[1] = 0,
and the other parameters are estimated using a Bayesian framework following the methodology of Goes
et al. (2017).
According to the analysis of variance results (Figures 8a and 8b), the magnitude of ΔSST biases in the
UVicA simulations is higher than in the CAMA for all ensemble members. In the base case (UVicA,
Kv1), the global ocean ΔSST bias is ~1 °C, in comparison to ~0.85 °C for the CAMA (Figure 8a), and the
mean relative bias in the CAMA ensemble is approximately 0.12 °C smaller than in UVicA (Figure 8e).
By decomposing the error relative to the Kv1 baseline, we can observe that the magnitude of the bias due
to Kv increases with increasing Kv (Figure 8c). The marginal errors due to Kv uncertainty are small
(<0.08 °C) but statistically signiﬁcant compared to 1‐σ standard error bars (Figure 8c). The same conclusions can be drawn when the method is applied to the Southern Ocean (40–60°S) only (Figures 8b, 8d,
and 8f), with similar differences due to Kv but stronger reduction of the bias (~0.55 °C) in CAMA ensemble
(Figure 8f) relative to UVicA.
Therefore, our results indicate that there was a slightly weaker AMOC in the LGM (13 Sv) compared to the
UVic PI (16 Sv) but that there also was a stronger mechanically driven AMOC in the Northern Hemisphere.
Even though SST proxies are a weak constraint for the LGM climate as stated by Muglia and Schmittner
(2015), these results are quantitatively similar in that stronger Northern Hemisphere winds can sustain
the AMOC under lower vertical mixing, and a shallower AMOC is more consistent with isotope paleo
proxies (Muglia et al., 2018).
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Figure 8. Analysis of variance method of ΔSST (Last Glacial Maximum‐Preindustrial) biases relative to the proxy reconstruction of Annan and Hargreaves (2013). Statistics are shown for global (left column) and Southern Ocean (right
column) estimates. (a, b) Total biases for each ensemble simulation, blue bars for UVicA, and red bars for CAMA simulations. (c, d) Contributions to biases from vertical mixing relative to the low Kv baseline (Kv1). (e, f) Contributions to
biases from wind strength relative to UVicA baseline. SST = sea surface temperature.

4. Conclusions
In this paper, the stability of the AMOC under LGM/HS1 boundary condition is tested in two ensembles
varying the (i) mean wind forcing and (ii) the background vertical mixing. The AMOC strength is very sensitive to these two parameters, and the AMOC strength in each of the two wind forcings (e.g., UVicA and
CAMA) control ensembles ranges from 13 to 22 Sv. HS1 events were simulated using a freshwater input
of 0.2 Sv in the North Atlantic for 200 years. Contrary to what has been suggested in previous studies, the
mean state of the AMOC strength (via vertical mixing parameter changes) was not associated with its stability. Instead, in the two ensembles analyzed, the strength of the Northern Hemisphere winds was the single
factor determining the AMOC recovery due to its stronger impact on the water column stratiﬁcation and the
density of the NADW formation.
The most commonly used AMOC stability indicator, the sign of the Mov at 34°S, was not an absolute measure for stability, since the high mixing/weaker winds (UVicA0.95, 1.0) simulations showed a weakly positive Mov (30–50 mSv) associated with a strong (~22 Sv) but unstable AMOC. After hosing termination, both
stable (CAMA) and unstable (UVicA) ensembles behave similar to a salt advection feedback, in which for
the un (stable) simulations, the weakened AMOC increases (decreases) the import of freshwater into the
basin, providing a positive (negative) feedback to further decrease (increase) the AMOC. Therefore, this
mechanism partially explains the AMOC stability in these ensembles. From scaling arguments, the
AMOC strength has been associated with the meridional density difference between the north and south
(Δρ) across the Atlantic basin (e.g., Welander, 1986). A linear relationship is found between the mean
AMOC strength and the density gradient in the control CAM wind ensemble, but this relationship was
not signiﬁcant under weaker UVicA simulations. A stronger AMOC‐Δ relationship, such as the one
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shown in the CAMA ensemble, represents a more adiabatic AMOC, where NADW upwelling occurs mostly
in the Southern Ocean instead of in the tropics. Under freshwater hosing, the AMOC behavior in both
ensembles appears to be proportional to Δρ⅓, which according to previous studies, this relationship satisﬁes
a diffusive depth scale given by the thermal wind equation (Bryan, 1987). In all simulations that showed a
bistable AMOC behavior, the sign of Δρ becomes negative after the hosing termination, and, therefore,
the density gradient cannot sustain the AMOC.
We eliminate the effect of vertical mixing by averaging over all simulations in each wind ensemble to examine the impact of wind forcing on Atlantic Ocean water masses. Since both ensembles share the same range
of AMOC strength, the differences in water masses are driven solely by the strength of the wind forcing.
Stronger winds (CAMA) increase the middepth ocean stratiﬁcation, causing a more sluggish abyssal ocean.
The volume of the AABW increases under stronger wind forcing, and its high salinity signal is detected
much further north in the North Atlantic. These features have been suggested for LGM mean climate
(Muglia & Schmittner, 2015; Wainer et al., 2012). In addition, the AAIW is both increased and shallower,
and upwells more strongly in the tropical basin, freshening the surface. As a consequence, sea surface salinity decreases in most of the Atlantic basin, with the exception of the subpolar North Atlantic where a large
increase in salinity promotes a stronger and denser AMOC.
Paleoclimatic records are inconsistent on the strength of the LGM AMOC but tend to point toward a shallower North Atlantic cell. In studies that indicate a weaker cell, the decreased NADW formation is accompanied by increased intrusion of the AABW into the Atlantic basin (Curry & Oppo, 2005; Sarnthein et al.,
1994). Models, similarly, diverge about the mean AMOC response to LGM boundary conditions (Brady
et al., 2013). Comparing our simulations with a global ΔSST (LGM‐PI) reconstruction, the simulation that
shows the lowest errors is the one with increased westerly winds and the lowest vertical mixing
(CAMA0.6). Features in this simulation agree with recent paleomodeling studies (e.g., Muglia et al., 2018)
that show a weaker AMOC strength (~13 Sv), and increased AABW volume in the Atlantic Ocean during
the LGM. According to our results, the AMOC was in a stable state, which still can sustain an off‐state,
although not spontaneously, only under freshwater forcing conditions (HS1). Our results may be dependent
on the background climate state (Zhu et al., 2014), regional features such as sea ice extent and ice sheets
(Klockmann et al., 2016; Zhang, 2014), the opening of the Bering Strait (Hu et al., 2015), and mixing parameters considered, which includes eddy mixing parameterization (Gent, 2016) uncertainty.
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