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Changes in the Atlantic deep-ocean water masses during the last deglaciation played a 18 

critical role in regulating changes in global climate and the carbon cycle1,2. The δ18O of 19 

benthic foraminiferal calcite (δ18Oc) is commonly used as a tracer to infer changes in Atlantic 20 

water masses associated with a reduced AMOC3,4, with high-resolution deep-sea records 21 

revealing a lead of North Atlantic δ18Oc over that of the Southern Ocean early during the 22 

last deglaciation5. However, interpretation of this phasing and its implication for the carbon 23 

cycle remains controversial5–9 because of the unknown combination of water temperature 24 

and oxygen isotopic composition of the water (δ18Ow) to the δ18Oc signals.  Here we use an 25 

isotope-enabled ocean general circulation model under realistic transient climate forcing to 26 

provide a dynamic framework for understanding deglacial δ18Oc signals. Model results 27 

suggest that input from both northern and southern sources into the ocean interior decreased 28 

in response to North Atlantic freshwater forcing, and the deep North Atlantic warmed by 29 

1.4°C due to enhanced diapycnal mixing. This dynamic warming, rather than changes in the 30 

relative contribution of water mass sources as previously assumed, is the main cause of the 31 

observed δ18Oc phase differences. 32 

Changes in the deglacial Atlantic deep-ocean water masses were particularly pronounced 33 

during Heinrich Stadial 1 (HS1; 17.5–14.7 ka), when a significantly reduced AMOC10 led to a 34 

strong cooling in the Northern Hemisphere coupled with a warming in the Southern Hemisphere, 35 

possibly contributing to the early deglacial rise of the atmospheric CO2
11,12. However, the behavior 36 

of the deep Atlantic water masses is poorly constrained during HS1, which limits our 37 

understanding of how CO2 that accumulated in the deep ocean during the last glacial period was 38 

released to the atmosphere2,13. Based on the phase difference of high-resolution deep-sea benthic 39 

δ18Oc records between the North Atlantic and the Southern Ocean during HS15, some studies 40 
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suggest that it reflects northward expansion of southern-sourced deep water6,7, whereas others 41 

conclude that northern-sourced waters continued to fill much of the intermediate and deep Atlantic 42 

despite a reduced AMOC5,8,9. To better constrain the deglacial water-mass behavior, attention has 43 

to be turned either to development of high-resolution temperature (e.g. Mg/Ca) reconstructions, 44 

which has proven to be difficult for deep-ocean cores14, or to numerical models as an independent 45 

line of evidence, which is the focus of this study. 46 

A challenge faced by numerical models in understanding the deglacial evolution of the 47 

deep ocean is that most simulation results cannot be compared directly against proxy records of 48 

circulation changes, either because the models do not simulate the same variables estimated by 49 

proxies15–17 or because the climate forcing and experimental setup are too idealized15,18–20. Here, 50 

we address this challenge by performing the first deglacial ocean circulation-δ18Ow coevolving 51 

transient simulation in a state-of-the-art isotope-enabled ocean general circulation model [Parallel 52 

Ocean Program version 2 (iPOP2)] (Methods). This simulation were conducted from the Last 53 

Glacial Maximum (LGM) at 22 ka to the late Bølling-Allerød Interstadial (B-A) at 13 ka, and 54 

forced by climate variables from a realistic transient simulation of the last deglaciation in a fully 55 

coupled climate model (TRACE21) (Supplementary Fig. 1) which successfully reproduced many 56 

observed features of the deglacial climate12,16,21,22. Our ocean modeling also quantifies the 57 

contribution of local water temperature to δ18Oc (~0.25‰ °C-1; ref. 23) (Methods), thus providing 58 

a dynamic framework for understanding the mechanisms responsible for the evolution of δ18Oc 59 

during the last deglaciation. 60 

Our modeling shows that during the LGM, Antarctic Bottom Water (AABW) formed due 61 

to brine rejection associated with sea-ice expansion around Antarctica that, along with a vigorous 62 

counterclockwise abyssal overturning24 (Supplementary Fig. 2c and d), caused the AABW to fill 63 



 4 

the entire deep Atlantic25. During HS1, freshwater forcing nearly shut down North Atlantic Deep 64 

Water (NADW) formation (from 15 Sv to 2.5 Sv), while a lesser decrease (from 6.5 Sv to 5 Sv) in 65 

AABW formation occurred due to surface warming and reduced brine rejection (Supplementary 66 

Fig. 1; 2e and f). This decrease in ventilation of the deep North Atlantic (NA) by northern and 67 

southern sources resulted in it becoming isolated, with only slow renewal by AABW through the 68 

abyssal overturning. These simulated changes in ocean circulation are consistent with the Pa/Th 69 

ratio at Bermuda10 as a proxy for the AMOC intensity (Fig. 1b) and the radiocarbon benthic-70 

planktonic age offset at Iberian Margin26 as a proxy for the apparent ventilation ages (Fig. 1c, 71 

Methods). Moreover, the simulated ocean circulation successfully reproduces the basin-wide 72 

pattern and amplitude of the observed δ18Oc changes across the Atlantic between the LGM and 73 

late HS1 [Fig. 2, pattern correlation r = 0.87 (Supplementary Fig. 3)]. In particular, the model and 74 

data are characterized by greatest changes in the upper NA and little change in the deep Southern 75 

Ocean (SO). Meanwhile, many other features of the modeled δ18Oc agree with observations 76 

(Supplementary Fig. 4, 5 and 10). 77 

To examine the regional phasing of the deep δ18Oc response, we compared our simulation 78 

results with two well-dated, high-resolution benthic δ18Oc records, one from the Iberian Margin in 79 

the NA (MD99-2334K, 37.8°N, 3146 m)6,27 and the other in the Atlantic sector of the SO (MD07-80 

3076Q, 44.2°S, 3770 m)5. These cores also have bottom-water temperature reconstructions, 81 

allowing us to evaluate whether the reasons for the δ18Oc changes in the model are the same as 82 

those inferred for the observations. In both the model and the records (Fig. 1d), δ18Oc shows a 83 

gradual post-glacial increase from 22 ka to 19 ka, which is due to a lagged response of the deep 84 

ocean to the maximum enrichment of δ18Ow in the upper ocean during the LGM (Methods). From 85 
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19 ka to late HS1 (16 ka), the modeled δ18Oc trend reverses and captures the observed earlier and 86 

greater δ18Oc decrease in the NA (~0.6‰) than in the SO (~0.2‰)5 (Fig. 1d).  87 

The cause of this earlier δ18Oc decrease at deep NA core sites during HS1 is widely debated. 88 

One “southern-source” hypothesis suggests that reduced formation of NADW during HS1 89 

enhanced the formation and northward expansion of southern-sourced low-δ18O, low-δ13C 90 

AABW6,7. An alternative “northern-source” hypothesis argues that during HS1, the NA was 91 

influenced by overflows of brine-generated deep water formed by sea-ice expansion in the Nordic 92 

Seas, with the low δ18O signal reflecting meltwater transferred to depth during brine formation5,8,9 93 

and the low δ13C values reflecting suppressed air-sea gas exchange5. Temperature may also have 94 

played a role in affecting the deglacial δ18Oc signal, but the sign, magnitude, and mechanisms of 95 

temperature change are highly uncertain3,6,7,22. 96 

In this context, our model results indicate that the apparent lead of the deglacial δ18Oc 97 

decrease in the deep NA over the SO is due to earlier warming in the north rather than to a change 98 

in southern- or northern-sourced water masses. During HS1, the simulated δ18Ow component 99 

shows nearly coherent decreases at both core sites (Fig. 1e). These depletions at depth are caused 100 

primarily by the transfer of 18O-depleted surface meltwater, with a change of the surface 101 

precipitation and evaporation also playing a small role (Methods, Supplementary Fig. 8).  102 

Although the decrease of NA δ18Ow is slightly greater since the site is closer to the meltwater 103 

source, the difference is nearly indistinguishable and cannot explain the much larger differences 104 

seen in the records. In contrast, the temperature component exhibits strong asynchrony, with the 105 

deep ocean below 3000 m warming by ~1.4°C in the north but experiencing little change in the 106 

south, consistent with Mg/Ca temperature reconstructions from the cores6,13 (Fig. 1f). The warming 107 
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in the north causes δ18Oc to decrease by 0.35‰, thus explaining most of the 0.4‰ difference 108 

between the two records. 109 

The relative contributions of δ18Ow and temperature can be seen more clearly in the basin-110 

wide responses (Fig. 3). In response to the input of 18O-depleted freshwater during HS1, δ18Ow and 111 

salinity decrease over the entire basin relative to their LGM values (Fig. 3e and Supplementary 112 

Fig. 7g). A considerable portion of the 18O-depleted freshwater is trapped in the upper NA and 113 

within the Labrador Sea and the Nordic Seas due to the strong reduction in deep-water formation 114 

and associated overflows (Supplementary Fig. 2d and f). If the AMOC did not weaken, this extra 115 

18O would be transported into the ocean interior (Methods, Supplementary Fig. 9). A modest 116 

anomaly tongue (~−0.1‰) extends downward and southward along the lower limb of the 117 

diminishing glacial AMOC during the transition to HS1, and further disperses into the whole ocean 118 

through the remaining circulation and general mixing (Fig. 3e). In contrast, the temperature 119 

response shows a bipolar seesaw response at the surface and basin-wide warming in the 120 

subsurface16,22 (Fig. 3f). Notably, the warming occurs all the way to the abyss in the NA but not in 121 

the SO, consistent with observations6,13,28, generating a deep meridional temperature gradient that 122 

accounts for the δ18Oc gradient across the deep Atlantic. 123 

We identify different physical processes as responsible for the different δ18Ow and 124 

temperature responses during HS1 (Fig. 4 and Methods). During the LGM, δ18Ow is increasingly 125 

depleted with depth (Fig. 3a), and the δ18Ow tracer budget at 3100 m in the NA is dominated by 126 

the horizontal mean advection (Supplementary Fig. 11b). During HS1, this vertical gradient 127 

reverses in the NA, due to the highly 18O-depleted freshwater input trapped near the surface. This 128 

reversed gradient weakens with depth (Fig. 3c) because neither mean advection nor diapycnal 129 

mixing can effectively bring the surface signal down to depth in the absence of deep convection 130 
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(Fig. 4a and Supplementary Fig. 11). The deep NA therefore experiences little δ18Ow change (Fig. 131 

3e) even though it is geographically closer to the freshwater input. 132 

In contrast to the passive response of δ18Ow, the temperature response involves dynamic 133 

processes that can cause warming or cooling at depth (Fig. 4b). During the LGM, the heat budget 134 

of the deep NA is also dominated by horizontal mean advection (Supplementary Fig. 12b). During 135 

HS1, the collapse of the AMOC reduces the horizontal advection by more than 90%. This reduced 136 

AMOC has traditionally been speculated to cause a deep warming by reducing the vertical 137 

advection (i.e., the cold-water upwelling)29. However, the heat budget shows that the deep 138 

warming is caused by an enhanced downward heat flux associated with diapycnal mixing that 139 

overwhelms an enhanced cold upwelling advection (Supplementary Fig. 12b). The unexpected 140 

increase of vertical advection is caused by a marked increase of vertical temperature gradient 141 

(∂T/∂z) rather than the upwelling velocity (Supplementary Fig. 13). During HS1, the cessation of 142 

deep convection in the subpolar NA prevents transmission of intense atmospheric cooling to the 143 

subsurface ocean, generating a strong mid-depth warming due to heat accumulation22,30, and, in 144 

turn, an increased ∂T/∂z below. Both the diapycnal mixing and vertical advection are actually 145 

enhanced by this increased ∂T/∂z. It is therefore the enhanced diapycnal mixing induced by the 146 

strong mid-depth warming that effectively heats the deep NA. In contrast, the SO temperatures 147 

increase in the upper layers due to reduced northward oceanic heat transport, but change little at 148 

depth. Close to the deep SO mean temperature front (~40°S), the heat budget is balanced between 149 

a cold eddy heat transport (a major component in horizontal mixing) and a warm tendency of other 150 

processes (Supplementary Fig. 12c). Reduced AABW formation and associated mass transport in 151 

the abyssal overturning decreases the northward advection of cold AABW, tending to induce 152 
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warming at depth. However, this warming tendency is largely offset by the enhanced cooling from 153 

eddy transport, so that SO warming is confined to the upper ocean (Fig. 3f).  154 

Our study highlights the role of deep warming in the deglacial evolution of deep water 155 

masses and illustrates a new mechanism for this warming. Moreover, our strategy of direct and 156 

quantitative model-proxy comparison provides a new perspective to understand the mechanism of 157 

many deglacial benthic δ18Oc records (see Methods for other examples), and ultimately the cause 158 

of the evolution of the deep-ocean circulation, global climate, and the carbon cycle. 159 

 160 
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Figure legends 181 

 182 

Figure 1 | Model deglacial signals compare with proxies. a, Atmospheric CO2 concentration 183 

(orange) and freshwater fluxes of the Northern (navy) and Southern (blue) Hemispheres applied 184 

in TRACE2116. b, Pa/Th ratio at Bermuda (GGC510) as a proxy for the strength of AMOC and 185 

model maximum AMOC transport (below 500 m). c, 14C benthic-planktonic (B-P) age offset at 186 

Iberian Margin (MD99-2334K26) and model abiotic 14C B-P age31 at this site. d, Benthic δ18Oc at 187 

Iberian Margin (MD99-2334K6,27, green) and Southern Ocean (MD07-3076Q5, pink), and model 188 

δ18Oc at the corresponding sites. e, Model water isotopic concentration δ18Ow at the two core sites 189 

described in (d). Reconstructed δ18Ow of MD99-2334K6 and MD07-3076Q13 are offset by +0.3‰ 190 

and −0.5‰, respectively. Global mean δ18Ow (gray) is converted from ice-volume equivalent sea 191 

level32 by 1.05‰/145 m. f, Same as (e), but for water temperatures. Mg/Ca temperature of MD07-192 

3076Q13 is offset by −3°C. All dashed lines indicate proxies, and solid lines indicate model results. 193 

HS1, Heinrich Stadial 1; B-A, Bølling-Allerød; YD, Younger Dryas. 194 

 195 

Figure 2 | Deglacial benthic δ18Oc changes in the Atlantic. Contours are zonally averaged 196 

Atlantic δ18Oc changes between late HS1 (16-15 ka mean) and glacial (20-19 ka mean) in the 197 

model. Circles and squares are reconstructed benthic δ18Oc changes (Supplementary Table 1) 198 

between these two periods. Squares indicate the two cores sites of Fig. 1d. 199 

 200 

Figure 3 | Atlantic zonally averaged δ18Ow (left column) and temperature (right column). 201 

From top to bottom panels are variables at 19 ka (a-b), 16 ka (c-d), and their differences (e-f). 202 
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Squares indicate the two core sites of Fig. 1d. The deep North Atlantic core site experiences 203 

reversed δ18Ow vertical gradient and enlarged temperature vertical gradient from 19 ka to 16 ka. 204 

 205 

Figure 4 | Schematic of the passive δ18Ow tracer response (a) and dynamic temperature 206 

response (b) during HS1. The cessation of deep convection confines the light, 18O-depleted 207 

freshwater input at upper layers in the NA, but accumulates heat at intermediate depth, which 208 

enlarges the temperature gradient below and enhances the downward heat flux by diapycnal 209 

mixing. The deep NA therefore experiences little δ18Ow change but a significant warming of 210 

~1.4°C. In the deep SO, reduced AABW decreases the cold water transport, tending to cause 211 

warming. But the enhanced cooling from eddy advection near the mean temperature front cancels 212 

most of this tendency and retains the temperature. 213 

 214 

 215 

  216 
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Figures 217 
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Figure 1. 219 
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Figure 4.  225 
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Methods 226 

 227 

POP2 ocean model. The ocean general circulation model used in this research is the Parallel 228 

Ocean Program version 2 (POP2)33, which serves as the ocean component of the Community Earth 229 

System Model version 134. POP2 is a primitive equation level-coordinate global ocean model. The 230 

horizontal grid of the low resolution version of POP2 increases from 0.8° latitude on the equator 231 

to 1.85° at the poles, although the grid is a uniform 3.6° in longitude. There are 60 vertical levels, 232 

with 10 m resolution in the upper 200 m, gradually expanding to 250 m resolution below 3000 m 233 

depth. Details of the ocean model are given in Danabasoglu et al.33. 234 

 235 

Implemented water isotope and abiotic radiocarbon modules. In the water isotope module, the 236 

seawater δ18O is forced by the isotopic fluxes at the sea surface and advects and diffuses in the 237 

ocean interior as a passive tracer. The δ18O flux is expressed as 238 

 𝐹" = 𝐸 𝛿& − 𝛿( − 𝑃 𝛿& − 𝛿* − 𝑅 𝛿& − 𝛿, −𝑀 𝛿& − 𝛿.

= 𝐸 − 𝑃 − 𝑅 −𝑀 𝛿& − (𝐸𝛿( − 𝑃𝛿* − 𝑅𝛿, −𝑀𝛿.) 
(1) 

where δw is the isotopic composition of the surface seawater, which is a globally uniform reference 239 

value, δE, δP, δR and δM are the isotopic composition of evaporation (E), precipitation (P), river 240 

runoff (R) and meltwater from land ice and icebergs (M). It is assumed that there is no isotopic 241 

flux during sea ice formation and melting, since the isotopic fractionation in these processes is 242 

measured small. The computed Fδ is used in the first layer vertical diffusion term as the tracer 243 

boundary condition. 244 

The term (E − P − R − M)δw is the virtual isotopic flux, analogous to the virtual salt flux, 245 

representing the diluting effect of the net freshwater flux. The isotopic composition of precipitation 246 
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(δP) used either observational data or model results. The isotopic composition of runoff (δR) used 247 

the corresponding local δP value as an approximation. The isotopic composition of evaporation 248 

(δE) is dynamically computed in the model, represented by a simple linear resistance model 249 

approach35.  250 

The abiotic carbon tracers were included in POP2 following the Ocean Carbon Modeling 251 

Intercomparison Project protocol31,36. This module considers the solubility pump, by which CO2 252 

is transferred from air to sea by gas exchange as Dissolved Inorganic Carbon (DIC, defined as CO2 253 

plus bicarbonate and carbonate ions), as the major pathway of atmospheric CO2 into the ocean. 254 

The error by ignoring the biological pump is about 10%37, because the biological processes affect 255 

14C and 12C compounds in the same manner. A detailed description of the implementation can be 256 

found in Jahn et al.31. 257 

 258 

The LGM spin-up and the deglacial transient simulation of iPOP2. The isotope-enabled POP2 259 

was first spun up under LGM conditions (hereafter referred to as the iLGMspin experiment) for 260 

6900 years, with physical spin-up of 900 years and tracer spin-up of 6000 years. The ocean 261 

temperature and salinity were initialized from the LGM climatology of TRACE2116,21. The 262 

momentum boundary condition used the monthly momentum fluxes (τx and τy) of TRACE21 263 

directly. The heat and freshwater boundary condition adopted a new method, hybrid boundary 264 

condition, which was a combination of both flux forcing and surface restoring forcing. In this 265 

method, the heat and freshwater fluxes were applied to temperature and salinity fields, with a 266 

strong restoring to the TRACE21 surface values applied to both fields at the same time. This 267 

allowed more realistic fluxes at the ocean surface and prevented unrealistic feedbacks, especially 268 

for the temperature field. The restoring was applied only to the first layer of 10 m, and the restoring 269 
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time was 10 days and 30 days for temperature and salinity, respectively. The restoring time was 270 

set to be longer for salinity to provide a larger deviation at surface, allowing the model to adjust 271 

itself to a reasonably stable state38. 272 

The hybrid boundary condition of this 900-yr physical spin-up used monthly history files 273 

for 22.0–21.1 ka of TRACE21. In the following 6000-yr tracer spin-up, the hybrid boundary 274 

condition used the 22.0–20.0 ka historical files of TRACE21, and looped the 2000-yr data for three 275 

times. In the subsequent deglacial transient simulation of the iPOP2 (hereafter referred to as the 276 

iPOP2-TRACE experiment), the surface variables used in the hybrid boundary condition were 277 

taken from TRACE21 every month at the corresponding time.  278 

The water δ18O was initialized at zero at the beginning of iLGMspin. The boundary 279 

condition for δ18O was taken from 24 isoCAM3 paleoclimate snapshot simulations during the last 280 

21,000 years39. The isotopic snapshot simulations used the physical setups the same as in the 281 

TRACE21 simulation. 22 of them were 1000 years apart from 21 ka to present, and two additional 282 

were at the B-A and Younger Dryas when climate changed abruptly. Each snapshot experiment 283 

was forced by the same external forcing as for TRACE21 and had a length of 50 years. The mean 284 

of the last 30 years was used in the iPOP2-TRACE simulation. Since the hybrid boundary 285 

condition was applied for the ocean surface salinity, an artificial freshwater flux corresponding to 286 

the restoring term was introduced to the ocean. In terms of δ18O surface flux, we considered no 287 

fractionation effect related to this artificial flux, but only its dilution effect. That was, the 288 

freshwater flux corresponding to the restoring term was only included in the virtual flux (the first 289 

term of Eq. 1). Starting from 19 ka, additional meltwater fluxes were added to the ocean model, 290 

mimicking the meltwater discharges into the surface ocean (specific volume and locations at each 291 

period are described in He21). In the Northern Hemisphere, the isotopic composition of meltwater 292 
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is prescribed by its characteristic glacial value of −31‰40. In the Southern Hemisphere, meltwater 293 

discharge was prescribed to the Ross Sea and the Weddell Sea starting from 14.35 ka, and an 294 

isotopic value of −38‰ was assigned to it. This value was determined based on the 14 ka δ18O 295 

values of close-to-shore TALDICE41 and Taylor Dome42 ice cores.  296 

In iLGMspin, the abiotic Δ14C was initialized from its modern values of a 6000-yr iPOP2 297 

modern simulation31, before being spun-up for another 6000 years with the other tracers for LGM 298 

conditions. In iPOP2-TRACE, the atmospheric CO2 and Δ14C values were prescribed as the 299 

boundary condition for the radiocarbon module. The atmospheric CO2 concentration was fixed at 300 

185 ppm for iLGMspin, then ramped following the reconstruction curve used in Joos and Spahni43, 301 

the same as what was used in TRACE21. The atmospheric Δ14C was fixed at 450‰ for iLGMspin, 302 

then gradually decreased following the IntCal09 reconstruction44. 303 

 304 

Computing δ18Oc from seawater δ18Ow and temperature. Precise interpretation of the δ18Oc 305 

record requires separating the two independent components (seawater δ18Ow and temperature). It 306 

remains a challenge in proxy reconstruction but is easy to achieve in modeling, since transient 307 

evolutions of the two components at available core locations are simulated directly in the iPOP2-308 

TRACE experiment. For shallow locations where temperatures are above 5°C, benthic δ18Oc are 309 

estimated by the following formula45 310 

 𝛿12Oc(PDB) = 𝛿12Ow(SMOW) − 310.6 + 10𝑇 + 21.9 − 0.27 
(2) 

where T is the water temperature in °C, and 0.27 is the conversion factor between the PDB standard 311 

and the SMOW standard46. While for deep locations where temperature are below 5°C, the δ18Oc 312 

is more linearly depend on temperature. Therefore benthic δ18Oc are estimated by a different 313 

formula23,45 314 
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 𝛿12Oc(PDB) = 𝛿12Ow(SMOW) − 0.27 +
16.9 − 𝑇

4  (3) 

In this way, the time series of benthic δ18Oc and its two components (δ18Ow and temperature) can 315 

be explored separately. 316 

 317 

Understanding the δ18Oc early post-glacial (22-19ka) increase. The early post-glacial 318 

increasing trend of δ18Oc is caused by the increase of water δ18Ow (Fig. 1e), since the water 319 

temperature remained unchanged during this period (Fig. 1f). When land ice sheets reached their 320 

maximum expansion at the LGM, light water isotopes stopped accumulating on land in the form 321 

of ice, resulting in maximum δ18Ow enrichment in the ocean. The enrichment is not simultaneous 322 

throughout the global ocean but peaks sequentially from the top to bottom layers and across 323 

different ocean basins well beyond the LGM47,5 (Supplementary Fig. 6), due to the long 324 

overturning time-scale from ~1500 yr in the Atlantic to more than 3000 yr in the Pacific.  325 

 326 

Transient tracer simulations with circulation fixed at 19 ka (iPOP2-19ka) and present 327 

(iPOP2-0ka). To gain a deeper understanding of the impact of circulation on the deglacial water 328 

isotope distribution, we would need to separate the circulation effect from other surface flux 329 

changes of water isotopes. This was achieved by two sensitivity experiments. One was iPOP2-330 

19ka, which simulated the water isotope tracers with transient surface forcing, but held the AMOC 331 

at the 19 ka level. To maintain the 19 ka AMOC, the hybrid boundary condition of physical 332 

environment used 1,000 years of monthly historical files of 20.0–19.0 ka of TRACE21, and looped 333 

the 1,000-yr data until reaching 16 ka. The other experiment iPOP2-0ka was similar as iPOP2-334 

19ka, but with a modern AMOC. Its modern AMOC was maintained by forcing the iPOP2 with 335 

the interannual forcing (IAF) from the CLIVAR Working Group on Ocean Model Development 336 



 21 

(WGOMD) Coordinated Ocean-ice Reference Experiments (CORE), which is referred as CORE-337 

IAF.v248. In both experiments, the water isotope tracer boundary condition was taken from the 338 

monthly output of tracer fluxes in iPOP2-TRACE. The use of the tracer boundary condition of 339 

iPOP2-TRACE assured that the tracer flux through the surface in iPOP2-19ka was exactly the 340 

same, but followed a different circulation pattern after entering the ocean interior. 341 

When the strength of AMOC is held at its 19 ka level of ~15 Sv (Sv ≡ 106 m3 s-1; 342 

Supplementary Fig. 1a) in iPOP2-19ka, the low-18O signal is no longer able to accumulate in the 343 

upper NA during HS1 as in iPOP2-TRACE (Fig. 3e). Instead, that signal is better distributed in 344 

the whole Atlantic and even to the Pacific and Indian Ocean (Supplementary Fig. 9b). This 345 

distribution pattern confirms that the slowdown of AMOC is indeed the cause of the accumulation 346 

of 18O-depleted water in the upper layers of the NA in iPOP2-TRACE.  347 

It is also noted that the tongue of the southward expansion of the 18O-depleted water is 348 

confined above 3000 m in iPOP2-19ka (Supplementary Fig. 9b), even with a strong and fully 349 

functional AMOC. This is because the NADW is confined above the thick abyssal layer of AABW 350 

at 19ka, and cannot deepen (Supplementary Fig. 2d). In contrast, the expansion of the low-18O 351 

tongue in iPOP2-0ka reaches as deep as 4000 m in the NA (Supplementary Fig. 9c), consistent 352 

with its deep expanded NADW at 4000 m level (Supplementary Fig. 2b). This confirms that the 353 

water isotope tracer distribution below the ocean upper layers is mostly determined by the 354 

circulation pattern, namely the AMOC structure. 355 

 356 

Sensitivity tracers δ18Ow–MWF and δ18Ow–Hydro. The δ18O surface flux forcing (eq. 1) can be 357 

grouped into two parts; meltwater forcing (M), which is also known as the volume effect, and 358 

hydrographic forcing, which includes evaporation (E), precipitation (P), and river runoff (R). To 359 
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explore the relative contributions of the two parts during the early deglaciation, we implemented 360 

two sensitivity tracers in the iPOP2-TRACE simulation after 19 ka. One was δ18Ow–MWF, which 361 

followed the transient meltwater forcing, but its hydrographic forcing was kept as in 19 ka. The 362 

other was δ18Ow–Hydro, which followed the transient hydrographic forcing with no meltwater 363 

forcing.  364 

The evolution of δ18Ow–MWF indicates that the volume effect is the major cause of the 365 

δ18Ow depletion at both core locations, and itself would result in a greater magnitude and a mild 366 

lead of the depletion of the northern core (Supplementary Fig. 8b). However, δ18Ow–Hydro 367 

indicates the hydrographic forcing causes an enrichment of the northern core and does not impact 368 

the southern core much, therefore opposing the volume effect (Supplementary Fig. 8c). The 369 

relative contributions can be seen clearly in the Atlantic zonal mean changes of the two sensitivity 370 

tracers. The δ18Ow–MWF highly represents the pattern of δ18Ow changes, but with a slight greater 371 

magnitude (Supplementary Fig. 9d). The δ18Ow–Hydro exhibits enrichment over the whole basin 372 

with greatest magnitude at 0–30°N near surface (Supplementary Fig. 9e), because of a small 373 

isotopic fractionation factor (liquid to vapor) in evaporation at a warming scenario. 374 

 375 

The timing of the meltwater pulse 1A. One feature of the SO δ18Oc record is the sharp decrease 376 

at the HS1/B-A boundary (Fig. 1d). The same sharp δ18Oc decrease is simulated by our model, but 377 

apparently lags the reconstruction. The lag of the model occurs because the meltwater over the SO 378 

mimicking the meltwater pulse 1A (MWP-1A) was prescribed after the Bølling warming event16,21. 379 

As the chronology and origin of the MWP-1A and its temporal relationship with the Bølling 380 

warming all remain debatable49, the sharp and lagged δ18Oc decrease in our simulation suggests 381 
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the timing of the MWP-1A should be no later than the Bølling warming50,51, and a significant 382 

portion of the meltwater should originate from the Antarctic Ice Sheet52. 383 

 384 

The compensation effect of seawater δ18Ow and temperature at the start of B-A. Indeed, the 385 

deep temperature response also played an interesting role in the muted response of δ18Oc in the 386 

subsequent B-A warming (~14.67 to 14.35 ka). During this period, the northern-sourced water 387 

formation was reactivated dramatically16,21, as shown in consistent sharp evolution of multiple 388 

geotracers in both reconstruction and the model (Fig. 1). There was, however, little change in δ18Oc 389 

in the deep NA, because the low δ18Ow water brought by the NADW from the surface was 390 

compensated by the accompanying surface cooling that was also brought to the depth (Fig. 1d to 391 

f). 392 

Such compensation effect is more obvious at NA intermediate core locations during this 393 

time interval. Both δ18Oc at core locations NA87-22 (55.5°N, 2161 m)53,54 and MD95-2037 394 

(37.1°N, 2156 m)55,56 reached their plateau after the fast HS1 decreases (Supplementary Fig. 10b 395 

and c). A decomposition of the water isotope component and temperature component clearly 396 

shows that both components contributed to the δ18Oc HS1 decreases, but compensated with each 397 

other at the start of B-A (Supplementary Fig. 10f and g). When the AMOC recovered at the start 398 

of B-A, δ18Ow experienced a sudden decrease since 18O-depleted water was brought from the high 399 

latitudes, while temperature experienced a sudden drop since the cold anomaly was brought from 400 

the surface. After the impulses of anomalous δ18Ow and temperature passed by, the two 401 

components returned to their pre-B-A condition (with a mild overshooting of δ18Ow), leading to a 402 

small increase of the δ18Oc. 403 

 404 
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Tracer budget analysis. The deep ocean δ18Ow and heat budget analysis is based on the tracer 405 

transport equation 406 

 𝜕𝑇
𝜕𝑡 = −𝑢

𝜕𝑇
𝜕𝑥 − 𝑣

𝜕𝑇
𝜕𝑦 − 𝑤

𝜕𝑇
𝜕𝑧 +𝑀H 𝑇 +𝑀V(𝑇) (4) 

where the tracer tendency is influenced by, from left to right, zonal advection, meridional 407 

advection, vertical advection, horizontal mixing, and vertical mixing. The three advection terms 408 

together are called mean advection, which represents the advective fluxes due to the resolved mean 409 

flow, is estimated by a second-order centered discretization form based on the mean velocity. 410 

Vertical mixing, also referred to as diapycnal mixing, is given by 411 

 𝑀V 𝑇 = 𝛿F(𝜅𝛿F𝑇) (5) 

where κ is the diapycnal mixing coefficient and is spatially variant. This term is estimated by a 412 

finite-difference discretization form based on κ. Horizontal mixing is computed by Gent-413 

McWilliams parameterization57 in the model, which includes along-isopycnal mixing and eddy-414 

induced advection. Since it is not a standard output and there is no off-line scheme to directly 415 

estimate it, we use the residual term to represent the horizontal mixing 416 

 𝑀H 𝑇 =
𝜕𝑇
𝜕𝑡 + 𝑢

𝜕𝑇
𝜕𝑥 + 𝑣

𝜕𝑇
𝜕𝑦 + 𝑤

𝜕𝑇
𝜕𝑧 −𝑀V(𝑇) (6) 

It is a good representation in the deep ocean where high-frequency noises are small. All estimates 417 

are based on the decadal mean outputs. 418 

The tracer budget analysis was performed at two deep Atlantic regions: i) 30-40°N, 30°W 419 

to eastern coast of NA at the 3133 m layer, which includes the MD99-2334K core location, and ii) 420 

36-46°S of Atlantic at the 3628 m layer, which includes the MD07-3076Q core location 421 

(Supplementary Fig. 11a). The dominant terms of δ18Ow balance change from horizontal advection 422 

terms during the LGM, to diapycnal mixing and upwelling during HS1, but the sign of mixing and 423 
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upwelling reverses in the transition (Supplementary Fig. 11b). This occurs because the surface 424 

meltwater is so 18O-depleted that the vertical gradient of δ18Ow is reversed from top enrichment to 425 

top depletion from the LGM to HS1 (Fig. 3a and c). This is different from temperature whose 426 

vertical gradient always remains stable for the whole water column due to convective stability 427 

requirement, except for at the very thin top layer (where cooling is compensated by extremely 428 

fresh water; Fig. 3b and d). Therefore, the surface source of depleted δ18Ow is mostly confined at 429 

top layers and diluted downward slowly by reduced NADW and mixing, leaving only a modest 430 

depletion in the deep NA. 431 

The heat budget analysis, instead, shows that the temperature field involves dynamic 432 

response, which is much more efficient than the passive tracer response of δ18Ow and is able to 433 

heat the deep NA more directly. In the deep NA, the dominant balance changes from between 434 

zonal advection and meridional advection during the LGM, to between vertical diapycnal mixing 435 

and vertical advection (upwelling) during HS1 (Supplementary Fig. 12b). The vertical diapycnal 436 

mixing brings heat from intermediate depth to the deep ocean, and overwhelms the cooling effect 437 

of upwelling, causing this region to warm during HS1. The intermediate warming center at 1500 438 

m in the NA results from 1) the cessation of deep convection which used to bring warm water up 439 

to surface, 2) protection by the meltwater at surface from intense atmospheric cooling, and 3) 440 

continuous heat transport from tropics and subtropics30. The NA warming center was 1000 m 441 

deeper than the warming center in the South Atlantic (Fig. 3f). It is therefore more efficient for the 442 

diapycnal mixing to bring the warmth down in the NA than in the South Atlantic, causing strong 443 

warming in the north and weak warming in the south. 444 

The heat budget at the SO region, instead, features a strong horizontal mixing during the 445 

LGM (Supplementary Fig. 12c). The dominant component of the horizontal mixing is the eddy-446 
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induced advection, since this region is the mean temperature front where isotherms are strongly 447 

tilted. During HS1, the cooling effect of the northward advection decreases due to a reduced 448 

AABW formation, tending to leave this region warm. However, the mean advection/eddy 449 

advection balance is so strong that this tendency is mostly canceled by the enhanced cold eddy 450 

advection. Therefore, the deep temperature change to the south of the mean temperature front is 451 

small. 452 

 453 

Other model-data comparisons on the Atlantic deglacial δ18Oc.  We made a model-data 454 

comparison for a δ18Oc transect near the Brazil Margin in the South Atlantic4 below 1000 m 455 

(Supplementary Fig. 4; core information is in Supplementary Table 1). The model successfully 456 

reproduces the Hovmoller diagram of the observed deglacial δ18Oc evolution with respect to both 457 

pattern and magnitude. Both the observations and model show that δ18Oc of upper depths (above 458 

2500 m) started to decrease at 18 ka, but that of lower depths (below 2500 m) remained unchanged 459 

until about 15 ka. Therefore, the upper-depth depletion led the lower-depth depletion by about 460 

3000 years. Lund et al.4 attribute the late lower-depth δ18Oc changes to the late onset of the deep 461 

water δ18Ow decrease. However, our model shows that the δ18Ow at 28°S decreased with similar 462 

magnitudes at each level during HS1 (Fig. 3e). Instead, the warming at 28°S was uneven, with 463 

much larger warming at upper depths and smaller warming at lower depths (Fig. 3f). A heat budget 464 

analysis performed at this location (not shown here) suggests that diapycnal mixing brought the 465 

heat at upper levels down, forming an increased vertical temperature gradient. 466 

We also compare the model simulated δ18Oc with four regional benthic δ18Oc stacks in the 467 

Atlantic, each with independent radiocarbon age models47 (Supplementary Fig. 5a). The four 468 

regional stacks sampled cores at intermediate (1000–2000 m) and deep (below 2000 m) sites in 469 
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both the NA and SA. By defining the termination onset as the first δ18Oc point that is at least 0.1‰ 470 

lighter than the maximum δ18Oc value47, the model δ18Oc indicates an earlier termination onset age 471 

at the intermediate depth than in the deep ocean, which is consistent with what the observed stacks 472 

indicate. However, there are two notable differences between the model and the observed stacks. 473 

First, the decreases of the intermediate stacks are much greater than those of the deep ones in the 474 

model, whereas this difference in magnitude is small in the observations. Second, the model 475 

identifies a later termination onset and a smaller decrease during HS1 in the deep SA stack than in 476 

the deep NA, which is not found in the observations. Some of the differences may reflect 477 

assumptions used in constructing the radiocarbon age models of the stacks, particularly the 478 

assumption of a constant reservoir age.   479 

Based on the model-data consistencies at single core sites instead of stacks, we confirm the 480 

recent realization that the use of δ18Oc as a stratigraphic tool is problematic4,5, since the timing of 481 

δ18Oc changes across a range of depths varies by hundreds or even thousands of years 482 

(Supplementary Fig. 5b). This asynchrony also implies that correcting deep δ18Oc records for 483 

changes in global ice volume by using a global/regional δ18Oc stack47,58,59 is likely inaccurate, as 484 

the meltwater-induced δ18Ow signals and local temperature changes are highly location dependent. 485 

Accurate interpretation of the δ18Oc records therefore requires benthic foraminiferal records paired 486 

with temperature proxies, independent age models, and independent evidence from modeling 487 

efforts. 488 

 489 

Data Availability. The sources of the observed data are listed in the Supplementary Table 1. The 490 

model data are stored on the High Performance Storage System at NCAR. 491 

  492 
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 493 
 494 
Supplementary Figure 1 | Changes of AMOC strength in the iPOP2-TRACE and TRACE21 495 
simulations. a, iPOP2-TRACE (green) AMOC strength of the upper cell compare with that of 496 
TRACE21 (black). b, Same as (a), but for the AMOC abyssal cell, which is defined as the 497 
minimum AMOC transport in the Southern Atlantic below 2000 m. Negative values indicate 498 
counterclockwise circulation. 499 
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 500 
 501 
Supplementary Figure 2 | Global (left) and Atlantic (right) total circulation at (a-b) modern, 502 
(c-d) glacial at 19 ka, (e-f) HS1 at 16 ka, and (g-h) B-A at 14.35 ka. Total circulation is defined 503 
as the sum of the Euler mean circulation and the circulation caused by meso-scale eddies 504 
(submeso-scale eddies are ignored since they are small and concentrated at surface layers). Total 505 
circulation is directly related to tracer transport. 506 

  507 
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 508 
 509 
Supplementary Figure 3 | Correlation between measured benthic δ18Oc changes and model 510 
outputs from grid cells closest to core locations. The geographic locations of the 28 Atlantic 511 
cores are shown in Fig. 2 and listed in Supplementary Table 1. The black dash and solid lines are 512 
regressions with and without the two cores of large δ18Oc decreases (the two dots in the upper right 513 
corner). In both cases, high correlations (0.87 and 0.71) are found between the model and 514 
observation.   515 



 31 

 516 
 517 
Supplementary Figure 4 | Model-data comparisons for δ18Oc transect near the Brazil Margin 518 
in the South Atlantic. a, Hovmöller diagram of δ18Oc anomalies for the 10-20 kyr B.P. time 519 
interval. Anomalies are the stable isotope value at each water depth minus the mean LGM value 520 
(19-23 kyr B.P.) at that depth. Figure is from Fig. 8 of Lund et al.4. b, Model hovmöller diagram 521 
at the same location as in (a). The model results reproduce the proxies both in pattern and 522 
magnitude. Both show upper depths δ18Oc started to decrease much earlier than lower depths. 523 
 524 
  525 
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 526 
 527 
Supplementary Figure 5 | δ18Oc indicated termination onset age. a, Model δ18Oc compares 528 
with Atlantic regional benthic δ18Oc stacks47 for the last deglaciation. The lines with error bars 529 
are the stacks at four regions, indicated by different colors and noted in the figure (from Fig. 5 of 530 
Stern et al.47). Error bars show the 95% age uncertainty and ±1 standard error for stacked δ18Oc 531 
values. Solid lines are the model results, sampling at the same core cites as the stacks do. b, 532 
Model simulated age (kyr B.P.) of the termination onset, which is defined as the first δ18Oc point 533 
that is at least 0.1‰ lighter than the maximum δ18Oc value47. Dash lines indicate the four regions 534 
as defined in (a).  535 
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 536 
 537 
Supplementary Figure 6 | Zonally averaged timing of maximum δ18Oc at (a) Atlantic, (b) 538 
Pacific, and (c) Indian Ocean basins. Maximum values are generally reached first at upper ocean 539 
layers, then at intermediate and deep ocean. The deep North Pacific is found to be the region which 540 
reached its local maximum δ18Oc latest (after 18.6 ka). 541 
  542 
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 543 
 544 

Supplementary Figure 7 | Similar as Figure 3, but for salinity (left), potential density 545 
(middle) and radiocarbon benthic-planktonic age offset (right). 546 
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 547 
 548 
Supplementary Figure 8 | Standard δ18Ow and two sensitivity tracers at the two deep Atlantic 549 
core sites. a, Simulated δ18Ow at Iberian Margin (MD99-2334K, green) and Southern Ocean 550 
(MD07-3076Q, pink) sites as in Fig. 1e. b, Sensitivity tracer δ18O-MWF, which is forced by the 551 
transient meltwater δ18O forcing and fixed surface hydrographic forcing of 19 ka. c, Sensitivity 552 
tracer δ18O-Hydro, which is forced by the transient surface hydrographic forcing and no meltwater 553 
δ18O forcing. 554 
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 555 
 556 
Supplementary Figure 9 | Atlantic zonally averaged δ18Ow changes in the standard and 557 
sensitivity experiments. a-c, Standard experiment iPOP2-TRACE (a), as in Fig. 3e, sensitivity 558 
experiment iPOP2-19ka (b), and sensitivity experiment iPOP2-0ka (c). Atlantic zonally averaged 559 
changes are also shown for two sensitivity tracers δ18O-MWF (d) and δ18O-Hydro (e) in the control 560 
experiment. Refer to Methods for experiment and tracer details. All the changes were computed 561 
as the differences between 16 ka and 19 ka in each experiment. 562 
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 563 
 564 
Supplementary Figure 10 | Model-data comparison for mid-depth δ18Oc records. a-d, 565 
Norwegian Sea and North Atlantic benthic δ18Oc records from the 1000-2200 m depth range, and 566 
model δ18Oc (black) at the corresponding sites. Complete references for the isotopic measurements 567 
and age models of the δ18Oc records are summarized in Waelbroeck et al.5. e-h, Simulated water 568 
δ18Ow (blue) and temperature (red) at each site as indicated on the left panel. 569 
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 570 
 571 
Supplementary Figure 11 | δ18Ow tracer budget analysis at selected deep Atlantic regions. a, 572 
δ18Ow changes (colors) at 3133 m in the North Atlantic and 3628 m in the South Atlantic 573 
between 16 ka and 19 ka. Vectors are horizontal mean flow at 16 ka. Two black boxes indicate 574 
the regions where tracer budget analysis is performed. b-c, Time series of area averaged 575 
tendency terms in each box region. Details of each term can be found in Methods. 576 
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 577 
 578 

Supplementary Figure 12 | Same as Supplementary Fig. 11, but for heat budget analysis. 579 
Vectors in (a) are horizontal mean flow at 19 ka.  580 
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 581 
 582 
Supplementary Figure 13 | Breakdown of the three mean advection terms of Supplementary 583 
Figure 12 into (a) mean velocities and (b) temperature gradients. Zonal, meridional, and vertical 584 
directions are represented by green, purple and blue. The vertical velocity in (a) and two 585 
horizontal temperature gradients in (b) are enlarged by 1000 times in order for comparison. The 586 
vertical velocity does not change much as the horizontal velocities do after 19 ka. Instead, the 587 
vertical temperature gradient has a marked increase.  588 
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Supplementary Table 1 589 

List of benthic δ18Oc cores used in Fig. 2. All cores are below 1000 m depth and have dated data 590 

during both the glacial period (20.0-19.0 ka) and late HS1 (16.0-15.0 ka). 591 

 592 

Core Latitude Longitude Depth (m) 
MD95-201060 66.68 -4.57 1226 
ENAM93-2161,62 62.74 -4 1020 
EW9302-24GGC3 61.76 -21.67 1629 
NA87-2253,54  55.5 -14.7 2161 
EW9302-2JPC63 48.8 -45.08 1251 
MD99-2334K6,27 37.8 -10.17 3146 
MD95-203755,56  37.09 -32.03 2159 
MD99-233964 35.89 -7.53 1177 
GeoB7920-265,66 20.75 -18.58 2278 
GIK13289-267 18.07 -18.01 2485 
GeoB9508-568 14.5 -17.95 2384 
M35003-469–71 12.09 -61.24 1299 
EW9209-1JPC72,73 5.91 -44.2 4056 
GeoB171174,75 -23.32 12.38 1967 
KNR159-5-90GGC4,25 -27.35 -46.63 1105 
KNR159-5-36GGC25,76 -27.27 -46.47 1268 
KNR159-5-17JPC77 -27.7 -46.49 1627 
KNR159-5-78GGC77 -27.48 -46.33 1829 
KNR159-5-33GGC77 -27.56 -46.19 2082 
KNR159-5-42JPC25,78 -27.76 -46.63 2296 
KNR159-5-73GGC3 -27.89 -46.04 2397 
KNR159-5-30GGC77 -28.13 -46.07 2500 
KNR159-5-63GGC4 -27.7 -46.5 2732 
KNR159-5-20JPC4 -28.64 -45.54 2951 
KNR159-5-125GGC78 -29.53 -45.08 3589 
KNR159-5-22GGC78 -29.78 -43.58 3924 
GeoB1720-279 -29 13.84 1997 
MD07-3076Q2,5 -44.07 -14.21 3770 

  593 
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