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ABSTRACT 
 
 
 
 
 
 
The influence of the meridional overturning circulation on tropical Atlantic climate and variability has 

been investigated using the atmosphere-ocean coupled model Speedy-MICOM. In the ocean model 

MICOM the strength of the meridional overturning cell can be regulated by specifying the lateral 

boundary conditions. In case of a collapse of the basin-wide meridional overturning cell the SST 

response in the Atlantic is characterized by a dipole with a cooling in the North Atlantic and a warming 

in the tropical and South Atlantic. The cooling in the North Atlantic is due to the decrease in the 

strength of the western boundary currents which reduces the northward advection of heat. The warming 

in the tropical Atlantic is caused by a reduced ventilation of water originating from the South Atlantic. 

This effect is most prominent in the eastern tropical Atlantic during boreal summer when then the 

mixed layer attains its minimum depth. As a consequence the seasonal cycle as well as the interannual 

variability in SST are reduced. The characteristics of the cold tongue mode are changed: The variability 

in the eastern equatorial region is strongly reduced and the largest variability is now in the Benguela 

region. The gradient mode remains unaltered. The warming of the tropical Atlantic enhances and shifts 

the Hadley circulation. Together with the cooling in the North Atlantic, this increases the strength of 

the subtropical jet and the baroclincity over the North Atlantic. 
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1. Introduction 

 Recent modeling studies with coupled climate models suggest that major changes in the strength of 

the thermohaline circulation (THC) significantly affect the atmospheric and oceanic circulation on a 

global scale. Vellinga and Wood (2002) and Dahl et al. (2005) found that a weakened THC results in 

dipole response over the Atlantic, with a cooling in the North Atlantic and a warming in the tropical 

and South Atlantic. Similar results were found by Zhang and Delworth (2005), together with a 

significant El-Niño like response in the tropical Pacific and a southward shift of the intertropical 

convergence zone (ITCZ) over the Atlantic and Pacific. A recent intercomparison of  14 models 

ranging from  earth system models of intermediate complexity (EMIC) to fully coupled atmosphere-

ocean circulation models by Stouffer et al. (2006) revealed the robustness of certain aspects of the 

response by a collapse of the THC, like the dipole response in SST and the southward shift of the 

ITCZ. These results appear to be corroborated by paleo-records (Stott et. al. 2002; Peterson et al. 

2000). 

 Because the seasonal cycle and the interannual variability are strongly linked to the climatological 

mean state, it is expected that they also will be affected by a weakened THC. The changes in the 

seasonal cycle and interannual variability might be profound and exceed the changes in the mean state. 

The interannual variability in the tropical Atlantic is dominated by two modes of variability: the cold 

tongue mode and the gradient mode (Hastenrath 1978; Ruiz-Barradas et al. 2000). The physical 

mechanism of the cold tongue mode appears to be similar to the El-Niño mode in the Pacific ocean. 

Both modes are being caused by the "Bjerknes-Feedback", with a crucial role for the ocean dynamics 
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(Zebiak 1993; Keenlyside and Latif 2007; Carton and Huang 1994). The Atlantic cold tongue mode is 

tight to the seasonal cycle and attains its maximum amplitude during the boreal summer, when the 

West African Monsoon drives shoaling of the mixed layer in the eastern tropical Atlantic. The gradient 

mode is driven by changes in the trade winds which are related to variability in the North Atlantic 

Oscillation (NAO) and amplified by the wind evaporation (WES) feedback (Czaja et al. 2002; 

Breugem et al. 2007a; Xie 1999). It is strongly tight to the seasonal cycle of the ITCZ. These modes of 

variability have a large impact on rainfall in west Africa and North-East Brazil. A comprehensive 

overview of tropical Atlantic variability has been given by Xie and Carton (2004). 

 Here, we analyze the response of tropical Atlantic climate and variability in a global atmosphere 

model coupled to an ocean model of the Atlantic basin. The model Speedy-MICOM simulates tropical 

Atlantic variability realistically (Hazeleger and Haarsma 2005) (HH2005). By perturbing the lateral 

boundary conditions in the ocean we can mimic an MOC collapse. The results will be discussed in 

relation to past changes in MOC and ITCZ and to future changes when the MOC is expected to 

decrease (Gregory et al 2005). Since state-of-the-art coupled models do not simulate realistic tropical 

Atlantic variability (Breugem et al. 2007b), this regionally coupled model can give insight in the 

response of the tropical Atlantic variability to changes in the future. 

 In section 2 we will describe the model and the set-up of the experiments. The results are presented 

in section 3, followed by a discussion and conclusions in section 4. 

 

 

2.  Speedy-MICOM 

The coupled Speedy-MICOM model (Hazeleger et al. 2003) is the same as used in HH2005 and will 

only briefly described here. It consists of an atmospheric primitive equation model (Speedy) with a 

vertical resolution of seven layers and a triangular spectral truncation at total wavenumber 30 (T30). 
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The model has simplified physics which makes it computationally inexpensive. A five layer version is 

described in detail by Molteni (2003). The ocean component consists of the Miami Isopycnic 

Coordinate Ocean Model (MICOM version 2.7, Bleck et al. 1992). The model uses potential density as 

vertical coordinate. It is configurated at 22 layers and has a horizontal resolution of 1 degree. The 

MICOM model is configurated for the Atlantic basin from 45o S to 60o N. Restoring boundary 

conditions of the thermodynamic properties are applied at the northern and southern lateral boundaries. 

Outside the Atlantic basin and over land climatological surface temperature is prescribed. In HH2005 it 

is shown that for present conditions Speedy-MICOM reproduces well the tropical Atlantic climatology 

including the east-west tilt of the thermocline along the equator. For most of the tropical Atlantic the 

error in SST is less than 2o C. As a result Speedy-MICOM simulates realistically the tropical Atlantic 

variability including the gradient mode and the cold tongue mode. Figure 1 repeats from HH2005 the 

structures of the cold tongue mode and the gradient mode. They compare well with the modes as 

analyzed by Ruiz-Barradas et al. (2000). The main deficiency of the cold tongue mode is that is located 

about 10 degrees too far to the east. The dynamics of these modes appears to be similar to what is 

known from observations. The main heat balance for the cold tongue mode is forcing by vertical 

entrainment and damping by latent heat flux (Hazeleger 2007 in preparation). The atmospheric 

response includes a “Bjerknes” feedback as indicated by the wind stress in Fig. 1a. The gradient mode 

is forced by latent heat flux resulting from variations in the trade winds. It is amplified by the WES 

feedback (Breugem et al. 2007a).  

With Speedy-MICOM we have performed two runs: A control run (CONTR) representing 

present day conditions and a run in which the THC is strongly reduced (NO-THC). For the control run 

the lateral boundaries are taken from Levitus et al. (1998).  The control run is the same as discussed in 

HH2005 and in Haarsma and Hazeleger (2007) (HH2007). For the NO-THC run the lateral boundaries 

are obtained from a global MICOM run with the same resolution and parameterizations that was forced 
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with CORE surface fluxes (Large and Yeager 2004). Despite realistic atmospheric forcing this run is 

characterized by a collapsed THC due to insufficient deep-water formation in the North Atlantic. Most 

of the ocean-ice models forced by the CORE fluxes show a THC collapse, which is probably due to too 

high freshwater fluxes in the Arctic (Griffies, Personal communication). Although this run suffers from 

the inability to simulate a THC in accordance with the observations, it serves our goal to provide 

boundaries for a run with a reduced THC. Outside the Atlantic MICOM basin the SST are prescribed 

using present day climatology. Although a collapse of the THC will have a global impact affecting the 

SSTs outside the Atlantic, this set-up allows us to investigate the local processes over the Atlantic.  

The boundary conditions for temperature and salinity for the CONTROL and NO-THC run are 

shown in Fig. 2. Compared to the CONTROL run, for the NO-THC run at the northern boundary there 

is a cooling at all depths ranging from about 1 oC at the surface to about 2 oC in the deep ocean. The 

southern boundary shows a small warming of 0.5 oC at the surface and a similar cooling of 2 oC in the 

deep ocean. A rather uniform freshening in the order of 0.2 PSU occurs at the northern boundary at all 

depths, whereas the southern boundary shows a freshening at mixed layer, more saline conditions 

below the mixed layer, and freshening again below 1500 m. Figure 2c shows that these changes in T 

and S result for the NO-THC boundaries in a difference in density between the northern and southern 

boundary, which is close to zero over almost the entire column (dashed line). It is therefore expected 

that these new boundaries will not generate a significant THC circulation, in contrast to the boundaries 

in the CONTROL run which induce denser water in the North Atlantic compared to the South Atlantic 

(solid line). The cooling and freshening at the northern boundary is consistent with the decrease in deep 

water formation in the northern seas. The more saline conditions between the mixed layer and 1500 m 

at the southern border reflect the reduction of the inflow of Antarctic intermediate water (AAIW) and 

Sub Antarctic mode water (SAMW). Weijer et al. (1999) estimated the heat and salt fluxes at 30o S and 

their contributions to the overturning circulation. These profiles are characterized by a positive heat 
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flux and a negative salt flux in the upper ocean (their Figs. 1 and 4).  The cooler and more saline 

conditions of the subsurface waters at the southern border in case of no overturning circulation 

therefore agree with Weijer et al. (1999).  

 Starting from the control state the model with the new boundaries was run for 100 years. In the 

following the results averaged over the last 45 years are shown. For this period the atmosphere and the 

upper 1000 m of the ocean are in equilibrium. The deep ocean still shows a trend of about 0.3 oC over 

these last 45 years. This is however much less than the differences between the CONTROL and the 

NO-THC run as will be shown below. 

 

3. Results 

The change in the lateral boundaries strongly modifies the ocean circulation. Fig 3 shows the 

response in the sea surface temperature (SST) and seas surface salinity (SSS) distribution. The changes 

in SST reveals a dipole pattern with a cooling in the North Atlantic and warming in the tropical and 

South Atlantic (Fig. 3a). This pattern is similar to that obtained in other modeling studies (Vellinga and 

Wood 2002; Dahl et al. 2005; Zhang and Delworth 2005). Strong cooling of about 10 oC occurs in the 

north western Atlantic, whereas the tropical Atlantic warms about 1-2 oC. The changes in SSS (Fig. 3b) 

show a similar pattern as the SST changes, with a strong freshening of about 2 PSU in the northern part 

of the North Atlantic and more saline waters in the tropical and south Atlantic. In addition in the North 

Atlantic a subtropical band of more saline waters is seen. The changes in SST will change the 

atmospheric circulation. These changes in the atmospheric circulation will than feed back on the ocean 

circulation due to changes in wind stress and heat and fresh water fluxes. In order to facilitate the 

analysis of the coupled response, we will first discuss in section 3.1 the atmospheric response to the 

changes in SST and next in section 3.2 the changes in the ocean circulation caused by the changed 

lateral boundary conditions and changes in the atmospheric circulation. Finally in section 3.3 we will 
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discuss the implications for the tropical Atlantic variability. 

 

3.1 Atmosphere response  

The warming of the tropical Atlantic enhances the Hadley circulation  over the Atlantic as 

shown in Fig. 4. The increase of the Hadley circulation is most pronounced during boreal summer (Fig. 

4b) when the increase of tropical SSTs is largest. During this season the increase in ω is about 20%. In 

addition to the strengthening there is a southward shift of a few degrees during the boreal summer 

when the Hadley circulation is at its northern most position. The change in strength of the Hadley 

circulation is less during DJF because the changes in SST are less as will be discussed below (see Fig. 

9b). For this season Speedy simulates a northward shift of the Hadley circulation. This might however 

be an artifact of Speedy because it simulates an ITCZ that is located south of the equator during this 

season. This implies that increased equatorial SSTs will shift the ITCZ northward. In observations the 

ITCZ always remains north of the equator. The rainfall changes are shown in Fig. 5 revealing the shift 

and increase in intensity of the ITCZ. The largest changes in rainfall occur during JJA and are in the 

order of 4 mm/day. During this season the ITCZ is shifted southward, whereas it is shifted northward 

during DJF 

Figure 3a shows the increase in the trade winds due to the increase of the Hadley circulation. 

The increase is largest for the north-eastern trade winds. This is due to a southward shift of the Hadley 

circulation. The increase in the north-eastern trade winds induces a WES feedback (Chang et al. 1997) 

with an enhanced cooling over the subtropical North Atlantic as is seen in Fig. 3a. Close to the African 

continent the monsoon winds decrease due to the decrease in the land-sea temperature contrast, 

resulting from the temperature rise in the eastern tropical Atlantic.  In the North Atlantic an anomalous 

anti-cyclonic circulation is seen. This is caused by the anomalous cold SSTs in the north western 

Atlantic, which generate a baroclinic response over the anomaly with a low level anti-cyclonic 
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circulation.  

 

3.2 Ocean Response 

To understand the origins of the SST changes in the mixed layer we analyzed the heat budget. 

Comparing Fig. 6a with Fig. 3a shows that most of the changes in the mixed layer temperature are due 

to changes in the ocean heat transport, whereas the atmosphere opposes these changes. The strong 

cooling in the north-western Atlantic is dominated by changes in horizontal ocean heat transport (Fig. 

6c), caused by the reduction of the western boundary current. For the tropical Atlantic the main 

contribution to the warming in the NO-THC experiment is the reduction of the oceanic cooling due to 

vertical entrainment (Fig. 6b). This results in a strong warming of the mixed layer along the eastern 

part of the equator and in the upwelling zones along the eastern coast. 

 The increase in SSS in the tropics caused by the collapse of the MOC is north of the equator 

counteracted by the enhanced precipitation resulting from the increase in the Hadley circulation. This 

causes the negative SSS anomalies north of the equator in Fig. 3b. The large increase in North Atlantic 

subtropical SSS is due to the reduction of the western boundary current, which increases the residence 

time of surface waters in the subtropics. The strong evaporation in this region increases the SSS. The 

small band of negative SSS anomalies in the south-east north-west direction at 20o N is caused by the 

enhanced north-east trades due to the WES feedback. The enhanced wind speed increases the 

entrainment of colder and fresher water into the mixed layer. 

Changes in SST and SSS can be understood from changes in the meridional overturning 

circulation (MOC) (Fig. 7). The MOC of the CONTROL experiment (Fig. 7a) is about 20 Sv. The 

upwelling in the equatorial region is about 10 Sv, of which 2 Sv is due to the northern subtropical cell 

(STC). The meridional heat transport is about 1 Pw. The values for the meridional overturning and heat 

transport are approximately in agreement with the observations (Trenberth and Caron 2001; Ganachaud 
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and Wunsch 2003). The main deficiency is the absence of a clear zonal mean STC in the South Atlantic 

(Hazeleger and Drijfhout 2006). In the NO-THC experiment the basin-wide MOC is completely 

collapsed due to the vanishing of the meridional density difference in the lateral boundaries and the 

circulation is now dominated by two STCs of 2 and 6 Sv in the South and North Atlantic respectively 

as shown in Fig. 7b. The increase in the STCs is due to the increase in the trade winds caused by the 

enhancement of the Hadley circulation. The stronger increase of the north Atlantic STC is in 

accordance with the enhanced increase of the north easterly trades. The increase in the trade winds also 

results in 10% stronger equatorial under current (EUC), which extends further to the east (not shown). 

The meridional heat transport is strongly reduced to 0.3 Pw (Fig. 7c), implying a northward heat 

transport by the basin-wide MOC of about 0.7 Pw. This compares favorably with the 0.86 Pw of 

Hazeleger and Drijfhout (2006). 

This large change in the Atlantic circulation not only affects the SST and SSS but the 

temperature and salinity distribution in the entire ocean. Figure 8 shows that the warming of the 

tropical Atlantic is confined to the mixed layer. It warms about 1-2 oC and its base deepens about 20m. 

Below the thermocline the tropical ocean is a few degrees cooler. The cooling of the deep ocean is to 

be expected due to the reduction in temperature for the deep ocean in the northern and southern 

boundaries for the NO-THC run compared to those for the CONTROL run and the more stable 

stratification. The collapse of the basin-wide MOC reduces the upwelling of cold water in the 

equatorial Atlantic. The circulation is now dominated by the two STCs and the water that ventilates in 

the equatorial mixed layer is predominantly originating from the subtropics. This results in a rise in 

temperature and salinity and a deepening of the mixed layer. The increase of the trade winds results in 

an enhanced latent heat cooling over most of the tropical Atlantic. The enhanced upwelling due to the 

increase in the STCs gives an additional cooling effect in tropical Atlantic. However the strong 

warming of the tropical Atlantic indicates that these cooling processes are of minor importance.  
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The entrainment in the eastern tropical Atlantic and its reduction display a semi-annual cycle as 

shown in Fig. 9a. The entrainment and its reduction are largest during the boreal summer (JJA). A 

secondary maximum occurs during winter (DJF). During the summer the mixed layer depth attains its 

minimal value due to the strong upwelling caused by the West African Monsoon. Changes in vertical 

entrainment will have then the largest impact on the heat budget of the mixed layer due to its reduced 

heat capacity. During this period the increase in SST, which is then at its lowest value, is largest in the 

order of 2 oC as shown in Fig. 9b.  The change in SST during winter is small. During this period the 

reduction in entrainment is preceded by an increase at the eastern boundary.  

 

3.3 Implications for tropical Atlantic variability 

The changes in the mean state and the seasonal cycle affect the interannual variability in the 

tropical Atlantic. The standard deviation of the monthly mean SST anomalies (Fig. 10) reveals large 

changes with respect to the CONTROL simulation. The largest changes are in the region of the cold 

tongue mode where the standard deviation is reduced from about 0.7 oC to 0.4 oC.  This reduction in the 

variability is caused by the decrease in the variability of the entrainment. The standard deviation in the 

region of the gradient mode is reduced from 0.6 to 0.5 oC, and is also caused by the decrease in the 

variability of the vertical entrainment. The NO-THC experiment not only reduces the mean state and 

seasonal cycle of the vertical entrainment, but also its interannual variability thereby strongly reducing 

the interannual variability in the upwelling regions. This will have profound implications for the modes 

of variability in the tropical Atlantic. 

 

3.3.1 Cold tongue mode  

The variability in the eastern tropical Atlantic is dominated by the cold tongue mode, which is 
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the Atlantic analog of the El-Niño mode. This mode is driven by the ocean due to variations in the 

vertical entrainment and amplified by the “Bjerknes feedback” in the atmosphere. Due to the collapse 

of the basin-wide MOC in the NO-THC experiment, the upwelling of relatively cold MOC water in the 

equatorial mixed layer vanishes, resulting in a deeper thermocline. This causes a reduction of the 

advection of cold water in the mixed layer by the vertical velocity. This reduction weakens the forcing 

of the cold tongue mode mode. The reduction of SST variability is largest in boreal summer in 

agreement with largest reduction of the entrainment in this season. In the South Atlantic the largest 

variability is now found in the Benguela region. The REOF analysis of monthly mean anomalous SST 

shown in Fig. 11a indeed reveals that the dominant mode is now over the Benguela region. The cold 

tongue mode in the CONTROL run has a large seasonal cycle with its maximum amplitude in boreal 

summer, the Benguela mode in the NO-THC run instead has a much weaker seasonal cycle as shown in 

Fig. 11c. The Benguela mode is forced by variations in the upwelling region off the coast of Angola. 

The response of the wind stress, pointing towards the warm anomaly, indicates that this mode is also 

forced by ocean dynamics. However the absence of a clear wind response over the maximum of the 

anomaly at the Benguela region suggests that for this mode the “Bjerknes” feedback does not exists. In 

addition to the ocean forcing there is a positive feedback in the Benguela region with respect to the 

solar radiation, due to the reduction of stratus clouds with rising temperatures (not shown).  

 

3.3.2 Gradient mode 

The gradient mode is forced by variations in the north-east trades (Czaja  et al. 2002; Breugem 

et al. 2007a). Figure 11bd show that this mode of variability remains practically unaltered. The 

variability in SST off the coast of West Africa is reduced due to a reduction in the variability of the 

vertical entrainment. This has, however, no impact on the gradient mode because this mode is 

predominantly forced by variations in the atmospheric heat flux. The changes in the Hadley and extra-
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tropical circulation over the Atlantic are apparently too small to have a significant impact on the 

variability of the north-easterly trade winds in the region of the gradient mode. 

 

4. Conclusions and discussion 

 Using Speedy-MICOM we have investigated the impact of the MOC on tropical Atlantic climate 

and variability. We have done this by analyzing the differences between a CONTROL run forced with 

Levitus et al. (1998)  data at the northern and southern boundary of MICOM and a NO-THC run in 

which these boundaries were replaced by ones that resulted in a collapse of the THC. The SST response 

is characterized by a north-south SST dipole, with cooling in the North Atlantic and warming in the 

tropical and South Atlantic, similar as obtained by for instance by Vellinga and Wood (2002), Dahl et 

al. (2005), Zhang and Delworth (2005), and Stouffer et al. (2006). A heat budget analysis revealed that 

for the tropical Atlantic the warming is mainly due to a reduction of the vertical entrainment of cold 

water in the mixed layer. Due to the collapse of the THC the relatively cold South Atlantic is no longer 

a source region for the water that ventilates in the equatorial mixed layer. Instead the circulation is now 

dominated by the two STCs, consequently the water that ventilates in the equatorial mixed layer now 

predominately originates from the warm subtropics, resulting in a deepening of the thermocline. This 

causes a reduction of the advection of cold water into the mixed layer by the vertical velocity and a 

warming of the equatorial Atlantic. The cooling in the North Atlantic mainly results from a reduction 

of the northward heat transport due to the weakening of the Gulf Stream and the North Atlantic drift.   

 The warming in the eastern tropical Atlantic is largest at the end of the boreal summer when the 

mixed layer depth is minimal due to the West African monsoon. The decrease in the cooling due to the 

reduction of the vertical entrainment has then the largest impact on the mixed layer temperature. This 

reduces the seasonal cycle in the eastern cold tongue region. The warming of the tropical Atlantic 

enhances the Hadley circulation, which is most prominent during the boreal summer.  
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 The warming in the eastern tropical Atlantic and the reduction in the seasonal cycle also affect the 

interannual variability. The structure of the cold tongue mode is strongly modified and now resembles 

more a Benguela mode with its largest loading close to the coast of Angola. The deeper thermocline 

prohibits upwelling of cold water and a “Bjerknes” response in the equatorial Atlantic. It is forced by 

variations in the upwelling in the Benguela region. The gradient mode, which is forced by changes in 

the trade winds, remains largely unaffected in the NO-THC run. 

In HH2007 it was shown that during the warm phase of the cold tongue mode the jet over the 

North Atlantic is enhanced and shifted equator ward. The mechanism outlined in HH2007 follows the 

ideas of Lee and Kim (2003) and Son and Lee (2005).  The local increase in the Hadley circulation, 

forced by the warm SSTs, enhances the subtropical jet. The resulting increase in the vertical shear of 

the zonal wind increases the baroclinicity over the southern part of the North Atlantic. This induces a 

southward shift of the jet. The NO-THC run induces a large scale warming of the tropical Atlantic, 

suggesting a similar response. In addition the NO-THC run shows a strong cooling in the northern part 

of the North Atlantic. According to Son and Lee (2005) this broadens the extra-tropical baroclinic zone 

and enhances the southward shift over the North Atlantic. Figure12 reveals that indeed the subtropical 

jet over the Atlantic is enhanced and shifted equator ward. Further analysis revealed that similar as in 

HH2007 this is related to an increase and equatorward shift of the baroclinicity. Over the equator the 

enhanced warming of the eastern tropical Atlantic affects the Walker circulation inducing easterlies. 

 The dipole response in SST with a cooling in the North Atlantic and a warming in the tropical and 

South Atlantic is in agreement with previous modeling studies and paleo-records. Our analysis 

indicates that this response is ocean driven with changes in horizontal transport responsible for the 

North Atlantic cooling and changes in vertical transport responsible for the tropical Atlantic warming. 

The response of the atmospheric circulation opposes these ocean induced SST changes.  
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Figure Captions  

 

Fig.1  a: First REOF of SST  in oC (shaded) and the associated wind stress in Nm-2 (vectors) obtained 

by linear regression on the principal component normalized by its standard deviation. Dashed contours 

indicate negative SST values, the zero contour is omitted; b: As (a) but now for the second REOF. 

 

Fig.2  a. Zonal mean temperature (oC) profiles of the lateral boundaries in MICOM. Solid lines 

CONTROL run, dashed lines NO-THC run. Thin lines northern boundary, thick lines southern 

boundary; b. As (a) but now for salinity (PSU); c. Zonally mean averaged difference in density (σθ)   

between the northern and southern boundary for the CONTROL run (solid) and the NO-THC run 

(dashed). 

 

Fig. 3 a Annual difference in SST in 0C (shaded) and wind stress in N m-2 (vectors) between the NO-

THC and CONTROL run;  b. Annual difference in SSS in PSU between the NOTHC and CONTROL 

run. Dashed contours indicate negative values, the zero contour is omitted. 

 

Fig. 4  a. Omega in hPa s-1 averaged over (50oW – 25oE) for DJF. Thick contour lines: CONTROL run. 

Dashed lines indicate negative values (upward motion), the zero contour is omitted; Shaded: Difference 

between NO-THC and CONTROL run. b. As (a) but for JJA.  

 

Fig. 5  a.  Rain fall in mm day-1 for DJF. Shaded: Difference between NO-THC and CONTROL run. . 

Dashed contours indicate negative values, the zero contour is omitted. The thick line indicates the      

7.5 mm day-1 contour line in the CONTROL run; b. As (a) but for JJA 
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Fig. 6  a. Contribution of the ocean heat transport to the change between NO-THC and CONTROL in 

the heat budget of the mixed layer in 10-6 K s-1. Dashed contours indicate negative values, the zero 

contour is omitted; b. As (a) but now only for the vertical ocean heat transport, i.e entrainment; c. As 

(a) but now only for the horizontal heat transport. 

 

Fig. 7  a. Meridional overturning circulation  in Sv for the CONTROL run; b. As (a) but for the NO-

THC run; c: Meridional heat transport in PW for the CONTROL (solid line) and NO-THC experiment 

(dashed line). 

 

Fig. 8.  Cross-section along the equator of the temperature difference (oC) between the CONTROL and 

NO-THC run. Dashed contours indicate negative values, the zero contour is omitted.The thick solid 

and dashed lines indicate the depth of the 20 oC isotherm for the CONTROL and NO-THC run 

respectively. 

 

Fig. 9  a. Seasonal cycle of the vertical entrainment (10-6 K s-1) along the equator for the CONTROL 

run (contours) and for the difference between NO-THC and CONTROL run (shaded); b As (a) but for 

the SST  (oC). 

 

Fig. 10  Standard deviation of monthly mean anomalous SST in oC for the CONTROL run (a) and the 

NO-THC run (b). 

 

 

Fig. 11  a: First REOF of SST in oC and the associated wind stress in N m-2 (vectors) obtained by linear 

regression on the principal component normalized by its standard deviation b: As (a) but now for the 



 22

second REOF.  c: Seasonal cycle of the first principal component of the first REOF for the NO-THC 

run (solid) and CONTROL run (dashed). d: As (c), but for the second REOF.  

 

Fig. 12. Anomalous zonal wind at 200 hPa in m s-1 in the NO-THC experiment for DJF. Dashed 

contours indicate negative values, the zero contour is omitted. 
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a                                                                                 b 

 
 
Fig.1  a: First REOF of SST  in oC (shaded) and the associated wind stress in Nm-2 (vectors) obtained 

by linear regression on the principal component normalized by its standard deviation. Dashed contours 

indicate negative SST values, the zero contour is omitted; b: As (a) but now for the second REOF.  
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a                                                                   b  

 
 

   c 
 

 
 
 
 
Fig.2  a. Zonal mean temperature (oC) profiles of the lateral boundaries in MICOM. Solid lines 

CONTROL run, dashed lines NO-THC run. Thin lines northern boundary, thick lines southern 

boundary; b. As (a) but now for salinity (PSU); c. Zonally mean averaged difference in density (σθ) 

between the northern and southern boundary for the CONTROL run (solid) and the NO-THC run 

(dashed). 
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Fig. 3a 
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Fig. 3b 

 
 
Fig 3.a Annual difference in SST in 0C (shaded) and wind stress in N m-2 (vectors) between the NO-

THC and CONTROL run;  b. Annual difference in SSS in PSU between the NOTHC and CONTROL 

run. Dashed contours indicate negative values, the zero contour is omitted. 
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           a                                                                                 b 

 
 
Fig. 4  a. Omega in hPa s-1 averaged over (50oW – 25oE) for DJF. Thick contour lines: CONTROL run. 

Dashed lines indicate negative values (upward motion), the zero contour is omitted; Shaded: Difference 

between NO-THC and CONTROL run. b. As (a) but for JJA.  

 

          a                                                                               b 

 

Fig. 5  a.  Rain fall in mm day-1 for DJF. Shaded: Difference between NO-THC and CONTROL run. . 

Dashed contours indicate negative values, the zero contour is omitted. The thick line indicates the      

7.5 mm day-1 contour line in the CONTROL run; b. As (a) but for JJA 
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Fig. 6a 
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Fig. 6b 
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Fig. 6c 

 

Fig. 6  a. Contribution of the ocean heat transport to the change between NO-THC and CONTROL in 

the heat budget of the mixed layer in 10-6 K s-1. Dashed contours indicate negative values, the zero 

contour is omitted; b. As (a) but now only for the vertical ocean heat transport, i.e entrainment; c. As 

(a) but now only for the horizontal heat transport. 

 
 
 



 31

 
 

       a                                                                               b 

 
    

        c 

 
 
 
Fig. 7  a. Meridional overturning circulation  in Sv for the CONTROL run; b. As (a) but for the NO-

THC run; c: Meridional heat transport in PW for the CONTROL (solid line) and NO-THC experiment 

(dashed line). 
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Fig. 8.  Cross-section along the equator of the temperature difference (oC) between the CONTROL and 

NO-THC run. Dashed contours indicate negative values, the zero contour is omitted.The thick solid 

and dashed lines indicate the depth of the 20 oC isotherm for the CONTROL and NO-THC run 

respectively. 
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Fig. 9a 
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Fig. 9b 

 
 
 
 
 
Fig. 9  a. Seasonal cycle of the vertical entrainment (10-6 K s-1) along the equator for the CONTROL 

run (contours) and for the difference between NO-THC and CONTROL run (shaded); b As (a) but for 

the SST  (oC). 
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Fig. 10  Standard deviation of monthly mean anomalous SST in oC for the CONTROL run (a) and the 

NO-THC run (b). 
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Fig. 11  a: First REOF of SST in oC and the associated wind stress in N m-2 (vectors) obtained by linear 

regression on the principal component normalized by its standard deviation b: As (a) but now for the 

second REOF.  c: Seasonal cycle of the first principal component of the first REOF for the NO-THC 

run (solid) and CONTROL run (dashed). d: As (c), but for the second REOF.  
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Fig. 12. Anomalous zonal wind at 200 hPa in m s-1 in the NO-THC experiment for DJF. Dashed 

contours indicate negative values, the zero contour is omitted. 

 
 
 
 


