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ABSTRACT

The dynamical processes governing the seasonal cycle of the Atlantic meridional overturning circulation
(AMOOQC) are studied using a variety of models, ranging from a simple forced Rossby wave model to an eddy-
resolving ocean general circulation model. The AMOC variability is decomposed into Ekman and geo-
strophic transport components, which reveal that the seasonality of the AMOC is determined by both
components in the extratropics and dominated by the Ekman transport in the tropics. The physics governing
the seasonal fluctuations of the AMOC are explored in detail at three latitudes (26.5°N, 6°N, and 34.5°S).
While the Ekman transport is directly related to zonal wind stress seasonality, the comparison between different
numerical models shows that the geostrophic transport involves a complex oceanic adjustment to the wind
forcing. The oceanic adjustment is further evaluated by separating the zonally integrated geostrophic transport
into eastern and western boundary currents and interior flows. The results indicate that the seasonal AMOC
cycle in the extratropics is controlled mainly by local boundary effects, where either the western or eastern
boundary can be dominant at different latitudes, while in the northern tropics it is the interior flow and its lagged
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compensation by the western boundary current that determine the seasonal AMOC variability.

1. Introduction

The variability of the Atlantic meridional overturning
circulation (AMOC) plays a fundamental role in climate
change because the AMOC globally redistributes water
properties such as heat, freshwater, carbon, and nutri-
ents. Previous studies found that the AMOC varies on
time scales from intraseasonal to multidecadal (e.g.,
Delworth et al. 1993; Hirschi et al. 2007; Biastoch et al.
2008; Kohl and Stammer 2008). These variations have
many climatic consequences. For example, the AMOC
can drive the Atlantic multidecadal oscillation (AMO)
(Knight et al. 2005; Zhang and Wang 2013; Zhang et al.
2014), and a collapse of AMOC will cause widespread
temperature decreases over the Northern Hemisphere
(Vellinga and Woods 2002). In situ observations also
reveal that the mean strength and variability of the
northward heat transport at 26.5°N are dominated by
the AMOC (Johns et al. 2011).

In the variance spectrum of the AMOC, the seasonal
variability has a prominent contribution. Various numerical
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models with different resolutions and forcings suggest
that the fluctuations of the AMOC on time scales shorter
than a year are more energetic than at other frequencies,
especially south of 40°N (Bingham et al. 2007). Obser-
vational data at different latitudes also show that the
volume transports associated with AMOC have con-
siderable seasonal changes (Willis 2010; Garzoli and
Baringer 2007; Dong et al. 2009). Kanzow et al. (2010)
demonstrated that if the seasonal fluctuations are not
resolved correctly, the bias induced by the seasonal
anomalies might lead to the aliasing of interannual
changes or decadal trends inferred from discrete hy-
drographic observations.

The seasonality of the AMOC used to be seen as
primarily generated by the varying Ekman transport
and its depth-independent compensation (Bryan 1982;
Boning and Herrmann 1994; Jayne and Marotzke 2001).
However, recent in situ observations have shown that
the geostrophic transport also makes significant contri-
butions to the seasonal AMOC variability. Since April
2004, the strength and vertical structure of AMOC at
26.5°N has been measured by the U.K.-U.S. Rapid Cli-
mate Change-Meridional Overturning Circulation and
Heatflux Array (RAPID-MOCHA) basinwide full water
column array (hereafter the 26.5°N array) (Cunningham
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et al. 2007; Kanzow et al. 2007; Rayner et al. 2011). The
first 4 yr of the AMOC time series from the 26.5°N array
suggested that the seasonal cycle of the AMOC was
dominated by the geostrophic midocean and Gulf
Stream transports (Kanzow et al. 2010). Other mea-
surements at 41°N and 35°S also confirmed that the
geostrophic transport contributes to the seasonal varia-
tion of the AMOC (Willis 2010; Garzoli and Baringer
2007; Dong et al. 2009). Therefore, correctly resolving
the geostrophic transport is crucial to understanding the
seasonal cycle of the AMOC.

The geostrophic transport is largely determined by the
zonal density difference between the basin boundaries,
so that density anomalies at either boundary will pro-
duce fluctuations in the zonally integrated geostrophic
transport. For example, at 26.5°N it has been shown that
local wind stress curl (WSC) along the eastern boundary
is the main factor modifying the density profiles there on
seasonal time scales, and the subsequent seasonal cycle
of the AMOC (Ko6hl 2005; Kanzow et al. 2010). How-
ever, it remains unknown if similar dynamics occur in
other regions such as in the tropical ocean or the South
Atlantic. The purpose of this study is to use results from
an eddy-resolving numerical model to investigate the
seasonal cycle of the AMOC throughout the basin, with
a focus on the contribution from the geostrophic trans-
port. In addition, a set of simpler models, including a
forced Rossby wave model and a linear two-layer model,
are used to help understand the dynamical processes
accounting for the seasonal variability.

The paper is organized as follows. The descriptions of
numerical models and methods used in this study are
presented in section 2. Section 3 describes the simulated
AMOC seasonal variations and provides a framework
for diagnosing the underlying dynamical mechanisms.
Sections 4-6 describe the processes occurring at 26.5°N,
6°N, and 34.5°S in detail, and the dominant mechanisms
controlling the AMOC seasonal variation at these lati-
tudes. A discussion and conclusions are given in section 7.

2. Model and methodology

The model used here is an Ocean General Circulation
Model for the Earth Simulator (OFES) based on the
Modular Ocean Model, version 3 (MOM3). It is con-
figured nearly globally (from 75°S to 75°N) with a hori-
zontal resolution of 0.1°. There are 54 vertical z levels
with thicknesses ranging from 5 m at the surface to 330 m
for the bottom level (Masumoto et al. 2004). The model
is spun up from rest for 50 yr and forced with monthly-
mean climatological atmospheric fluxes derived from
the 1950-98 National Centers for Environmental
Prediction—National Center for Atmospheric Research
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(NCEP-NCAR) reanalysis (Kalnay et al. 1996). After
that, the model is driven by daily-mean NCEP-NCAR
reanalysis data from 1950 to 2009 (Sasaki et al. 2008;
Masumoto 2010). In the present study, the output over
1980-2009 is averaged to derive a climatological sea-
sonal cycle.

To help interpret the dynamics involved in the sea-
sonal AMOC cycle, a two-layer model with realistic
topography is also used. The model is linearized with the
following governing equations:
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where i = 1 (upper layer) or 2 (lower layer), u and v are
zonal and meridional velocity, fis the Coriolis parame-
ter, A = 1.2 X 103 m?s ™! is a lateral viscosity coefficient,
A = —5x 1077 is a bottom friction coefficient, and H is
layer thickness. The bottom friction is usually applied
only in the bottom layer, but also acts in the top layer
when H, = 0. The pressure gradient term P is
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g is gravitational acceleration, g’ = g(p, — p;)/ps, p; 18
layer density (i = 1 or 2), h; is the sea surface height, and
hy is the interface anomaly.

The forcing term is concentrated in the upper layer:

7, for layer 1
F(k)y=1< k ,
) { 0 for layer 2

where k = x or y. The wind stress forcing is the clima-
tological monthly field derived from the wind stress used
in OFES between 1980 and 2009. The initial upper-layer
thickness is 1000 m, and the density difference between
the upper and lower layers is 1kgm .

The model domain covers the region from 56°S to
55°N and 100°W to 25°E with a uniform spatial resolu-
tion of 0.25°. Buffer zones are implemented at the southern
and northern boundaries and along the eastern boundary

south of 35°S to damp artificial boundary waves. Bottom
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topography comes from the 5-Minute Gridded Global
Relief Data (ETOPOS) bathymetry dataset inter-
polated onto the model grid, and the minimum water
depth is 200m. The same winds that force the OFES
(NCEP-NCAR reanalysis) are used to force the two-
layer model. The two-layer model is integrated for 25 yr,
and the results from the last Syr are used to derive a
climatological annual cycle. There is no thermohaline
forcing in the two-layer model, and therefore its time-
varying AMOC is driven only by winds; it is also missing
the large-scale thermohaline circulation present in the
OFES.

In addition, daily measurements of AMOC from the
26.5°N array between April 2004 and April 2011 are
used to evaluate the numerical results. Following the
AMOC decomposition of the observational data (Rayner
et al. 2011), the northward upper-ocean flow of the
AMOC is decomposed into its three main components:
the Gulf Stream transport through the Straits of Florida
(GS), the Ekman transport in the top 100 m (EK), and
the upper-midocean transport between the Bahamas
and Africa (UMO). Further details about the estimation
of each component may be found in Rayner et al. (2011).

In both OFES and the in situ data, the AMOC
strength at a certain latitude is defined as the maxi-
mum of the vertical streamfunction: W(z,y,?) = [* LO
v(x,y,z,t) dz dx, where x,, and x, are the western and
eastern boundaries, and v(x,y,z,t) is the meridional
velocity. The AMOC in the two-layer model is calcu-
lated from the upper-layer meridional velocity. Similar
to that derived from hydrographic sections (Talley et al.
2003; Lumpkin and Speer 2007), the mean structure
of the meridional streamfunction in OFES (Fig. 1) is
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FIG. 1. The mean structure of the AMOC simulated in OFES
(1980-2009) (Sv).

composed of two meridional overturning cells located
between the surface and about 3000 m and from 3000 m
to the bottom, respectively. The 1980-2009 average
AMOC strength has a maximum of 18Sv at 35°N. At
26.5°N, the mean AMOC is 16 Sv, which is slightly weaker
than the measured 7-yr mean value of 17.4 Sv from the
26.5°N array (April 2004-April 2011). This study is mainly
focused on the upper cell that involves the northward
flow within approximately the top 1100 m and the com-
pensating southward flow from 1100 to 3000 m.

3. Seasonal cycle of the AMOC
a. Seasonal variability in OFES

The AMOC estimated from the OFES between 1980
and 2009 is used to derive a climatological annual cycle.
Figure 2 shows the distribution of the AMOC anomaly
with respect to latitude and month. The most significant
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FIG. 2. The seasonal anomaly field derived from the monthly OFES result (1980-2009) for (a) AMOC, and the (b) geostrophic and
(c) Ekman components. Contour interval is 2 Sv. The 3°S-3°N equatorial band is excluded from (b) and (c).
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seasonal variability takes place in the tropical Atlantic
region with 11-Sverdrup (Sv; 1 Sv = 10°m?s ") peak-to-
peak amplitude and a maximum (minimum) in boreal
winter (fall). Outside of the tropics, the amplitudes are
much weaker (4-6 Sv), and the phases are also different
from that in the tropical ocean. While the Northern
Hemisphere subtropics have a broad maximum in bo-
real summer and fall and minimum in winter and spring,
the southern subtropical ocean reaches its maximum in
austral winter and minimum in austral fall. In most lat-
itudes, the phases are generally coherent within about
10°-15°, meaning that the seasonal cycle along one lat-
itude is representative for about a 10°-15° meridional
extent. The amplitudes of the seasonal variability are
significant in comparison to the AMOC variability on
interannual time scales in the model, which have rms
values ranging from 0.5 to 1.5 Sv at different latitudes.

On seasonal time scales, the meridional flow can be
split into Ekman and geostrophic components provided
that the non-Ekman ageostrophic flow is negligible.
This assumption is confirmed by Baehr et al. (2004) and
Hirschi and Marotzke (2007), who demonstrated that
the thermal wind and the Ekman contributions are the
dominant terms in the force balance governing the me-
ridional flow, with generally smaller contributions from
other terms.

The Ekman contribution is calculated from zonal
wind stress:

\Pek(}’»t) = J ' ;_fl

w

7. (x,y, 1) dx,

where Ty, p, f, x,,, and x, are the zonal wind stress, ref-
erence density, Coriolis parameter, and western and east-
ern boundaries, respectively. The geostrophic contribution
to the AMOC is estimated by removal of the Ekman
transport from the total meridional transport above A,
where hiyoc is the depth where the maximum V¥ occurs.

As shown in Fig. 2, both the Ekman and geostrophic
anomalies have substantial changes throughout the year,
indicating that both contribute to the seasonal cycle of
the AMOC. Similar to the AMOC, their peak-to-peak
amplitudes are largest in the tropical ocean and decrease
toward higher latitudes. In the tropics, the Ekman
anomaly is characterized by positive values for the first
half of the year and negative values in the second half
of the year. The corresponding geostrophic variability is
nearly out of phase with the Ekman contribution in the
northern tropics but has a more complicated relation-
ship in the southern tropics. In the subtropics, the phase
of the geostrophic component shifts by 2-3 months rel-
ative to the tropics and shows an asymmetry between the
Southern and Northern Hemispheres.
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The amplitude of the Ekman transport anomalies is
generally larger than the geostrophic transport, but be-
cause of the varying phase relationships between them,
the total AMOC variability at any latitude can be either
enhanced or diminished relative to the individual com-
ponents. For example, in the tropics near 8°N, the am-
plitudes of Ekman and geostrophic anomalies are 15 and
8.5 Sv, respectively, but the AMOC only has an 11-Sv
peak-to-peak fluctuation. On the other hand, AMOC
has stronger variability than either the Ekman or the
geostrophic transport in subtropical regions, indicating
less compensation between them.

b. Comparison to observations at 26.5°N

To examine if the OFES results are consistent with
observations, the climatological seasonal variability of
the AMOC from the monthly-mean OFES time series
and the 26.5°N array is compared. The seasonal cycle of
the observed MOC (Fig. 3a) exhibits a 6-Sv peak-to-
peak amplitude with a maximum northward flow in July
and October and a minimum in March. A similar phase
occurs in OFES (Fig. 4a) but with a smaller amplitude
(4Sv). While the seasonal cycle of OFES shown in
Fig. 4 is derived from 30 yr of data (1980-2009), the
seasonal cycle derived from the same time period as
the in situ observations (2004-09) gives essentially
the same result.

The breakdown of the AMOC seasonal cycle at
26.5°N into its three main components (GS, EK, and
UMO) for both the observations and OFES is also
shown in Figs. 3 and 4. The GS refers to the transport
carried by the Florida Current. The mean strength of the
observed GS is 31.5 Sv, and its seasonal cycle (Fig. 3b)
shows an annual range of 4 Sv with peak in July and
minimum in November. Note that the seasonal cycle of
the GS shown here is slightly stronger than that in
Kanzow et al. (2010) because of the longer period used
in our study. Nevertheless, both the amplitude and
phase displayed here are consistent with the seasonal
cycle computed from the 26-yr-long time series of the
Florida Current (Kanzow et al. 2010). The Ekman
transport varies from 1.2 Sv in February to 4.6 Sv in July,
which is slightly different from Kanzow et al. (2010).
This is mainly due to the longer time period included in
our estimate of the seasonal cycle at 26.5°N [2004-11 vs
2004-08 in Kanzow et al. (2010)] and to the substantial
zonal wind stress anomalies that occurred between
December 2009 and March 2010 associated with a strong
negative phase of the North Atlantic Oscillation (NAO)
(McCarthy et al. 2012). The seasonal change of UMO
is about 5Sv, from —18.9Sv in March to —13.8Sv in
October. The sum of the peak-to-peak variations of the
three separate components is 12.5 Sv, much larger than
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FIG. 3. Seasonal cycle (black solid lines) of (a) AMOC, (b) GS, (¢) EK, and (d) UMO, as obtained from monthly averages
of the 26.5°N time series between April 2004 and April 2011. The gray envelopes represent the std error of each month.

that of the AMOC (6 Sv), indicating that compensation
occurs among the three individual components.

The same decomposition applied to the OFES (Fig. 4)
shows that while the GS in OFES has an annual cycle
similar to the observations, both the peak-to-peak am-
plitude (1.3Sv) and the mean strength (22.3Sv) are
much smaller. Like the GS, the seasonal cycle of UMO
in OFES displays a similar phase with that in the ob-
servations, but with a weaker amplitude (2.5Sv) and
weaker annual-mean value (—10 Sv). The reason for this
discrepancy is that, in OFES, part of the western
boundary current (WBC) does not flow through the
Straits of Florida; instead it is located east of the Ba-
hamas, where it is included here in the UMO transport.
In the OFES, the northward transport in this ““Antilles”
Current is about 14 Sv in the top 1100 m. In the real
ocean, the majority of the western boundary flow is
through the Straits of Florida, and only a 6 Sv northward
Antilles Current occurs east of Abaco, Bahamas (Lee
et al. 1996; Johns et al. 2008). The total northward west-
ern boundary flow in OFES is about 36 Sv and nearly

equal to the sum of the observed Florida Current
(31.5Sv) and Antilles Current (6Sv) transports. The
weaker UMO seasonal amplitudes in OFES compared to
the observations is attributed to the too weak wind stress
curl near the eastern boundary in the OFES model, and
a detailed explanation is given in the following section.
The phase and amplitude of the Ekman transport in
OFES generally agrees with the observed annual cycle,
that is, a peak in July and minimum in March. Their
differences can be attributed to the different wind prod-
ucts used [NCEP-NCAR reanalysis for OFES and cross-
calibrated multi-platform (CCMP) winds for the 26.5°N
array] and in part to the different time period used in
OFES (1908-2004) and the 26.5°N array (2004-11).

¢. Dynamics of the seasonal cycle

In the following, we will investigate the main physical
process governing the AMOC seasonal cycle at different
latitudes. It is well known that the meridional Ekman
transport is directly driven by the zonal wind that is
closely linked to changes in atmospheric circulation. For
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FIG. 4. As in Fig. 3, but for the climatological annual cycle derived from the OFES (1980-2009). Dashed lines are
calculated from the two-layer model simulation, where the annual mean from OFES is added to the two-layer result.

(The Ekman contribution is the same for both models.)

instance, the seasonal fluctuations of the tropical Ekman
transport are mainly associated with the annual migra-
tion of the intertropical convergence zone (ITCZ).
These changes in Ekman transport affect the AMOC
directly and immediately through changes in the me-
ridional surface layer transport. On the other hand, the
variations of the geostrophic transport involve both
barotropic and baroclinic adjustment. The barotropic
flow adjusts rapidly to changes in atmospheric forcing
and approaches a quasi-equilibrium ‘‘topographic
Sverdrup” balance after transients such as the baro-
tropic basin modes die out (Anderson et al. 1979). The
structure of this barotropic response depends crucially
on the actual basin topography. On the other hand, the
baroclinic flow involves both the dynamics in a flat
bottom ocean and the influences of topography. Locally,
the baroclinic geostrophic velocity can be estimated
with density profile pairs and a level of “no motion.”
The basinwide profile of the baroclinic geostrophic trans-
port is determined by the density difference between the
end points of the basin (Baehr et al. 2004). Consequently,

variations in the AMOC associated with baroclinic flow
changes are closely linked to the changes of the density
profiles at the basin boundaries.

WBCs provide a good example of how topography
affects both barotropic and baroclinic adjustment.
WBCs are usually located, at least partly, in relatively
shallow regions, such as GS. Their mean strength is
determined to the first order by the Sverdrup balance
established by baroclinic planetary waves, which is not
strongly affected by topography (Anderson and Gill
1975; Anderson and Killworth 1977). However, WBC
fluctuations on periods much shorter than the time taken
for baroclinic adjustment (several years) are largely
disconnected from the baroclinic planetary waves. For
instance, the seasonal variability of the GS at 26.5°N is
largely controlled by the forcing north of the Straits of
Florida through boundary wave processes (Anderson and
Corry 1985; Atkinson et al. 2010; Czeschel et al. 2012).

Toinvestigate the above dynamics in a simple context,
a linear two-layer model with realistic topography is
configured to simulate the seasonal cycle of the AMOC.
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FIG. 5. Seasonal cycle of (a) AMOC and (b) geostrophic transport from two-layer model (Sv).

The two-layer model, described in section 2, includes
both barotropic and baroclinic adjustment induced by
wind forcing. As illustrated in Fig. 5, the seasonal cycle
of AMOC and geostrophic transport in the two-layer
model generally agrees with those of OFES (cf. Fig. 2).
In particular, the phases and amplitudes of the seasonal
cycle in both the tropics and subtropics are well repro-
duced. The main difference between the two-layer
model and OFES is at higher latitudes in the North
Atlantic, where the seasonal variability is under-
estimated. This is probably the result of the damping
applied along the northern boundary to prevent artificial
boundary wave propagation effects, but could also be
due to nonlinear processes associated with the Gulf
Stream in OFES. Nevertheless, the similarity in both
phases and amplitudes in OFES and the two-layer
model demonstrates that the linear two-layer model
successfully captures the fundamental features of the
seasonal AMOC variation.

d. Roles of barotropic and baroclinic processes

To better understand the dynamics contained in both
OFES and the two-layer model, we explore the roles of
barotropic and baroclinic processes in modulating the
seasonal variability of the AMOC. Because the same
wind forcing is used in both models, their Ekman
transports are exactly the same, and we will focus on the
comparison of meridional geostrophic transport in both
models. To perform a comparative analysis between
the two models, we define an “upper-layer” and “‘lower-
layer” geostrophic velocity in OFES as the respective

vertically averaged flows above and below the depth of
the maximum of the AMOC streamfunction /o at any
given time:

1 0
wr) =5 [ ezn - eornznlde and

moc .

1 hmoc
I A e [ v(x,y,z,1) dz,

moc JH

where D is the local water depth, v is the full velocity,
and ve is the Ekman velocity.

We further define a ‘“baroclinic” velocity for the
upper-layer flow as v = v; — v,. Thus, in OFES, for any
region with bottom depths shallower than Ay,ec, v, = 0 and
v/ = v;. For the two-layer model, v; and v, are simply
equal to the upper- and lower-layer velocity and v/ is de-
fined as above.

In what follows, we will use the upper-layer geostrophic
streamfunction accumulated from the eastern boundary,

X

¥ (x.1) = J

X

"X

0 .
J v, (x,1)dz dx =hmOCJ v, (x, 1) dx,
h

X
‘moc

as a primary tool in evaluating the AMOC variability.
According to the above definitions, we can also break
this down into a baroclinic component,

X

W (x, 1) = J

X

0 X
J v (x,t)dzdx = hmocJ v (x,t)dx,
h

X
moc
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and a barotropic component,

X X

0
Jh vy (x,0)dzdx=h_ J v, (x, 1) dx,

X

Wy (x, 1) = J

x moc
where the latter represents the part of the upper-layer
meridional flow that is common to both layers.

As a further aid in interpreting the results, we show in
Fig. 6 the monthly anomalies of the upper-layer baro-
clinic velocity v/ and the associated interface anomaly
hy from the two-layer model for January, April, July,
and October. In the following sections, we select three
representative latitudes to diagnose the AMOC vari-
ability in detail: two in the Northern and Southern
Hemisphere extratropics (26.5°N and 34.5°S) and one in
the northern tropics (6°N), which are denoted in Fig. 6a.

4. AMOC seasonal cycle at 26.5°N

a. Seasonal variability of the upper-layer
streamfunction

Figures 7a and 8a show the seasonal anomalies of
the upper-layer cumulative streamfunction ¥, at 26.5°N
in OFES and the two-layer model, respectively. Both
models show a similar basinwide pattern with pre-
dominantly negative anomalies in the first half of the
year (January-June) and positive anomalies in the sec-
ond half of the year (July-November). Interspersed
within these broad zonal patterns are local maxima and
minima that are tilted westward (which is more clearly
evident in the OFES model), indicating westward prop-
agation. The OFES model pattern is generally noisier
than the two-layer model, which can be attributed to the
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FIG. 7. Seasonal cycle of the (a) upper-layer meridional geostrophic streamfunction (¥;), (b) baroclinic stream-
function (W), and (c) barotropic streamfunction (W) at 26.5°N in OFES(1980-2009). See text for the definitions of
barotropic and baroclinic streamfunction. The dashed lines mark the locations for the offshore edge of the eastern
boundary layer (blue), western boundary point of the interior ocean (green), and the western basin boundary (black).
The seasonal cycle at the three points in each streamfunction are shown at the left in their corresponding colors. Red line
denotes the GS. The significance of the seasonal cycle at each longitude is determined by checking if the peak-to-peak
amplitude is larger than the std error. The std error for each month is estimated by dividing its interannual variations by
the number of degrees of freedom (DOFs). The insignificant regions are marked by magenta dots (Sv).

fact that it is interannually forced, rather than forced by
arepeating seasonal cycle as in the two-layer model, and
also because it is an eddy-resolving model and there-
fore contains random mesoscale features that can leave
a residual imprint on the climatological annual cycle.
Otherwise, the two patterns are quite similar.

Before discussing these results further, we refer the
reader to Fig. 9, which helps to better explain the nature
of these seasonal ¥, patterns. Figure 9a shows the time
series of local upper-layer transport [i.e., vi(x, ) multi-
plied by Anee and dx] from the last 5 yr of the two-layer
model simulation at 26.5°N, while Fig. 9b shows the as-
sociated pattern for the cumulative streamfunction V.
Near the eastern boundary, the local meridional trans-
port has a strong seasonal variation with a minimum in
April and maximum in October (Fig. 9a). This vari-
ability is forced by a strong annual cycle of wind stress
curl at the eastern boundary through the same mechanism

described previously by Kanzow et al. (2010), that is, by
seasonal uplift and depression of the thermocline
near the coast that drives a seasonally varying eastern
boundary flow. Emanating from the western edge of this
boundary zone are meridional velocity anomalies (Fig.
9a) associated with annual baroclinic Rossby waves that
propagate westward at a first baroclinic mode wave
speed (the only baroclinic mode supported by the two-
layer model). At 26.5°N, these waves interact with the
Canary Islands just west of the eastern boundary, which
locally disturbs the westward phase propagation be-
tween about 17° and 19°W. This is a very localized effect
that is not present at neighboring latitudes, where the
Rossby wave crests and troughs propagate smoothly
away from the eastern boundary, and it has no conse-
quential effect on the basinwide transport.

As the Rossby waves propagate across the ocean in-
terior, their signal is affected by the local wind stress curl
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FIG. 8. (a)-(c) As in Fig. 7, but for the two-layer model at 26.5°N. The two-layer model has an exactly repeating
annual cycle so there is no error for each month. (d) Wind stress curl calculated from the wind forcing used in the two-

layer model along 26.5°N (107" N m 7).

forcing along the wave paths and interactions with to-
pography, so that their amplitude is modified, and also
they are weakly damped by both lateral and bottom
friction. The cumulative streamfunction shown in Fig. 9b
reflects, in the east, the initial contribution from the
annually reversing eastern boundary flow, and then it is
modulated toward the west by zonal integration across
the crests and troughs of the propagating Rossby wave
pattern.

As the waves approach the Bahamas (77°W), their
meridional velocity signal is amplified by interaction
with the Bahamas boundary, which leads to increased
amplitudes near 75°W and steadily decreasing ampli-
tudes from there to the Bahamas, with a nearly sta-
tionary phase across this boundary region (Fig. 9a). This
behavior is consistent with expectations from linear
Rossby wave reflection at the western boundary, due to
the superposition of the long waves and reflected short
Rossby waves (Longuet-Higgins 1964; Pedlosky 1987).
Local wind stress curl forcing near the Bahamas can also
contribute to the meridional transport anomalies here,

but this effect is relatively weak compared to the wave
reflection/interaction process. The net effect of this
wave reflection process is to strongly reduce the ampli-
tude of the pressure anomaly and hence the cumulative
streamfunction anomaly (W) at the Bahamas boundary,
due to the compensation of the zonally integrated flow
across the rest of the basin by an opposing meridional
flow near the boundary. This has been clearly dem-
onstrated in observations, as well as in a theoretical/
modeling context, by Kanzow et al. (2009). The cumulative
streamfunction anomaly at the Bahamas boundary is
typically reduced by about a factor of 3 relative to its
seasonal amplitude a few degrees into the interior. As
shown by Kanzow et al. (2009), local boundary waves
are involved in this process as well as short Rossby
waves, and therefore it should be described in general as
a western boundary wave reflection/interaction process.

A further, but relatively small, modification of the
cumulative streamfunction occurs cross the Straits of
Florida due to the seasonal cycle of the GS transport,
leading to the total AMOC seasonal cycle shown at the
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the eastern boundary (Sv).

western boundary in Fig. 9b. (Note that the pattern of
¥, shown in Fig. 8a is exactly the same as that of any of
the individual years of Fig. 9b.) The local meridional
transport and ¥; over multiple years in OFES (not
shown) has a similar structure to that shown in Fig. 9, but
is more variable due to the interannual forcing.
Returning to Figs. 7 and 8, we show in the left of these
figures the role of different regions in determining the
seasonal variability of the zonally integrated meridional
geostrophic transport. These curves show the seasonal
cycle near the eastern basin boundary, western point of
the interior ocean, and western basin boundary. A point
twice the Rossby deformation radius away from the
eastern basin boundary is selected as the eastern point,
while the Bahamas Islands are chosen as the western
point of the interior ocean. From the eastern boundary
to about 17°W, the geostrophic transport sets up a sea-
sonal cycle with a maximum in September-November
and minimum in March-May. This feature is consistent
in both numerical models (blue line in Figs. 7 and 8)
and is forced by the wind stress curl near the eastern
boundary (Fig. 8d). West of 17°W, the seasonal vari-
ability is modified until it reaches a relatively stable
amplitude near 77°W. The fluctuations of the amplitudes
have a spatial scale about 15° in longitude for both
models. As noted above, this westward-propagating
pattern is induced by the meridional velocity associated

with westward-propagating long Rossby waves (Fig. 9).
Although the wavelike structure leads to substantial
changes of the local meridional transport in the interior,
when integrated across the full width of the basin, in-
cluding the effects of wave reflection at the western
boundary, the cumulative streamfunction anomaly at
the western edge of the interior ocean (the Bahamas) is
not greatly changed from that at the offshore edge of the
eastern boundary layer. West of 77°W, the zonally in-
tegrated transport is further modified due to the impact
of the Gulf Stream. The differences between the green
and black lines in Figs. 7a and 8a indicate the seasonal
cycle of the Gulf Stream (red line).

It is worthwhile to note that while the exact phase of
the wave structures across the interior (and the number
of maxima and minima in the cumulative stream-
function) depends on the first-mode baroclinic wave
speed, the zonally integrated streamfunction anomaly at
the western edge of the interior (the Bahamas) is largely
insensitive to this. We have tested this in the two-layer
model using different choices of the stratification pa-
rameter (g’), which controls the first-mode wave speed,
and find no significant differences in the cumulative
streamfunction anomaly at the Bahamas when varying
this wave speed over a factor of 3. This is again because
of the strong compensating effect produced by the wave
reflection process: this largely nullifies the meridional
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transport anomaly associated with the waves impinging
on the Bahamas, irrespective of the exact phase of the
impinging wave.

b. Barotropic and baroclinic contributions to the
upper-layer streamfunction

In Figs. 7 and 8, we show in addition to ¥; the con-
tributions of the barotropic (W) and baroclinic (W)
components of the upper-layer streamfunction in both
models. In contrast to the upper meridional geostrophic
transport (V;), Wy has weaker seasonal variations of
approximately =2-Sv amplitude across the interior, and
Vi, makes a negligible contribution to ¥; when in-
tegrated across the full basin. The phase of the Wy
anomalies across the interior is different from ¥; and
shows maximum positive values in fall and negative
values in winter. Unlike the Rossby wave anomalies that
dominate the interior pattern of ¥, ¥y, is associated
with the seasonal spinup and spindown of a large-scale
barotropic gyre in the North Atlantic that is driven by
the large-scale seasonal wind stress curl forcing. As
shown in Figs. 10a and 10b, the barotropic gyre is largely
closed over the deep part of ocean and does not extend
up onto the continental shelves, so that there is no sig-
nificant seasonal variability at the eastern boundary nor
at the western interior point or at the western boundary
(Figs. 7c and 8c). As a result, the barotropic adjustment
does not contribute to the seasonal cycle of the meridi-
onal geostrophic transport at 26.5°N.

The overall pattern of W is very similar to Wy, in-
dicating that the oscillations in Figs. 7a and 8a are pro-
duced mainly by baroclinic processes. Near the eastern

boundary, the minimum and maximum of the Wy, (blue
line, Figs. 7b and 8b) are consistent with the uplift
and depression of the thermocline along the eastern
boundary (Figs. 6b,d). The interior thermocline anom-
alies shown in Fig. 6 are associated with the westward-
propagating Rossby wave patterns present in Wp,.
The speeds detected from a Radon transform of the
Hovmoller diagram of meridional velocity in OFES and
the two-layer model are about —0.04 and —0.042ms !,
respectively. They are consistent with the typical value
for a first-mode baroclinic Rossby wave at 26.5°N. The
annual cycle of the GS is also seen in the anomalous
thermocline changes along the western boundary in July
and October (Figs. 6¢,d). The thermocline anomalies
along both boundaries are meridionally coherent within
about 15°, a scale consistent with that detected in Fig. 2.
Therefore, the dynamics evaluated at 26.5°N is repre-
sentative for the northern subtropical region.

¢. Comparison of Gulf Stream, Ekman, and
midocean transports

In accordance to the in situ observations by the 26.5°N
array, we split the MOC from the two-layer model into
GS, EK, and UMO components and compare them to
OFES (Fig. 4). Note that the two-layer model does not
include the thermohaline circulation, so the annual-
mean value of each component from OFES is added
to the two-layer model result. As shown in Fig. 4, both
the amplitude and phase for the seasonal-varying MOC
in the two models agree very well. Because the same
winds are used in both models, their Ekman transports
exhibit exactly the same annual cycle. Peak GS transport
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occurs in July in both models, while the seasonal mini-
mum in the two-layer model occurs in October, a month
earlier than the November minimum in OFES. This
difference could be induced by neglected nonlinear ad-
vective effects in the two-layer model; also the simple
stratification parameter in the two-layer model might
not exactly capture the correct phase speed of the
coastal baroclinic waves that are believed to play a role
in the seasonal cycle of the GS (Anderson and Corry
1985). Nevertheless, the essential characteristics of the
seasonal GS are well captured by the two-layer model,
suggesting that the seasonal cycle of the GS in OFES is
mainly driven by linear processes. This is consistent with
the study of Anderson and Corry (1985), who also used
a linear model and reproduced most of the observed GS
seasonality. For the UMO, the two-layer model is able
to produce the minimum in spring and maximum in fall.
Although the two-layer model has a slightly lower
minimum in spring, its overall cycle is consistent with
OFES and the in situ observations.

d. Analogy with a simple, forced Rossby wave model

The dynamics underlying this UMO response can be
further investigated using a simple, linear, forced Rossby
wave model. On time scales longer than the inertial pe-
riod, the oceanic response to wind stress curl forcing can
be expressed by

P,
ot

oP
—Bef Pt = IF,V X T,

where P, is pressure for the nth vertical mode, ¢ is time,
x is the distance eastward, fis the Coriolis parameter, 3 is
the planetary vorticity gradient, ¢, is the nth mode long
gravity wave speed, 7 is wind stress, and F,, is the projection
of the forcing onto vertical modes (Sturges et al. 1998):

P 4@ /0 (Fd
= —-— Z Z Z Z.
" Dmix JfD : P J*D P

mix

Here, D is water depth, Dy,x is the surface mixed layer
depth, and ¢, (z) is the nth vertical mode eigenfunction,
which is calculated from the OFES hydrographic data
along 26.5°N. The variables ¢, and ¢, are chosen from
a representative longitude (60°W) for the calculation.
Only the first baroclinic mode is used here, thatis,n = 1.
The equation is integrated from zero initial conditions
using the climatological seasonal cycle of wind stress
curl anomaly at 26.5°N extracted from the OFES 1980-
2009 monthly fields. An equilibrium seasonal cycle of Py
is reached after about 20 yr of integration.

The meridional geostrophic transport above /. can
be calculated according to
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and the streamfunction computed from 7'(x) is shown in
Fig. 11a. Its spatial pattern and phase are overall con-
sistent with that in OFES and the two-layer model (Figs.
7b and 8b). Near the eastern boundary the seasonality is
similar to that in the two-layer model and OFES, in
terms of both phase and amplitude. This implies that the
forced Rossby wave model captures the essential physics
accounting for the upper-layer transport variations near
the eastern boundary. However, the seasonal cycle at
the western edge of the interior in the Rossby wave
model has weaker amplitude than that in OFES and the
two-layer model. The reason is that, unlike the two-layer
model or OFES, the Rossby wave model cannot account
for any wave reflection/interaction processes at the
western boundary. Therefore, the zonally integrated
meridional transport in the Rossby wave model is de-
pendent on the particular phasing of the waves as they
strike the Bahamas, and its seasonal cycle is sensitive
to the wave speed and basin width. In the case shown
(Fig. 11), the phasing of the wave arrivals at the western
boundary leads to a relatively weak basinwide trans-
port anomaly, but this could easily be much larger (or
smaller) if the phase speed of the waves was slightly
changed. The wave reflection in the OFES and the two-
layer model largely reduces the effect of the waves
impinging onto the western boundary, resulting in a
seasonal cycle of UMO in the two-layer model that has
similar phase and amplitude as that of the meridional
transport near the eastern boundary in the Rossby wave
model (Fig. 11b). This further confirms that the uplift
(depression) of the thermocline forced by the wind
stress curl in the east has a dominant effect on the sea-
sonality of UMO.

e. Sensitivity to wind forcing

Chidichimo et al. (2010) and Kanzow et al. (2010)
found that the observed seasonal cycle of interior flow
has a 6.7-Sv peak-to-peak amplitude, and the pressure
(density) anomalies at the eastern boundary leads to
a seasonal cycle of 5.2 Sv. With the same type of Rossby
wave model used here, Kanzow et al. (2010) successfully
reproduced a seasonal cycle with comparable amplitude
and phase to the observations. The seasonal cycle ob-
tained by our study, however, has a much weaker am-
plitude than that in Kanzow et al. (2010). The main
reason for the different amplitudes in our study and
theirs is that different wind fields are used. Kanzow et al.
(2010) used wind stresses derived from the Scatterometer
Climatology of Ocean Winds (SCOW) that correctly



1554

JOURNAL OF PHYSICAL OCEANOGRAPHY VOLUME 44
D x 6
i |
N 3 i
a) O : R |
i |
i B | 2
J [ |
i . b
J . = LU
: 'N N i)
A : |
M b B
F E [
J 1 -6

=N

5-1-05 0 05 1 15
Transport anomaly(Sv)

3 \ \

70W

60w

50W 40w 30W 20w

O
~

Transport anomaly (Sv)

J F

M A M J J A

S O N D

FIG. 11. (a) Streamfunction for the baroclinic geostrophic flow simulated by the Rossby wave model at 26.5°N is
shown in the right (Sv). The seasonal cycle near the eastern (blue) and western (green) boundary are shown at the
left, and their locations are marked by blue and green dashed lines, respectively. The selected locations near the
eastern and western boundary are the same as those in the two-layer model (see text). (b) Seasonal cycle of the UMO
from the two-layer model forced by NCEP-NCAR winds (black dashed line) and from the two-layer model forced by
SCOW winds (blue dashed line). The seasonality of eastern boundary from the Rossby wave model forced by NCEP-
NCAR winds and SCOW winds are shown by the black and blue solid lines, respectively. The comparison between
two-layer model and Rossby wave model results illustrates that the seasonal cycle in the two-layer model is mostly

contributed by the eastern boundary.

preserves the WSC near the land/ocean boundaries
(Risien and Chelton 2008), whereas both OFES and the
two-layer model use the NCEP-NCAR wind field. The
SCOW winds have a seasonal WSC variation at the
eastern boundary that is about 2-3 times stronger than
that in NCEP-NCAR. This causes a much larger local
response of the density field at the eastern boundary and
a much larger seasonal AMOC variation. To verify this,
the SCOW winds are also used to force the linear Rossby
wave model and the two-layer model, and their corre-
sponding seasonal cycles are shown for comparison in Fig.
11b. In contrast to the NCEP-NCAR dataset, the SCOW
winds produce a seasonal cycle with more comparable
amplitude to the observed AMOC seasonal variability in
both the Rossby wave model and two-layer model. Nearly
all of this difference is due to the differences in the SCOW
and NCEP-NCAR winds near the eastern boundary.

Therefore, the weaker boundary wind stress curl in the
NCEP-NCAR dataset is the main reason that OFES as
well as the two-layer model underestimate the observed
MOC seasonal variability at 26.5°N (Fig. 4).

5. AMOC seasonal cycle at 6°N

We selected 6°N to study the seasonal variations in the
tropical Atlantic Ocean where both the Ekman and
geostrophic transport have large seasonal fluctuations.
As shown in Fig. 2, the Ekman transport has a seasonal
cycle of 14-Sv peak-to-peak amplitude with a maximum
in January and minimum in August. The annual peak-
to-peak amplitude for the geostrophic transport is 9 Sv,
and its minimum is in May and its maximum is in
October. Similar seasonality can be found in the two-layer
model results, suggesting that the variations in both
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FIG. 12. As in Figs. 7a,b but for (a) upper-layer meridional geostrophic streamfunction (¥;) and (b) baroclinic
streamfunction (W) from the OFES model (1980-2009) at 6°N. The dashed lines mark the locations for the offshore
edge of the eastern boundary layer (blue), western point of the interior ocean (green), and the western basin
boundary (black). The seasonal cycle at the three points in each streamfunction are also shown at left in their

corresponding colors. Red line denotes the NBC (Sv).

Ekman and geostrophic transport at 6°N are largely
controlled by the wind forcing. In fact, the seasonal wind
stress forcing in this region is controlled mainly by the
annual migration of the ITCZ, which not only changes
the zonal wind stress but also modifies the wind stress
curl across the basin interior. The variable wind stress
curl modifies the interior flows that feed the western
boundary current, the North Brazil Current (NBC)
(Johns et al. 1998). Similar to 26.5°N, the seasonal cycle
near the eastern basin boundary, western point of the
interior ocean, and western basin boundary are selected
in both the OFES and two-layer model. A point twice
the Rossby deformation radius away from the eastern
basin boundary is selected as the eastern point, while the
location of the maximum (minimum) of the interior
streamfunction anomaly is chosen as the western point
of the interior ocean. The latter choice corresponds
roughly to the outer edge of the western boundary cur-
rent in each simulation, because, unlike 26.5°N, there is
no geographic feature (i.e., the Bahamas) that clearly
separates the interior domain from the western bound-
ary domain.

a. Seasonal variability of the upper-layer
streamfunction

Figure 12 displays the seasonal anomaly of ¥y in
OFES. Near the eastern boundary there is no significant
seasonal variability (blue line) because the wind stress
curl near the eastern boundary is relatively weak (Fig. 13c).

(Notably, the wind stress curl shown here is very similar
to the SCOW data.) From the eastern boundary to
30°W, ¥, has a maximum in February and a minimum in
November, while from 30° to 45°W the seasonal cycle is
modified and has semiannual variation. From 45° to
50°W, the seasonal fluctuations are further changed by
the retroflection of the NBC and give rise to an annual
cycle maximum in June and minimum in September.
The NBC retroflection also induces large interannual
variations so that the seasonal cycles near 48°W are not
robust. The main part of the NBCis located between 50°
and 52°W, and at its inshore edge (at ~52°W), the sea-
sonal variability of the meridional transport quickly and
completely shifts to a cycle with a minimum in April and
maximum in October, which remains nearly constant
from there to the western boundary. This implies that
the NBC plays a fundamental role in shaping the sea-
sonal cycle of the cumulative geostrophic transport
across the basin at 6°N.

In the two-layer model (Fig. 13), a very similar annual
cycle occurs for the cumulative geostrophic transport
across the full section, but there are significant differ-
ences in the interior. East of 45°W, the two-layer model
does not reproduce the seasonal variations in OFES.
This is because the local meridional transport in OFES is
strongly affected by the nonlinear retroflection of the
NBC and the large-scale interior meandering pattern of
the North Equatorial Current, which is not represented
in the linear two-layer model (e.g., Fig. 6). However, the
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Fi1G. 13. (a),(b) As in Fig. 12, but for the two-layer model. (c) Wind stress curl calculated from the wind forcing used
in the two-layer model at 6°N (10~7 N m ). (d) Seasonal anomaly of the NBC in OFES (thick solid) and two-layer
model (red). Dashed line is the boundary current transport derived from the stationary Sverdrup balance.

seasonal cycle for the cumulative interior flow (green
line in Figs. 12a and 13a) is consistent in both models,
and westward of this point they remain very similar,
leading to a nearly identical seasonal variability in the
zonally integrated flow (black lines in Figs. 12a and 13a).
As shown in Figs. 12b and 13b, Wy, has similar spatial
structure and temporal variations to that of the upper-
layer geostrophic transport (W1 ). The term Wy, has much
weaker variability (not shown), indicating again that the
seasonal fluctuations of the upper-geostrophic transport
are mostly controlled by baroclinic processes.

b. Role of the North Brazil Current

The seasonal variability in both ¥; and Wy, is a well-
known feature of the tropics and is a consequence of the
rapid adjustment of the tropical ocean by baroclinic
planetary waves (Philander and Pacanowski 1980). The
interior geostrophic flow is forced by the WSC associ-
ated with the ITCZ migration. It takes several months
for the changes in the interior ocean to be communi-
cated into the WBC. In February (July) anomalous

northward (southward) interior geostrophic flow occurs
east of 30°W (Figs. 13a,b), but the NBC does not reach
its corresponding seasonal maximum (minimum) until
May (September) (red line in Figs. 12a and 13a). The
seasonally changing circulation patterns associated
with this are shown in Fig. 6, where 6°N lies near the
boundary between the oscillating basin-scale patterns to
the north and south. A maximum cyclonic (anticyclonic)
circulation anomaly occurs to the north of 6°N during
boreal spring (fall), with opposite circulation anomalies
to the south, which correspond to the spinup and spin-
down of the tropical and equatorial upper-ocean gyres
through the action of the baroclinic planetary waves.
Figure 13d shows the NBC transport cycle in OFES,
two-layer model, and that calculated from a stationary
Sverdrup balance. The NBC in OFES has its minimum
in spring and maximum in fall, a cycle very similar to that
of the basinwide upper-geostrophic transport. Because
of the lack of a thermohaline component in the two-
layer model, it does not reproduce the mean NBC
transport, but the essential features of the seasonal cycle
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FIG. 14. Asin Fig. 7, but for 34.5°S. The red line in (a) is the seasonal cycle of the BC, taken as the difference
streamfunction at basin boundary (black dashed line) and western interior point (the continental shelf where

depth is fimoc; green dashed line).

are well captured by the linear wind-driven two-layer
model. The difference between the NBC in the Sverdrup
cycle and two-layer model reflects the delayed response
to the remote wind stress curl due to the propagation of
the baroclinic waves. Particularly, the spring minimum is
absent in the Sverdrup cycle. The lag of the NBC with
respect to the interior leads to an “excess” NBC trans-
port in fall and a corresponding “deficit” in spring that
determines the overall seasonal cycle of the upper-
geostrophic transport. Therefore, the AMOC seasonal
cycle at 6°N is in fact mainly a consequence of the lagged
adjustment of the NBC to the interior WSC forcing. This
incomplete compensation between the boundary cur-
rent and interior ocean due to the oceanic adjustment is
the dominating mechanism for the geostrophic part of
the AMOC throughout the tropics.

6. Seasonal AMOC cycle at 34.5°S

We selected 34.5°S to study the seasonal variability
in the southern subtropical ocean. At this latitude the
Ekman transport has a minimum in February and

of the
water

maximum in June with a peak-to-peak amplitude of
6Sv, and the geostrophic transport has its minimum
in January and maximum in June with a peak-to-peak
amplitude of 2.5Sv (Fig. 2). The nearly out of phase
Ekman and geostrophic transports, and larger amplitude
in Ekman transport, leads to the dominance of Ekman
transport in shaping the seasonal AMOC at 34.5°S.

As shown in Fig. 14a, the seasonal anomaly of ¥, in
OFES shows an annual cycle of £1.5-Sv amplitude at
the edge of the eastern boundary (blue line), which is
twice the Rossby deformation radius away from the
eastern boundary. Between 5° and 15°E, larger fluctua-
tions are associated with Agulhas rings passing north-
ward across the section. These rings not only modify the
local meridional flow but also generate substantial in-
terannual variations, so that the derived annual cycle
here is not robust. West of 0°, the impact of the Agulhas
ring is not obvious and the seasonal cycle of ¥, presents
a structure that is very similar to that at the edge of the
eastern boundary zone, and this remains stable across
most of the interior basin. Westward of 40°W, this signal
becomes significantly amplified by additional meridional
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FIG. 15. (a)—(c) As in Fig. 14, but for the two-layer model at 34.5°S. (d) Wind stress curl calculated from the wind
forcing used in the two-layer model at 34.5°S (1077 Nm3).

flow in the western part of the basin. At the continental
shelf where the water depth is /i (green dashed line),
W, features a minimum in September and maximum in
March. Including the WBC [the Brazil Current (BC)],
however (red line in Fig. 14a), the annual cycle is fun-
damentally changed and leads to a cycle with a minimum
in February and maximum in June when integrated
across the full section.

A similar seasonal cycle of the meridional geostrophic
transport is simulated by the two-layer model (Fig. 15).
Near the eastern boundary, the seasonal cycle in the
two-layer model generally agrees with that in the OFES,
although its maximum occurs in February rather than
December. The Agulhas rings near the eastern bound-
ary are not reproduced by the two-layer model, but they
do not affect the seasonal cycle of the zonally integrated
transport west of 0°. What is captured by both OFES and
the two-layer model is the relatively uniform seasonal
variability in the interior ocean and the rapid shift across
the BC to a phase that is almost opposite that in the in-
terior ocean (Figs. 14a and 15a). It is interesting to note
also that the interior modulations of W¥; by the annual

baroclinic Rossby waves are much less pronounced in
both OFES and the two-layer model at 34.5°S than at
26.5°N. This is due to the different structure of the WSC
across the basin. As shown in Fig. 8d, the annual cycle of
the WSC at 26.5°N has a broad coherent pattern across
the whole basin so that the Rossby waves generated at the
eastern boundary are simply modulated by the annual
forcing as they propagate westward and maintain their
energy. However, the WSC at 34.5°S has a weak seasonal
cycle and varying phase across the basin (Fig. 15d), such
that the local forcing tends to damp the propagating
Rossby waves and reduces their amplitudes in the central
part of the basin. The same type of behavior occurs in the
simple forced Rossby wave model for the South Atlantic
(not shown).

A separation of the geostrophic current into baro-
tropic (W) and baroclinic (¥y,.) components indicates
that W is controlled by both barotropic and baroclinic
processes. Near the eastern boundary, the seasonal
fluctuations in Wy, are very similar to that in ¥y (blue
lines in Figs. 14a and 15a). This suggests that it is the
uplift and depression of the thermocline that controls



JUNE 2014

the eastern boundary changes, dynamics similar to that
at 26.5°N. The vertical motions of the thermocline are
forced by the wind stress curl near the eastern boundary
(Fig. 15d). As shown in Fig. 6, the interface anomaly
along the eastern boundary is coherent between 25° and
35°S, indicating that the seasonal cycle shown here is re-
gionally forced over about 10° meridional extent. Note
that the wind stress curl anomaly in SCOW has similar
phase and amplitude to that in NCEP-NCAR (not shown).

In the interior ocean, Wy, is affected by the westward-
propagating Rossby waves, analogous to that at 26.5°N,
but as noted above with lesser amplitude. The contri-
bution of the barotropic streamfunction Wy to the
upper-layer streamfunction W, is relatively greater at
34.5°S than at 26.5°N, so that Wy reflects attributes of
both ¥y, and Wy.. The seasonally varying barotropic
circulation is more complicated than in the Northern
Hemisphere and shows two gyre-scale patterns (Figs.
10c,d). South of 30°S, the anomalous ocean circulation is
dominated by an anticlockwise (clockwise) gyre in
February (July), while north of 30°S a clockwise (anti-
clockwise) gyre is evident in February (July). These two
different barotropic gyre structures are generated by
opposite seasonal cycles of the wind stress curl south and
north of 35°S (not shown).

Similar to the results at 26.5°N, however, the net im-
pact of the barotropic circulation on the seasonal AMOC
variability is small. At the continental shelf (green dashed
line in Figs. 14 and 15), the barotropic circulation is
largely compensated so that Wy, dominates the annual
cycle in W; when zonally integrated across the basin
(black line in Figs. 14c and 15c). Especially the rapid
transition of the annual cycle at the edge of the conti-
nental shelf is mostly included in Wy., demonstrating
that it is the shallow part of the BC in depths =1000 m
that controls the seasonal AMOC cycle. As shown in
Fig. 6, the seasonal anomalies of the BC transport have
ameridional scale of about 15°, or perhaps greater (Figs.
6a,c), and are probably associated with both local and
remote coastal wind forcing that cause an uplift of the
coastal thermocline in austral winter and a depression of
the coastal thermocline in austral summer. Part of the
BC annual cycle is also modulated by the Rossby wave
pattern that produces more localized, and opposite
signed, thermocline depth anomalies just offshore of the
western boundary layer. This process is different from
26.5°N because of the blocking effect of the Bahamian
Islands.

We note that the barotropic circulation also contrib-
utes to the total seasonal changes of the BC. As shown in
Figs. 10c and 10d, the intensified barotropic streamlines
near the western boundary indicate that the southward
BC becomes stronger in February (July) and weaker in
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July (February) for the regions south (north) of 30°S.
This is consistent with the seasonal changes of the BC at
34.5°S in both OFES and the two-layer model (red line
in Figs. 14a and 15a), implying that the seasonal spinup
(spindown) of the barotropic circulation leads to ac-
celeration (deceleration) of the BC as indicated above.
However, the seasonality of the BC induced by the
barotropic circulation is mostly compensated and does
not significantly contribute to the geostrophic transport
across the basin.

7. Discussion and summary

The seasonal cycle of the AMOC simulated by an
eddy-resolving ocean model is investigated in this study.
The seasonal variability is largest in the northern trop-
ical Atlantic region where the peak-to-peak amplitude is
10 Sv, with a maximum in boreal winter and minimum in
boreal autumn. The variations in subtropical regions
are smaller with peak-to-peak amplitudes of 4-6 Sv and
varying phases. By splitting the AMOC variability into
Ekman and geostrophic transport components, the
contribution of each to the total AMOC variability can
be examined. It is found that both contributions are
characterized by substantial variations throughout the
year. Their seasonal cycles are almost out of phase in the
tropical Atlantic region, and the Ekman transport has
larger amplitude, so that the seasonality of the AMOC is
dominated by the Ekman component. In subtropical
regions, however, their magnitudes are comparable and
their phases vary with location so that both of them
determine the seasonal cycle of the AMOC. The mech-
anisms governing the geostrophic component depend on
how the barotropic and baroclinic circulation modes de-
velop across the basin on seasonal time scales.

To explore the dynamics responsible for the seasonal
cycle of AMOC and its components, a linear two-layer
model forced by climatological NCEP-NCAR winds is
utilized. The similarity of the AMOC seasonal cycle be-
tween the two-layer model and OFES, which is forced
both by wind and buoyancy fluxes, indicates that the
variability of the AMOC on seasonal time scales is mainly
associated with the wind forcing and that the two-layer
model includes the fundamental dynamics to reproduce
this variability. It is shown that the depth-dependent
geostrophic transport is modulated by the oceanic ad-
justment to wind forcing, in which coastal boundary cur-
rents, baroclinic Rossby waves in the ocean interior, and
large-scale barotropic flow adjustment play a vital role.

To identify the dominating mechanism in different
regions, three latitudes, 26.5°N, 6°N, and 34.5°S, are se-
lected to represent the northern subtropical, equatorial,
and southern subtropical ocean. At each latitude, the



1560

zonally accumulated streamfunction of the meridional
geostrophic flow above hpo. indicates that the geo-
strophic seasonal cycle is shaped either by the WBC or
determined by both the WBC and interior transports.
Based on thermal wind theory, the interior flow in the
deep ocean is determined by the density difference
across the basin. The factors affecting the interior trans-
port are the anomalies carried by westward-propagating
Rossby waves toward the western boundary and the
fluctuations forced by the local wind stress curl. These
physics are incorporated into a linear Rossby wave
model that successfully accounts for the seasonal cycle
of the upper-midocean transport at 26.5°N.

One important result in this study is the role of the
western boundary current (WBC) in determining the
basinwide geostrophic transport and AMOC seasonal
cycle. In the tropical region, the WBC is controlled by
the time-dependent Sverdrup balance established by
tropical baroclinic Rossby waves. The lagged response
of the WBC to the interior wind forcing causes a sea-
sonal imbalance of the net upper-layer flow across the
basin, which determines the annual cycle of the AMOC.
On the other hand, in the extratropics the seasonal cycle
of the WBC is not dominantly controlled by the plane-
tary waves; instead it is determined mostly by local and
remote forcing communicated along the western bound-
ary. Local and remote wind forcing along the eastern
boundary can also contribute significantly to the seasonal
AMOC cycle, which, for example, is found to be the
dominant mechanism at 26.5°N.

The geostrophic transport across the basin is ulti-
mately determined by the pressure difference between
the basin boundaries. In a simplified two-layer ocean,
like the simple model used in this study, the seasonal
changes in the zonally integrated baroclinic stream-
function V¥y., which dominates the seasonal AMOC
variation at all latitudes, is related to the change in in-
terface depth on the boundaries. The relative impor-
tance of each boundary, at any given latitude, can be
evaluated by the ratio of their annual amplitude. Figure 16
displays the latitudinal distribution of this ratio esti-
mated from the two-layer model, together with the an-
nual amplitudes of basinwide geostrophic transport.
North of 10°N, the ratio is larger than one, indicating
that the eastern boundary has a larger contribution to
the seasonal AMOC cycle. In the equatorial region,
however, the ratio is much less than one, pointing out
the dominant role of the western boundary. In the
southern subtropical region, both boundaries tend to
have comparable contributions, reflected by ratios that
range from 0.5 to 1.5. The meridional distance over
which these coastal forcing regions are coherent are
typically about 10°-15° along either boundary, and these
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are roughly the same scales over which the AMOC
seasonal variation is meridionally coherent.

The dynamical processes evaluated in this study point
out the important factors to correctly simulate the sea-
sonal cycle of MOC, and this might shed light on model-
based MOC hindcast studies. As noted previously, the
wind stress curl at the boundaries in NCEP-NCAR
appears to be unrealistically low, at least at 26.5°N. To
assess the sensitivity of the meridional geostrophic
transport to different wind forcing, we ran the two-layer
model using the SCOW dataset, which is designed to
better preserve wind stress patterns near the ocean
boundaries. In the Southern Hemisphere the geo-
strophic AMOC amplitudes are generally similar to
those forced by the NCEP-NCAR dataset, and they are
generally larger than the NCEP-NCAR run in the
Northern Hemisphere (Fig. 16). The ratio of eastern to
western boundary contributions to the basinwide geo-
strophic MOC seasonal cycles is also somewhat different
in the NCEP-NCAR and SCOW runs. Therefore, de-
ficiencies in the wind forcing near the basin boundaries,
such as appear to occur in the NCEP-NCAR reanalysis
winds used to drive the OFES model, can lead to in-
accuracies in the simulation of the magnitude of the
AMOC seasonal cycle.

The overall results of this study point to the dominant
role of eastern and western boundary currents in the
extratropics in determining the basinwide geostrophic
AMOC seasonal cycle. While both baroclinic planetary
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waves and barotropic gyres set up by the interior WSC
forcing strongly affect the total upper-layer geostrophic
circulation at any location, they do not contribute sig-
nificantly to the seasonal AMOC cycle because of in-
ternal compensation when integrated over the full width
of the basin. We find further that the eastern boundary
contribution to the AMOC cycle is generally dominant
in the Northern Hemisphere, while this is not true in the
Southern Hemisphere. The dominance of the eastern
boundary contribution that has been demonstrated by
the 26.5°N array is therefore not a result that holds over
the whole basin. The seasonal AMOC variability in the
tropics is fundamentally different in that the interior
upper-ocean geostrophic flow driven by the basinwide
Sverdrup forcing is an integral part of the response. Its
lagged compensation by the WBC, set by the relatively
fast adjustment time scale of tropical baroclinic Rossby
waves, determines the basinwide geostrophic AMOC
seasonal cycle in the tropics. Here the eastern boundary
plays a much more limited role, and it is primarily the
WBC response to the interior wind forcing, rather than
local or regional forcing effects near the boundaries, that
dominates the geostrophic contribution to the AMOC
seasonal cycle.
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