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Abstract

It is well known that in order for tropical cyclogenesis to occur, the presence of cyclonic vorticity in the lower troposphere is necessary.  One source of vorticity that has been proposed in some cases of genesis is the development of midlevel cyclonic circulations within the stratiform region of some mesoscale convective systems.  While these vortices can become quite strong, often they are confined to the midlevels.  How this vorticity can reach the surface is key to understanding how genesis occurs in these situations.  

In this study the impact of modifying the thermodynamic structure of a convectively-generated midlevel mesovortex is investigated.  These modifications occur through processes that modify the strength of the low-level cold pool and upper-level warm anomaly.  A series of numerical experiments is conducted on a control simulation of a long-lived mesovortex over the central United States that was responsible for organizing multiple cycles of deep convection within its circulation.  The experiments consist of inserting a warm water body of varying temperatures underneath the location of the mesovortex, eliminating mesoscale and convective-scale downdrafts, and modifying the static stability of the environment. 


It was found that, as expected, the warm-water experiments led to a rapid erosion of the surface-based cold pool underneath the vortex, leading to the development of significant surface-based convective instability after a few hours.  The warm-water run produced a closed low of tropical storm intensity, compared with only a weak mesotrough in the control run.  Erosion of the surface-based cold pool in the warm-water run was accompanied by an enhancement of low-level negative height anomalies and a more rapid spin-up of low-level cyclonic vorticity.  The experiments involving the removal of mesoscale and convective-scale downdrafts showed less sensitivity... 

1. Introduction


Observations and theory have long recognized the importance of having cyclonic vorticity in order for tropical cyclogenesis to occur (e.g., Ooyama 1963, Rotunno and Emanuel 1987, Zehr 1992, Harr et al. 1996).  One source of vorticity that has been proposed by numerous investigators for some cases of genesis is the development of mesoscale convective vortices (MCVs) within the stratiform regions of some mesoscale convective systems (Bosart and Sanders 1981, Velasco and Fritsch 1987, Miller and Fritsch 1991, Zehr 1992, Laing and Fritsch 1993a,b, Fritsch et al. 1994, Harr et al. 1996, Bister and Emanuel 1997, Ritchie and Holland 1997, Simpson et al. 1997, Kimberlain and Kaufman 1999).  For example, Bosart and Sanders (1981) noted that the system that caused the Johnstown, PA flood of July 1977 had associated with it a cyclonic circulation of substantial intensity in the lower and middle troposphere, and that once this system moved over the Atlantic Ocean, the cyclonic circulation was observed at the surface, where it developed to tropical-storm intensity.  Velasco and Fritsch (1987), in their study of mesoscale convective complexes (MCCs) in both North and South America, found that during a two-year period there were at least five cases where an MCC (with its associated MCV) was a direct precursor to tropical cyclogenesis.  Laing and Fritsch (1993a,b), in their satellite climatologies of MCCs over the Indian Monsoon Region and Africa, noted several instances in both locations where MCCs later developed into tropical depressions after they moved over water.


Understanding the role MCVs may play in tropical cyclogenesis is made difficult by the fact that, while the primary organizational features that mark the onset of genesis require cyclonic vorticity to exist at the surface, cyclonic vorticity within MCVs is often confined to the mid-troposphere (e.g., Bartels and Maddox 1991, Smull and Augustine 1993).  Therefore, an important question to ask when considering how MCVs may lead to tropical cyclogenesis involves understanding how cyclonic vorticity develops in the lower troposphere, especially at the surface.


Various hypotheses have been advanced in the literature to address this issue.  Bister and Emanuel (1997) proposed that downward motion within the mesoscale downdrafts of a mesoscale convective system (MCS) can serve to transport midlevel vorticity to the surface.  Montgomery and Kallenbach (1997) and Montgomery and Enagonio (1998) investigated how a burst of convection distributed asymmetrically around the center of an existing vortex can generate radially-propagating vortex Rossby waves that can strengthen the mean tangential flow in the lower troposphere.  Ritchie and Holland (1997) found that increasing the horizontal scale of a midlevel potential vorticity (PV) anomaly through the merger of multiple vortices, as well as increasing the vorticity of the environment in which this merger occurs, can increase the vertical penetration of the vortex.  

Fritsch et al. (1994; hereafter FKM94) studied the impact of successive cycles of deep convection on the strength of an existing midlevel MCV.  FKM94 investigated a case where a mesoscale convective system formed over eastern Colorado.  Within this MCS an MCV developed, as deduced from examining satellite imagery and tracking radar echoes.  During the next three days, this vortex moved across the central United States and was instrumental in initiating and organizing five successive MCSs.  After each cycle of convection, the horizontal extent of the vortex was observed to increase, nearly tripling its initial diameter over its three-day life cycle.  Furthermore, composite analyses revealed that the magnitude of the midlevel PV anomaly associated with the vortex increased.  For several of the convective cycles, convection was observed to develop within the cyclonic circulation of the vortex, a crucial factor in explaining its amplification.  They speculated that the increase in the amplitude of the midlevel PV anomaly would increase the penetration depth of the vortex, possibly leading to surface cyclogenesis.


Rogers and Fritsch (2001; hereafter RF01) used the numerical model MM5 (Grell et al. 1994) to simulate the case described in FKM94.  In their simulation they reproduced the amplification of the midlevel vortex associated with each convective cycle.  The thermodynamic structure of the vortex consisted of a low-level cold pool, a mid-to-upper level warm anomaly, and a cold dome in the upper-level outflow layer (above 200 hPa).  During a particularly intense convective cycle, the increase of low- and midlevel vorticity was preceded by an increase in the amplitude of the upper-level warm anomaly that occurred as the diabatic heating from the convection reached peak values.  

RF01 hypothesized that this increase in vorticity resulted from low-level convergence associated with the lowering of geopotential heights, which was a hydrostatic reflection of the upper-level warming that accompanied a convective cycle which occurred in a favorable dynamical environment consisting of a reduced local Rossby radius of deformation.  Since the impact of the virtual warming is column-integrated, though, temperature changes of the opposite sign at other levels can offset the impact of the virtual warming on the height of the base of the layer being considered.  In RF01, the strengthening and deepening of the low-level cold pool by convective and mesoscale downdrafts reduced the impact of the upper-level warming.  Therefore, the vorticity amplification in the low levels (and at the surface) was reduced, and only a weak mesotrough was reflected in the sea-level pressure field.

From these results it is evident that the strength of the low-level vorticity is related to the magnitude of the virtual temperature anomalies associated with the vortex.  Processes that serve to modify the strength of these anomalies can therefore impact the magnitude of the vorticity in the low levels.  Examples of such processes include enhanced surface fluxes of heat and moisture, changes in the strength of convective and mesoscale downdrafts, and changes in the magnitude of diabatic heating associated with the convection.  In this study the impact of modifying the thermodynamic structure of the vortex through these processes is investigated.  A series of experiments is performed in which modifications to the simulation presented in RF01 are made to account for these processes and evaluate their impact on the structure of the vortex.  Section 2 presents a description of the experiments, including a brief review of the case, a description of the model, and a summary of the experiments performed.  Section 3 presents the results from the experiments, and section 4 presents a discussion and concluding remarks.

2. Experimental design

a) Description of case


The case selected for testing is the 15-18 July 1982 long-lived mesoscale convective system documented in FKM94 and simulated in RF01.  As mentioned in the Introduction, this case exhibited a mid-level MCV and associated PV anomaly that tracked eastward across the central U. S. and underwent multiple cycles of convective development and decay.  The experiments presented here focus on the third cycle, when a well-defined mesoscale convective complex formed from convection that originally developed within the existing midlevel cyclonic circulation (FKM94).  A brief summary is provided here.  More detailed analysis and discussion of the case are available in FKM94.


The synoptic-scale environment over the central United States at 00 UTC 15 July was characterized by weak mid- to upper-level flow and strong low-level southerly flow, as a trough was over the Pacific northwest and a broad high-pressure system was anchored over the southeastern U.S. (not shown; see Fig. 3 of RF01).  Several short waves were propagating through the weak mid-tropospheric flow, while pronounced veering, indicative of strong warm advection, was evident in the surface to 700 mb layer.  From the surface to the 850 mb level, the flow was predominantly southerly, with a well-defined low-level jet (LLJ) transporting high-(e air northward to the MCSs (not shown; see Fig. 3 of RF01).


The first cycle of convection had its roots in the daytime heating that occurred over the Front Range of the Rocky Mountains, while the second cycle of convection developed 15 h later, during the afternoon of 15 July, as the remnants of the first system encountered a low-level moist ribbon in eastern Nebraska (Fig. 1).  A surface mesohigh was evident under the convective system as the LLJ was impinging on the outflow boundary (Fig. 2).   Shortly after the second convective cycle dissipated, a third cycle developed over central Iowa (Fig. 3), well behind the trailing edge of the cold outflow (FKM94).  By 06 UTC, a well-developed MCC was apparent over central and eastern Iowa.  By daybreak, though, the system had largely dissipated.  The mesohigh increased in amplitude and areal extent compared to 12 h earlier, while the amplitude of the surface meso-trough, evident after the previous convective cycle, also increased (not shown; cf. Figs. 5a and 7 in RF01).


Radar echo traces performed in FKM94 (not shown) show a cyclonic circulation associated with each cycle of convection.  The diameter of the closed circulation inferred by the echo traces approximately tripled between 00 UTC 15 July and 12 UTC 16 July (i.e., from about 50 km to 150 km).  Furthermore, computations of midlevel potential vorticity (not shown, see FKM94 for a complete discussion) show that the magnitude of the PV maximum nearly doubled between 15 and 17 July.  These observations show that the vortex increased both in horizontal size and intensity.  Concurrent with this strengthening were several cycles of convective activity, with each outbreak of convection occurring coincident (or very nearly so) with the MCV itself. 

b) Model setup

The model setup used here is essentially the same as that used in RF01.  The Penn State/NCAR mesoscale model MM5 (Grell et al. 1994) is used with coarse and fine mesh horizontal grid lengths of 54 and 18 km, respectively.  The mesh dimensions are 65 x 64 for the coarse mesh and 100 x 88 for the fine mesh (Fig. 4).  In the vertical, the terrain-following sigma coordinate is used, with 29 levels in the vertical for both meshes.  The spacing between sigma levels is smallest ((5 mb) in the lower troposphere to resolve the boundary layer processes better and increases with increasing elevation to a maximum spacing of about 50 mb.  Precipitation processes on the grid scale are represented with an explicit moisture scheme that includes predictive equations for cloud water, cloud ice, rain, and snow (Dudhia, 1989; Zhang, 1989).  A high-resolution planetary boundary layer (PBL) parameterization (Zhang and Anthes, 1982) is used to simulate the vertical mixing of temperature, water vapor, momentum, and cloud water. To represent deep, moist convection in the model, the Kain-Fritsch (KF) parameterization scheme is used on both meshes (Kain and Fritsch, 1990, 1993).  This scheme employs a relatively sophisticated mass-flux cloud model to determine entrainment and detrainment rates as a function of the local (grid element) environment, and it includes the effects of moist downdrafts.


Several modifications to various components of the modeling system are implemented to more realistically account for the warm-season convective environment encountered by the model.  These modifications include the implementation of a form of dynamic initialization using radar data in the convective parameterization scheme (Rogers et al. 2000), modifying the ground moisture availability to account for heavy rain events prior to model initialization and during the simulation, and using a crude representation to account for the attenuation of insolation from parameterized deep convection.  These and other modifications are described in detail in RF01. 

c) Description of experiments


The experiments described here involve modifications to the control simulation presented in RF01.  For the control experiment, the model was initialized at 00 UTC 15 July 1982, when there was a mesoscale convective system in eastern Colorado.  That simulation was run for 36 h, encompassing two additional cycles of convective development associated with the midlevel mesoscale convective vortex (Exp. CTL): the afternoon event on 15 July and the MCC event during the overnight hours of 16 July (see discussion above and FKM94).  The modifications to this simulation were implemented at 00 UTC 16 July, at the end of the radar dynamic initialization cycle (see RF01) and just prior to the development of the MCC.


In light of the hypotheses discussed in the Introduction and in RF01, the experiments investigate the impact of modifying the thermodynamic structure of the midlevel MCV on the strength of the vortex in the lower troposphere and at the surface.  These modifications occur through processes that modify the strength of the low-level cold pool and upper-level warm anomaly.  Specifically, three types of modifications are tested here: an enhancement of surface fluxes of sensible and latent heat from a water surface, the elimination of convective and mesoscale downdrafts, and modifications to the environmental static stability.  These modifications are summarized below and in Table 1.


(1) SURFACE FLUXES


To investigate the impact of enhanced surface fluxes on the structure of the mesovortex, a portion of the model domain is modified to become a water surface.  The location chosen to become a water surface traverses the area the MCV tracks during the MCC cycle (i.e.,between 00 UTC and 12 UTC 16 July).  Figure 5 shows the location of the water surface.  The location and orientation of the water surface is designed to replicate conditions that would occur if there were an inland sea over which the mesovortex moved.  While the shape of the inland sea is unphysical, the boundaries of the sea are chosen to be far enough away from the vortex (a minimum of several hundred kilometers) to minimize any impacts of surface convergence forced by sea breeze circulations along the boundary of the sea.  Two different experiments were run with the inland sea: one with a water temperature of 25 (C (Exp. IS25) and another with a water temperature of 28 (C (Exp. IS28).  These values were chosen to straddle the 26.5 (C water temperature found to be a necessary condition for tropical cyclogenesis to occur (Gray 1968).


(2) DOWNDRAFTS


Another set of experiments investigates the impact that the absence of convective and mesoscale downdrafts has on the strength of the low-level cold pool and mesovortex structure.  These experiments test the original hypothesis of TEX-MEX, a field program in 1991 that investigated eastern Pacific tropical cyclogenesis (Bister and Emanuel 1997): the transport of midlevel low-(e air to the boundary layer by convective downdrafts prevents an incipient tropical depression from developing, and the reduction or elimination of the impact of these downdrafts (through an increase of midlevel (e or relative humidity) is a key step in the genesis process.  In the experiments performed here, the impact of the downdrafts is removed by turning them off in the model.  One experiment involves eliminating parameterized (convective) downdrafts (Exp. NoPD), one involves eliminating resolvable-scale (mesoscale) downdrafts (Exp. NoRD), and a third involves eliminating both parameterized and resolvable-scale downdrafts (Exp. NoPRD).


(3) STATIC STABILITY


A final experiment is performed that investigates the role that different environmental static stabilities play in determining the structure and evolution of the mesovortex.  This experiment modifies the strength of the upper-level warm anomaly of the vortex by varying the convective available potential energy (CAPE) of the environment.  Different CAPE values produce different magnitudes of diabatic heating from the deep convection and may alter the strength of the upper-level warm anomaly.  Three experiments are performed here: one in which the CAPE values are doubled (Exp. CAPEx2), one in which the CAPE values are halved (Exp. CAPEx1/2), and one in which the inland sea is included (water temperature of 28(C), but the CAPE of the environment of the inland sea is modified so that at the time of convective initiation (about 03 UTC 16 July), the CAPE is approximately the same as that of the control simulation.   In this experiment the inland sea (water temperature of 28 (C) is included, but the CAPE of the environment is modified so that at the time of convective initiation (about 03 UTC 16 July), the CAPE is approximately the same as that of the environment of the control simulation (Exp. CAPESEACTL).  Experiment CAPESEACTL is designed to separate the impact of enhanced surface fluxes on the vortex from the enhanced convective heating that arises from the increase of source-layer (e in the boundary layer due to the enhanced surface fluxes.  This separation should give a truer account of the impact of enhanced surface fluxes on the structure of the mesovortex.  Values of CAPE are modified by changing the boundary-layer (surface to 850 mb) values of water vapor mixing ratio over the inland sea domain at the beginning of the simulation to produce CAPE values comparable to the control run when convection is initiated.  Low-level mixing ratio was modified instead of low- or mid-level temperature in order to minimize the impact on the low- or mid-level geopotential height fields that would result from a change in temperature.

3. Results

a) Surface fluxes


(1) CONTROL RUN


As described above, the purpose of these experiments is to evaluate the impact of enhanced surface fluxes on the strength of the MCV in the lower troposphere and at the surface.  Figure 6 shows a plot of areally-averaged equivalent potential temperature ((e) for Exp. CTL during the first three hours of the simulation.  The location over which the averaging was computed is shown in Fig. 5.  This area was selected because it encompassed the location of the midlevel vortex during the 12 h of simulation.  In the control run, the presence of the low-level cold pool is clearly seen below 850 hPa.  Above the cold pool, (e increases as the low-level jet transports high-(e air into the system and over the cold pool (see RF01). 

Figure 7 shows sea level pressure, total (parameterized plus grid-resolved) rainfall, winds at the lowest sigma level (( = 0.997, or about 30 m above the surface), and 1000-850 hPa averaged virtual temperature anomalies for the three simulations at 4, 8, and 12 h.  In the control simulation the cold pool persists throughout the simulation.  At 04 UTC 16 July, a broad mesohigh covers much of Iowa, with a weak mesotrough near the border with Missouri.  There are two axes of rainfall: a predominantly west-east line of rain in southern Iowa (coincident with the mesotrough), and a north-south line of rain in eastern Iowa.  Maximum rainfall amounts are greater than 2 cm hr-1 in southern Iowa.  Four hours later the rainfall has consolidated into an east-west line in south-central Iowa (Fig. 7c-d).  There is evidence of two mesotroughs, with one axis along the southern edge of the rainfall gradient and another extending to the north of the precipitation shield.  By 12 UTC, the rainfall extends along a southwest-northeast line into eastern Iowa (Fig. 7e).  There is a weak reflection of a mesohigh, but the dominant feature is an east-west mesotrough in central Iowa.  The low-level winds show a cyclonic turning coincident with this mesotrough.

Figure 8 shows the distribution of potential vorticity at 500 and 850 hPa for the simulated convective system.  In the control run at 04 UTC (Fig. 8a-b), the midlevel PV consists of two PV maxima, one collocated with the east-west line of rainfall and the other in the southern end of the north-south line of rainfall (cf. Fig. 7a).  Between these two maxima is an area of negative PV, associated with a region of anticyclonic flow on the downstream edge of the area of maximum rainfall (and diabatic heating).  At 850 hPa, there are three maxima: one associated with the east-west line, one associated with the north-south line, and a third, weak area in the western edge of the east-west line.  The area of maximum PV is located just south of the rainfall maximum in the east-west line, nearly coincident with the surface mesotrough.  The maximum in the north-south line is in the northern area of the line, coincident with the rainfall maximum and downstream of the midlevel PV maximum.  This is likely due to horizontal advection from the strong along-line flow at 850 hPa.  Additionally, there is an area of negative PV at 850 hPa centered on the northern edge of the gradient of rainfall in south-central Iowa.  Four hours later (Fig. 8c-d), the midlevel PV maximum has amplified and consolidated into a maximum in south-central Iowa.  The location of the maximum is between the two surface mesotroughs (cf. Fig. 7c).  At 850 hPa, there is a similar consolidation and amplification of the PV maximum.  The location of the maximum is nearly coincident with the midlevel maximum, and it is situated just north of the southern surface mesotrough.  By 12 UTC (Fig. 8e-f), the midlevel PV has elongated into a southwest-northeast line whose axis follows the back (northwest) edge of the rainfall (cf. Fig. 7e).  The low-level PV, while weaker than four hours previously, has also elongated along the line of rainfall.  The surface mesotrough extends underneath the maximum low-level PV.  At neither level during the simulation is there any clear indication of a closed circulation.  Furthermore, there is significant flow through the low-level PV maximum from the intrusion of the low-level jet.

Cross sections of virtual temperature anomaly and geopotential height anomaly (Fig. 9) and time-height series of areally-averaged virtual temperature anomaly and relative vorticity over a fixed area encompassing the vortex (Fig. 10) provide a view of the evolution on the mesoscale of the vertical structure of the MCV.  The cross sections were taken to follow the path of the low-level geopotential height minimum, which approximately followed the low-level flow.  At 04 UTC, there is a distinct positive virtual temperature anomaly between 600 and 200 hPa overlying a deep cold pool from the surface to 600 hPa (Fig. 9a).  Maximum amplitudes of the negative anomaly at the surface reach -5(C.  Minimum geopotential heights occur in the midlevels, at the transition between warm anomalies above and cold anomalies below.  These negative height anomalies reach the surface just behind the surface outflow boundary, but further to the rear of the boundary (right side of figure), height anomalies become positive.  In the upper troposphere there are positive height anomalies, consistent with upper-level convectively-induced mesohighs often seen with such systems (see, e.g., Fritsch and Maddox 1981).  Four hours later the surface-based cold pool persists, though the southwestern edge of it (left side of figure) has eroded some through horizontal advection.  The midlevel negative height anomaly is still present as well, and negative height anomalies of more than –10 m now exist at the surface.  By 12 UTC the surface-based cold pool has weakened, but is still present over much of the lower troposphere below 600 hPa.  There is a region of warm air at 850 hPa in the center of the cross section.  This area is associated with a region of subsidence (not shown) that is part of along-line variability along the southwest-northeast oriented line at this time (Fig. 7e).  The midlevel negative height anomalies have strengthened to more than –30 m, and negative anomalies clearly extend down to the surface.

A time-height series of areally-averaged virtual temperature anomaly and relative vorticity is shown in Fig. 10.  Initially the cold pool extends from the surface to 550 hPa.  The depth of the cold pool descends to below 600 hPa by 12 UTC however, while the magnitude of the upper-level warm anomaly increases to more than 2 K at 300 hPa.  The vorticity field initially shows a maximum in mid-levels, consistent with the thermal structure, and a weak anticyclone at the surface.  As time progresses, the axis of maximum cyclonic vorticity descends along with the descent of the cold pool top, so that by 12 UTC the maximum vorticity is located near 700 hPa.  In the lower troposphere, the vorticity increases from less than zero at 850 hPa at 01 UTC to about 10 x 10-5 s-1 at 12 UTC.  Cyclonic vorticity does reach the surface by 06 UTC, exceeding 3 x 10-5 s-1 by 12 UTC.

(2) 25(C INLAND SEA

In the run with the inland sea of 25(C water temperature (Exp. IS25), the impact of the water surface is to destabilize the boundary layer by eroding the low-level cold pool and replacing it with a convectively unstable (((e/(z < 0) environment below 900 hPa during the first few hours (Fig. 11).  Inspections of temperature budgets in the lowest model layer (not shown) indicate that the dominant terms in determining the temperature are horizontal advection and, not surprisingly, surface fluxes of sensible and latent heat.  Surface flux values range from less than 10 W m-2 in Exp. CTL to around 200 W m-2 in Exp. IS25.  

In Exp. IS25 (Fig. 12), the surface fields look similar to the control run at 04 UTC.  A broad mesohigh covers much of Iowa, and a mesotrough has developed in southern Iowa.  The two rainfall axes are present, and the low-level cold pool is evident.  At 08 UTC the cold pool is still present, but it is weaker and it covers a smaller area than in Exp. CTL.  The precipitation field is similar in size and orientation, though maximum rainfall amounts have increased to over 4 cm  hr-1 over a small area.  Similar to Exp. CTL, a mesotrough extends along the northern border of the rainfall shield, though it is of higher amplitude.  An axis of low pressure also extends along the southern edge of the rainfall gradient.  Its amplitude is several hPa stronger than in Exp. CTL, though, so that a closed isobar of 1007 hPa appears.  By 12 UTC, portions of the low-level cold pool have been replaced by a warm anomaly in central Iowa.  The rainfall shield shows a similar orientation and magnitude with Exp. CTL at this time (cf. Figs. 7c and 12c), but the mesotrough that was in central Iowa in Exp. CTL has been replaced by a closed low of 1005 hPa.  The wind field still does not show a closed circulation (in ground-relative terms), though.

Exp. IS25 (Fig. 13) shows similar features to that of Exp. CTL...

Cross sections through the system (Fig. 14) show many similarities with Exp. CTL at 04 UTC.  There is a deep surface-based cold pool overlain by a warm anomaly in the upper troposphere.  Negative height anomalies are in the mid-troposphere, with positive height anomalies at the surface to the rear of the system (right side of figure).  Four hours later the magnitude of the low-level cold pool is weaker and the amplitude of the upper-level warm anomaly is stronger than in Exp. CTL (cf. Figs. 14b and 9b).  Height anomalies of –40 m are in the mid-levels, nearly maintaining this intensity down to the surface.  To the rear of the system the low-level mesohigh evident in Exp. CTL has been replaced by negative height anomalies.  By 12 UTC the surface-based cold pool, while still present in the rear portion of the cross section, is considerably weaker than Exp. CTL (cf. Figs. 14c and 9c).  The upper-level warm anomaly is deeper than Exp. CTL, and the midlevel negative height anomaly has increased in strength to –50 m, compared to –40 m at 08 UTC.  This magnitude of height anomaly is nearly maintained down to the surface, and it is 30 m stronger than Exp. CTL at the surface.

The time-height series for Exp. IS25 (Fig. 15) does not begin to show significant differences with Exp. CTL until about 05 UTC.  At that time the surface-based cold pool becomes weaker than Exp. CTL, with negative virtual temperature anomalies more than 1 K smaller than Exp. CTL from 900 to 700 hPa by 08 UTC (cf. Figs. 15 and 10).  By 11 UTC, portions of the lower troposphere are close to showing no negative temperature anomalies.  The pattern of warming evident in Fig. 15 indicates that the warming starts in the lower troposphere (e.g., the 900-850 hPa layer) and grows upward with time, suggesting that the warming is driven from below.  This is likely because of the surface heat and moisture fluxes accompanying the inland sea.  The low-level vorticity is also stronger than Exp. CTL.  At 850 hPa, the vorticity is about 13 x 10-5 s-1 at 12 UTC, compared with about 10 x 10-5 s-1 at this time in Exp. CTL.  In an areally-averaged framework, this is a significant difference.

(3) 28(C INLAND SEA

In Exp. IS28, the evolution of the boundary layer thermodynamic structure is similar to that of Exp. IS25; namely, a convectively-unstable layer develops in the first few hours (cf. Fig. 16, Fig. 11).  The major difference here is the degree of convective instability.  Whereas in Exp. IS25 the instability exists below 900 hPa by 03 UTC, in Exp. IS28 the instability exists over the entire lower troposphere.  The average (e at the surface is about 2 K greater than Exp. IS25 at 03 UTC and more than 6 K greater than Exp. CTL at this time (cf. Fig. 6, Fig. 11, Fig. 16).

Significant differences between Exps. CTL and IS28 are already evident in the surface fields by 04 UTC (cf. Fig. 17, Fig. 7).  The low-level cold pool is much weaker than in the control run, the east-west line of precipitation covers a larger area and is stronger, and the mesohigh is weaker.  The mesotrough is still evident in southern Iowa, but it is less well-defined than in the other simulations.  By 08 UTC, significant portions of the cold pool over Iowa have been replaced by a warm anomaly.  The pressure field shows that a mesolow of 1003 hPa has formed within the maximum rainfall shield.  Furthermore, there is a closed circulation at the surface associated with this mesolow, with maximum wind speeds of 25 m s-1 on the eastern side of the mesolow.  The warm anomaly mentioned above is situated along the eastern side of the mesolow, within the fastest-moving air.  By 12 UTC, the mesolow has increased in amplitude to 995 hPa.  There are two distinct maxima of rainfall; one to the south of the mesolow within the fast-moving air, and another just to the east of the center of the mesolow.  Almost the entire low-level cold pool has been replaced by a warm anomaly, and wind speeds continue to exceed 25 m s-1 over much of the eastern side of the system.

In Exp. IS28 the PV fields actually show weaker anomalies at 04 UTC than Exp. CTL (cf. Fig. 18a-b, Fig. 8a-b).  The midlevel maximum in the north-south line is weaker and more diffuse, and the low-level maxima in both the north-south and east-west lines are weaker.  Further, the negative PV seen in the control run is virtually nonexistent in Exp. IS28.  Four hours later, the PV in Exp. IS28 is notably stronger than Exp. CTL (cf. Fig. 18c-d, Fig. 8c-d).  Values of midlevel PV are greater than 13 pvu in Exp. IS28 (compared to 7 pvu in Exp. CTL), while low-level PV is greater than 8 pvu in IS28 (vs. 5 pvu in CTL).  In addition, there are indications that a closed circulation is starting to develop at both 500 and 850 hPa.  The location of the PV maximum at 500 hPa is slightly to the east of the surface mesolow, while the 850 hPa PV maximum is collocated with the surface mesolow.  At 12 UTC (Fig. 18e-f), the midlevel PV is not as elongated as in Exp. CTL (cf. Fig. 8e-f), and there are two maxima essentially coincident with the rainfall maxima (cf. Fig. 18e, Fig. 17c).  At 850 hPa, the PV maximum, collocated with the surface mesolow, is nearly four times stronger than in Exp. CTL, and there is a clear indication of a closed circulation.  This is in contrast with Exp. CTL, where there is nearly 30 m s-1 flow passing through the PV maximum at this level (Fig. 8f).

Cross sections through the system (Fig. 19) show that the surface-based cold pool is still present at 04 UTC.  The surface mesohigh in the rear of the system is present also, but weaker than Exps. CTL and IS25 (cf. Figs. 19a, 14a, and 9a).  By 08 UTC, however, the surface-based cold pool in nearly completely eroded over much of the cross section.  The only significant remaining cold anomaly is in the 800 – 600 hPa layer in the rear of the system.  Positive virtual temperature anomalies are stronger and deeper than Exps. CTL and IS25 (cf. Figs. 19b, 14b, and 9b).  The magnitude of the midlevel negative height anomaly at the base of the positive virtual temperature anomaly is –50 m, and this anomaly maintains constant intensity down to the surface.   By 12 UTC the system has amplified considerably.  The system is now warm-cored between 900 hPa and 200 hPa, with positive virtual temperature anomalies exceeding 3 K extending from 700 hPa to 300 hPa.  Maximum negative height anomalies are at the surface, with values exceeding –120 m, and decay upward – a clear indication of a warm-cored system in thermal wind balance.

A time-height series shows the rapid erosion of the low-level cold pool and development of the upper-level warm anomaly (Fig. 20).  Initially there is a deep cold pool, similar to Exps. CTL and IS25 (cf. Figs. 20, 15, and 10).  Similar to Exp. IS25, the cold pool erodes first in the lower troposphere, at around 900 hPa.  The cold pool has weakened substantially by 06 UTC, and is replaced by a warm anomaly at 900 hPa by 08 UTC.  This warming grows upward with time, so that by 11 UTC the entire troposphere (at least below 200 hPa) is warm in the averaging area.  The upper-level warm anomaly begins to amplify by 06 UTC, similar to the other runs, though the depth of the maximum warming is larger than the other runs by the end of the simulation.  The vorticity profile shows an anticyclone initially at the surface, but this anticyclone is replaced by cyclonic vorticity just after 04 UTC.  The midlevel vortex is about 25% stronger than Exp. CTL by 12 UTC (18 x 10-5 s-1 vs. 14.5 x 10-5 s-1, cf. Figs. 20 and 10).  The more significant change is at the surface, where the vorticity increases by about 150% (11 x 10-5 s-1 vs. 4.5 x 10-5 s-1).  The absolute values of these changes are not impressive at face value, but when taken in the context of an areal average with boxes approximately 350 km on a side, they are significant.

4. Discussion

5. Summary and concluding remarks
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