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Atmosphere—ocean thermal coupling in the North Atlantic: A positive feedback
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SUMMARY

In this article, it is examined whether a positive atmosphere-ocean feedback is found over the North Atlantic
through a series of general circulation model (GCM) experiments.

A 60-year integration of an atmospheric GCM (AGCM) coupled with a 50 m deep motionless ocean was
conducted. The coupled run was compared with two uncoupled runs, one with prescribed mid-latitude chimato-
logical sea surface temperatures (SSTs) and the other with daily SSTs derived from the coupled experiment. The
uncoupled atmosphere forces the slab ocean, to obtain S8T responses in these runs. Consistent with previous
stirdies, the coupled atmosphere-ocean fields show interannual variances larger than those in the uncoupled runs,
due to reduction in the local thermal damping.

Patterns of maximum atmosphere-ocean covariability show the Nosth Atlantic Oscillation (NAO) and tripole
SST anomalies both in the coupled and uncoupled fields, indicating a dominant role of the atmosphere in gen-
erating the SST anomalies. On the other hand, analyses of the temporal variability in the three runs suggest an
active role of SST anomalies in determining the polarity of the air-sea coupled variability longer than the mter-
annual time-scale. A combined analysis of forcing SST, upper-air height, and the response SST anomalies in the
uncoupled run identified that a patch of positive SST anomalies in the mid-latitude band around 40°N effectively
excite the positive phase of the NAO, which in turn reinforces the tripole SST anomalies. This relationship was
further confirmed by a nine-member ensemble AGCM experiment forced by the relevant S5T anomalies. Since
the forcing and response SST anomaly patterns bear some resemblance, these results manifest positive feedback
at work in the coupled atmosphere—ocean patterns. The processes responsible for this positive feedback were
claborated by a series of linear model experiments. The local thermal adjustment of the atmosphere to the S5T
anomalies results in increased precipitation over the Gulf Stream region. Associated diabatic heating applied to a
linear baroclinic model vields a positive height response to the east, which highly influences the southern part of
the NAO. This stationary response in turn induces a northward deflection in the storm track activity, leading to an
eddy vorticity feedback that tends to force the positive phase of the NAD.

KeEywoRrEs: Mid-latitude air-sea interaction  North Atlantic Oscillation  Tripole sea surface temperature
anomaly

1. INTRODUCTION

Several decades ago, Bjerknes (1964) first found a coupled atmosphere-ocean
variability over the North Atlantic using mean-sea-level pressure (m.s.lp.) and sea
surface temperature (SST) datasets. The coupled pattern identified consists of a dipole
of m.s.Lp., often referred to as the North Atlantic Oscillation (NAQO), and SST anomalies
having opposite polarity in the Gulf Stream region and to the south of Greenland. After
Bjerknes, observational studies so far conducted suggest that SST anomalies in middle
latitudes are mainly driven by the atmosphere through surface heat flux anomalies
(Wallace et al. 1990; Cayan 1992). The basic concept of this atmospheric driving of the
ocean in middle latitudes has been verified by a stochastic theory (Frankignoul 1985).
In the North Atlantic, it is now well known that the NAO and a tripole SST anomaly
pattern are identified as a statistically derived coupled variability (e.g. Wallace ef al.
1992}. Observational analyses, such as the lag correlations, suggest that the latter is the
response to the former.

On the other hand, a number of studies using atmospheric general circulation models
(AGCMs) have addressed the question whether North Atlantic SST anomalies have an
impact on the atmospheric circulation (Palmer and Sun 1983; Ferranti ef al. 1994, Peng
et al. 1995; Kushnir and Held 1996; Rodwell ef al. 1999). Most of the atmospheric
responses to mid-latitude positive SST anomalies found in their experiments show
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shallow baroclinicity near the SST anomaly and a downstream ridge with an equivalent
barotropic structure. However, these responses are weak and not robust because of the
sensitivity to the model resolution and its climatology (Peng et al. 1997), and also to the
transient eddy feedback (Peng and Whitaker 1999).

Since SSTs are prescribed in the above experiments, their results may not be directly
applicable to the role of active SSTs in the real coupled system. In this regard, the
role of atmosphere~ocean coupling, or the effect of interactive SSTs, has recently
been explored using coupled atmosphere—ocean models (Manabe and Stouffer 1996:
Bladé 1997, Barsugli and Battisti 1998; Saravanan 1998; Bhatt ef al. 1998). Because
the thermal, rather than momentum, exchange at the atmosphere—ocean interface is a
dominant source for the coupled variability in middle latitudes, some of the models
employ a simple motionless ocean. The experiments commonly show a quite significant
result: atmosphere—ocean coupling increases thermal variances, in both the atmosphere
and oceans, at interannual or longer time-scales. The coupling results in an adjustment
between the atmosphere and oceans, leading to a reduction in the net surface heat flux
that works as a damping for both media. This effect, called the reduced thermal damping
by Barsugli and Battisti (1998), extends the persistence of the atmospheric anomalies
(Bladé 1997), and sometimes ‘reorders’ the dominant modes in the free atmosphere
(Saravanan 1998). However, the concept of the reduced thermal damping alone is not
sufficient to tell us about the processes controlling temporal characteristics and the
polarity of the coupled variability.

An ensemble simulation of The UK Met. Office’s AGCM by Rodwell et al. (1999)
gives a useful insight into this question. They succeeded in reproducing the interannual
to decadal fluctuation of the NAO by prescribing observed SSTs in the model. They
found that the positive (negative) evaporation anomalies over the positive (negative) SST
anomalies induce precipitation anomalies in sifi, and the associated diabatic heating
forces the NAO-like geopotential height anomalies. The evaporation anomalies in turn
act to damp the SST anomalies, i.e. the negative feedback. If we consider a coupled
system, however, the NAO-like response may further increase the SST anomalies that
form a positive atmosphere-ocean feedback loop. To make clear the possibility of this
positive feedback is particularly important in theoretical considerations regarding the
mid-latitude decadal-scale climate variability, in which a crucial role of the feedback
in generating decadal periodicity is expected (e.g. Miinnich e al. 1998; Weng and
Neelin 1998; Neelin and Weng 1999; Watanabe and Kimoto 2000). Thus the purpose
of this article is to investigate if the positive feedback is found in a coupled system and,
furthermore, if it significantly contributes to determine the polarity of atmosphere—ocean
coupled fluctuations over the North Atlantic. Recently, Venzke ef al. (1999) performed
an ensemble AGCM simulation for similar reasons. They detected an NAQO-like m.s.Lp.
response to a tripole SST anomaly pattern, both of which are known as a statistically
derived coupled pattern in the North Atlantic, but a positive feedback between them
only occurs to the south of Greenland.

As emphasized by Saravanan (1998), the atmosphere—ocean feedback process in
middle latitudes is hardly detected in analyses of observational data alone, because
of the dominant atmospheric forcing of the ocean. Therefore, here we conduct sev-
eral numerical experiments using an AGCM coupled with a motionless ‘slab’ ocean.
Through a comparison of the coupled run with two uncoupled runs, possibility of the
positive feedback is examined. In section 2, the model and the experimental design are
described. Preliminary analyses of variance in the coupled and uncoupled fields, which
confirm findings in previous studies, are presented in section 3. In section 4, analysis
is extended toward a detection of a positive atmosphere-ocean feedback. A combined
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analysis of the coupled and uncoupled fields made it possible to identify an effective
SST anomaly pattern which influences the polarity of the NAQO and associated tripole
SST anomalies. Because the former SST anomaly pattern has a large projection onto the
tripole SST anomalies, this suggests the presence of positive feedback. In section 5, the
positive feedback is further verified with an ensemble AGCM simulation which gives an
estimate of the magnitude of the feedback, and atmospheric processes responsible for
the feedback loop are then elaborated using linear dynamical models. A summary and
discussion are given in section 6.

2. MODEL AND EXPERIMENTAL DESIGN

The atmospheric model used in this study is a global spectral GCM co-operatively
developed at the Center for Climate System Research (CCSR), University of Tokyo,
and the National Institute for Environmental Studies (NIES); this is referred to as
the CCSR/NIES AGCM. The CCSR/NIES AGCM has standard physics such as: the
Arakawa—Schubert cumulus parametrization, radiative transfer scheme, a bucket model
for land surface processes, and the level 2.0 turbulence closure scheme by Mellor and
Yamada (1974, 1982). One can find more details of the model in Numaguti et al. (1993),
Shen e al. (1998), and Watanabe and Nitta (1998). Here a low-resolution version of
this AGCM is used, namely, with horizontal resolution of T21 and 11 sigma levels
in the vertical. As mentioned in the introduction, this model is coupled to a 50 m
deep, motionless ocean in order to investigate the effect of atmosphere—ocean thermal
coupling. The simple ocean does not include the ocean dynamics to generate El Nifio in
the equatorial Pacific, which may be necessary to simulate realistic variances not only
in the tropical but also in the extratropical atmosphere. To avoid this problem, SSTs in
the tropical band from 20°S to 20°N are prescribed as monthly SST observations. A
flux correction is also applied outside the tropics in order to compensate for the ocean
heat transport. The climatological flux is calculated vsing a 20-year integration of the
coupled model in advance, by restoring the extratropical SSTs to observed values with
a time constant of three days.

The coupled model was integrated for 60 years with observed tropical SSTs from
January 1938 to December 1997 in the tropics. The design of this experiment follows the
Tropical Ocean/Global Atmosphere mixed-layer (TOGA-ML) experiment by Lau and
Nath (1996) who examined teleconnection processes in the Pacific. It 1s emphasized,
however, that an historical simulation is not the aim of this study. In addition to this
coupled run (hereafter referred to as CTL), two uncoupled experiments were conducted
with tropical conditions identical to CTL. Atmospheric ficlds in both experiments are
driven by prescribed SSTs (often referred to as the forcing SSTs, hereafter) even in
middle latitudes, as schematically illustrated in Fig. 1. Given archived extratropical
SSTs in CTL, one uncoupled run employs the same climatology, while daily values are
provided to the other (cf. Fig. 1). These uncoupled experiments are called PS1 and P52
runs, respectively. The atmosphere in these runs forces the passive slab ocean to compute
response SSTs. It should be noted that the net surface heat fluxes from the ocean (O)

to the atmosphere (A; denoted as Qg +» the superscript U’ stands for “uncoupled’) and

vice versa (QEO) are not the same as each other in the uncoupled runs.

Barsugli and Battisti (1998) have discussed differences in temperature variances in
the above three systems but with a much simplified energy-balance model. Their results
have been verified further by other studies which used GCMs (Bladé 1997; Saravanan
1998; Bhatt er al. 1998). While the focus of this study 18 to mvestigate 1f a positive
atmosphere—ocean feedback plays a role in the coupled variability, we first present the




3346 M. WATANABE and M. KIMOTO

CTL

{couple)

PSs1

{(ancouple)

Ps2

{uncouple)

fug mnﬂﬂ f{;ng nse
SST = SST SST  SST

cllnmtol-agy’ /
daliy values
\.

Figure 1. Schematic diagram showing designs for three GCM experiments (see text for description).

analysis of vanance in the next section in order to confirm findings in the previous
studies. Since we mainly concentrate on the wintertime (December—February) fields,
when the atmosphere shows the largest anomalies, seasonality of the coupled variability
is not discussed. While observed fields are not thoroughly analysed in this study, the

extent to which the analysis of simulated fields are applicable to the real climate will be
remarked (ct. sections 4{a), 5(b), and 6).

3. CHANGE IN LOW-FREQUENCY VARIANCES

Changes in the atmosphere-ocean variance with and without thermal coupling are
first evaluated in terms of standard deviations (SDs) of the winter 500 hPa height
(hereafter referred to as Z500) and SST anomalies (response SSTs in the uncoupled
runs ). Figure 2(a) and (d) show SDs of these quantities over the North Atlantic in CTL.
The pattern of Z500 (Fig. 2(a)) shows a meridional dipole having maxima of about 65 m,
which refiects a dominant mode of variability over the domain, i.e. the NAQ. This pattern
is realistic compared to observations such as the NCEP/NCAR®* re-analysis (not shown),
but the variability north (south) of S50°N is somewhat underestimated (overestimated) in
the model. The SD in winter SST fields (Fig. 2(d)) represents large variances in the
north-western part of the North Atlantic, including the vicinity of the Gulf Stream.
While this is consistent with the observational counterpart (e.g. winter Global Ice and
SST (GISST) fields, not shown), the simulation shows the maximum to the south of
Greenland while the observations show much variability along the Gulf Stream. The
difference in the location of the maximum variance is attributed to the lack of ocean
dynamics in CTL.

When SDs of 2500 fields from the uncoupled runs are compared with those of CTL
(Fig. 2(b) and (c)), a decrease in the SD of about 10 m is found over a large part of the
North Atlantic. While the height variances increase over eastern Canada and northern
Europe, the SDs in these areas are minimal in the model. A similar comparison made
for SST fields (Fig. 2{(e) and (f)) shows that the SST variances in PS1 and PS2 are lower
than those m CTL over the entire North Atlantic. These figures indicate that the thermal
coupling in middle latitudes enhances the variance both in the atmosphere and in the
ocean. However, the decrease in SDs of Z500 and SST is more conspicuous in PS1 than

* National Centers for Environmental Prediction/National Center for Atmospheric Research.
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Figure 2. (a) Standard deviations (SDs) for winter 500 hPa height anomalies over the North Atlantic in the

coupled general circulation model experiment, CTL. Contour interval 1s 10 m while values greater than 50 m ate

shaded. (b} Differences in the height SDs between CTL and uncoupled experiment PS1. Contour interval 1s 5 m

with negative values shaded. (¢} As (b) but for differences between CTL and uncoupled experiment PS2. (d)-(f)

As (2)-(c) but for winter sea surface temperature anomalies. Contour intervals are 0.2 K m {d) and .1 K in {e}
and (). The shading in {d) denotes values greater than 0.6 K, See text for details of models.

in PS2. Similar results have been reported in previous studies (Manabe and Stouffer
1996; Bladé 1997; Barsugli and Battisti 1998; Bhatt et ¢l. 1998).

As mentioned in the introduction, Barsugli and Battisti (1998) have explained the
essential physics responsible for the enhanced variance in the coupled system in terms
of the reduction of the heat flux variance due to atmosphere—ocean adjustment. Their
theory shows that this adjustment is more effective on time-scales longer than several
months which is the e-folding time for mixed-layer temperature anomalies in the mid-
latitude ocean. In order to verify their results in our experiments, we present power
spectra for the net surface heat flux averaged over the North Atlantic in Fig. 3(a) and
(b). The spectra for CTL (0%, = 0§, thick solid lines; the superscript ‘C’ stands for
‘coupled’) are roughly flat in the frequencies higher than 1 ¢py while they drop off in the
lower frequencies toward zero due to adjustment of SSTs to the atmospheric conditions.

The slope in lower-frequency bands is similarly found in the spectra for Qj, in PS]
and PS2 (Fig. 3(a)) because it is calculated using atmospheric quantities and adjusted
SSTs. On the other hand, spectra for QH 4 (Fig. 3(b)) show different shapes from those

for Qg A 1N CTL and QED in the uncoupled runs; they are flat in all frequencies in P51,
but increase in low frequencies in PS2.

The spectra shown in Fig. 3(a) and (b) are quite similar to Figs. 7 and 10(b) of
Barsugli and Battisti (1998), therefore the above results support their interpretation.
However, one controversy is found in Fig. 3(b). The power spectrum for Qg 5 in PS2
clearly shows larger variance than that in PS1 on interannual time-scales, which shouid

imply larger damping for the PS2 atmosphere. Nevertheless, the spectrum for QH{} in
PS2 reveals low-frequency variance nearly identical to that for the net flux spectrum in
CTL, and larger than that in PS1. In our simple ocean, this difference is directly reflected
in the variability in SST, so that the spectra show a similar difference, i.e. CTL > PS2
> P81 (Fig. 3(c)). Recall that PS2 employs time-dependent prescribed SSTs in the




3348 M. WATANABE and M. KIMOTO

1.5

----~—-—~ ssT, grm
- 98T, P82

400 -

)
e it

A S 0 S E— 0 SRt
0.05 0.1 015 Q.2 0.05 0.1 015 9.2 0.05 0.1 015 Q.2

Figure 3. (a) Power specira of monthly net surface fluxes from the atmosphere (o the ocean {Qﬁo and

QEG) averaged over 0°-100°W and 20°-70°N in the coupled (superscript C; CTL) general circulation model
expertment, and uncoupled (superscript U; PS1 and PS2) runs. (b) As (a), but for heat fluxes from the ocean to

the atmosphere (Q(, and 5, ). Note that S, is equal to Q% in CTL. {¢) As (a), but for monthly sea surface
temperature anomalies. See text f%:r details of models.

extratropics, differences in the spectra for Qg 4 and SST between PS1 and PS2 suggest
that the effect of SST anomalies on the atmosphere—ocean system should induce aspects
other than the reduced thermal damping. In the next section the difference between PS1
and PS2 is examined in terms of the temporal fluctuations in Z500 and SST, together
with their coherence with CTL.

4. SIMULATED COUPLED VARIABILITY

(@) Atmosphere-ocean coupled patterns

The reduced thermal damping effect shown in the previous section is essentially a
local process. On the other hand, a positive feedback between the atmosphere and the
ocean, if any, possibly involves non-local processes. In order to discuss such processes,
a coupled pattern of variability should first be identified. Here we employ the singular
value decomposition (SVD) analysis to detect an atmosphere—ocean coupled variability
(Bretherton ef al. 1992). The SVD analyses are applied to winter Z500 and SST
anomalies in the three GCM experiments, and additionally to the NCEP/NCAR re-
analysis and GISST during 1958-97. It is noted that the leading modes in the four pairs
of fields, which are described below, are all statistically significant at the 95% level
based on a Monte Carlo test (Iwasaka and Wallace 1995).

Shown in Fig. 4(a) are the leading SVDs in the GISST/NCEP fields represented by
the heterogeneous regression maps, which account for 41% of the total covariance. The
coupled pattern in observations is already familiar (cf. Wallace et al. 1992) having a
2500 dipole and a tripole SST pattern. It should be noted that the Z500 dipole shown
in Fig. 4(a) somewhat resembles the NAO, but the relative magnitudes of the northern
and southern centres are uneven, and the node is shifted to the south by 10 degrees
compared to the canonical NAO (e.g. Barnston and Livezey 1987). While the leading
SVD in CTL also shows a Z500 dipole and a SST tripole (Fig. 4(b)), there are several
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Figure 4. Heterogeneous regression maps for the leading singular value decomposition mode between winter
sea surface temperature {SST; left panels) and 500 hPa height (right panels) anomalies over the North Atlantic in:
(a} observations (GISST and NCEP/NCAR re-analysis for 1958-97)}, (b) coupled experiment CTL, and uncoupled
experiments (c) PS1, and (d) PS2. Note that response SST is used in PS1 and PS2. Squared covariance fraction
(SCF} and the correlation coefficient between expansion coefficients (v} are shown at the top of left panels.
Contour intervals for SST and height regressions are 0.1 K and 10 m, respectively, while the negative contours are
dashed. Statistically significant areas at the 95 (99)% level are indicated by the light (dark) shading. See text for
further details.

discrepancies with the observed mode. The most apparent difference 1s that the dipole in
the height anomalies is more projected on to the model’s NAO as defined by the leading
empirical orthogonal function (EOF) of monthly Z500 anomalies (not shown, see also
appendix A), leading to higher significance of the mode in CTL. than in observations.
The SST regressions also reveal positive anomalies in the 30°-45°N latitude band, more
zonally elongated in the model, observations being confined to the US east coast.
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The leading SVDs in the two uncoupled runs, between the Z500 and the response
S35 Ts, are shown in Fig. 4(c) and (d). They account for 69 and 78% of the total
covariance in the respective fields. It should be noted that the patterns show little
difference from the leading SVD in CTL, indicating that these coupled patterns are
primarily driven by the atmosphere because response SS8Ts in PS1 and PS2 are passive.
The similarity between the leading SVDs in three experiments also indicates that neither
the coupling nor the presence of anomalies in forcing SSTs modify the spatial structure
of the dominant atmosphere—ocean coupled fluctuation. This result is again consistent
with previous reports (Bladé 1997; Saravanan 1998). However, the squared-covariance
fraction (SCF) in PS1 is the lowest among the three experiments, while SCFs in the
other two are comparable. This may imply that the SST anomalies in the North Atlantic
preferentially enhance the NAO-like atmospheric anomalies.

(b) Temporal coherence

Observational studies (Frankignoul 1985; Cayan 1992) and the SVD analysis shown
in section 4(a} suggest that the substantial part of the coupled atmosphere—ocean
variability is due to the variability in the free atmosphere independent of SST anomalies.
If, however, even a part of such forced SST anomalies reinforces the atmospheric
variability, such a feedback may affect the temporal variability of the large-scale
patterns. As referred to in the introduction, an AGCM study by Rodwell et al. (1999)
does show the active role of mid-latitude SST anomalies in simulating the temporal
variability of the NAO. In our experiments, the active role of SST anomalies is first
examined by cross-spectrum and correlation analyses between Z500 and SST in the
coupled and uncoupled runs.

Coherence specira between monthly anomalies of SST in CTL and response SSTs
m PS1 at individual grid points are averaged over the North Atlantic (Fig. 5(a)). Due
to the identical prescribed SSTs in the tropics, SST anomalies in the two runs have
coherence of about 0.2 with the SD about 0.1 (shading) at all the frequencies. Strong
coherence in a specific frequency band is not found in Fig. 5(a). On the other hand,
the coherence spectrum between SST anomalies in CTL and P32 clearly shows an
increase of coherence at frequencies lower than 1 cpy (Fig. 5(b)). Since the SSTs in
CTL force the PS2 atmosphere, enhanced low-frequency coherence shown in Fig. 3(b)
strongly suggests that the atmosphere affected by an SST anomaly tends to reinforce it,
namely, it produces positive feedback. The phase spectrum corresponding to Fig. 5(b),
indicating the lead of SST anomalies in CTL for several months, reinforces the feedback
(not shown). Although the change in the shape of coherence spectra in PS1 and PS2 is
less dominant for Z500 anomalies (Fig. 5{c) and (d)), an enhancement of coherence at
interannual to decadal time-scales is also visible.

Spatial locations responsible for the enhanced low-frequency coherence (Fig. 5) are
identified by calculating local correlation coefficients between CTL and two uncoupled
(i.e. PS1 and PS2) fields (not shown). The correlation map between monthly SST
anomalies in CTL and PS1 is again different from that between CTL and PS2, such
that the latter shows highly significant positive correlations in most part of the North
Atlantic except for the coastal regions. Unlike SST anomalies, correlations of Z500
anormalies between CTL and the two uncoupled fields are similarly insignificant in the
extratropics. However, when a 24-month low-pass filter is applied to Z500 anomalies,
significant correlations are found over the ocean, except for the region off Newfoundland
with the node of the NAO, suggesting the increased coherence in Fig. 5(d) compared to
Fig. 5(c) is due to coherence of the NAO. In fact, time coefficients of the leading EOF
for monthly Z500 anomalies in CTL and PS2, both of which well represent the NAO
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Figure 5. {a) Coherence between monthly sea surface temperature (SST) anomalies in coupled experiment CTL

and uncoupled experiment P51 averaged over 0°~100°W and 20°-70°N (thick line) with one standard deviation

over the domain shown by the shading. (b) As (1), but for monthly SST anomalies in CTL and uncoupled

experiment PS2. (¢) And (d} as (2) and (b}, but for the coherences between 500 hPa height anomalies. See text for
details of models,

(see appendix A), are less correlated (0.11), while the correlation between the low-pass
filtered time coefficients increases to 0.35 which s significant at the 95% level. In the
next section, we attempt to identify the SST anomaly pattern which most effectively
excites the dominant mode in the atmosphere, such as the NOA.

{c) Detection of effective SST forcing

In section 4(a), the SVD was used to identify the coupled pattern with the NAO-like
7500 anomalies and the tripole {(response) SST anomaly pattern. Here the SVD analysis
is extended to detect a SST forcing pattern which is the most effective m exciting this
coupled pattern. For this purpose, a covariance matrix to be solved by the SVD, denoted
as Cg7, is redefined using PS2 fields as

Csz = (Srre|Sres)Z”, (1)

where Sgre and Sgges are winter forcing and response SST anomalies, respectively, in
the North Atlantic, while Z denotes winter Z500 anomalies. This SVD, called combined
SVD (CSVD) analysis for convenience, yields heterogeneous regression maps for Sggc,
Sreg, and 7 with respect to each mode. The leading CSVD mode accounts for 72.4% of
the total covariance with correlation between the expansion coefficients (r) of 0.54, and
has a spatial structure as shown 1n Fig. 6.

The heterogeneous regressions for Z500 and response SST anomalies in PS2
(Fig. 6(a) and (c)), showing a pattern quite similar to the leading conventional SVD
mode Fig. 4(d)), are highly significant. The regressions for forcing SST anomalies in
PS?2 (Fig. 6(b)) reveal a positive SST anomaly pattern along 40°N, although it is less
significant than patterns on to the other two frames. These regression maps may be
interpreted as follows: a forcing SST anomaly pattern shown in Fig. 6(b} excited the
positive phase of the NAO (Fig. 6(a)), and that in turn fed back on the ocean to generate
the tripole SST response (Fig. 6(c)). This view, however, may not seem very convincing
because the spatial significance of the forcing SST anomalies is insufficient. To make
clearer the statistical robustness of the forcing SST pattern (Fig. 6(b)) and the NAO-
tripole SST relationship, a Monte Carlo test was performed for the singular value and
r of the leading CSVD mode (Fig. 7). The test consists of computing singular modes
for Sgre randomly shuffled in time in Eq. (1). Figure 7 shows leading singular values
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Figure 6. Heterogeneous regressions for the leading combined singular value decomposition {CSVD) mode in

the winter uncoupled experiment PS2 fields. (a) 500 hPa height, (b) prescribed forcing sea surface temperature

{(SST) anomalies which are obtained from coupled experiment CTL (cf. Fig. 1), and (c) response SST anomalies
calculated in PS2. Other details are as in Fig. 4. See text for descriptions of models.

and r obtained from the 200 random realizations, together with the respective quantity
for the leading CSVD mode denoted by “x’. It is found that both the singular value
(and r) are above 2 SD of the 200 realizations in which only two (four) are in excess of
the singular value (r) for the leading CSVD mode, meaning it is significant at the 99%
(98%) level. This result indicates that the relationship shown in Fig. 6 is, at least statis-
tically, confidently established. The physical implication of the leading CSVD mode is
investigated in sections 4(d) and 5. It is emphasized that the extent to which the forcing
SST anomaly influences the NAO is much smaller than the atmospheric driving of the
tripole SST anomalies, as represented by changes in probability densities of the patterns
(see appendix A). It should be noted that the forcing SST pattern in Fig. 6(b) is quite

similar to SST anomalies that Palmer and Sun (1985) dealt with in their pioneering work
(see discussion in section 6).

(d) Surface flux and precipitation anomalies

To confirm further the presence of positive feedback in the mid-latitude SST anoma-
lies as suggested so far, physical processes should be elaborated. In reality, the atmos-
phere will respond to the anomalous SST through surface flux and precipitation anoma-
lies. Thus anomaly maps for the net heat flux and precipitation in PS2 were prepared
based on a composite of winters when the SST expansion coefficients for the leading
CSVD mode exceed £1 SD. For comparison, similar composites are computed for the
P51 fields based on the SST expansion coefficients for the leading SVD mode in PS1

shown in Fig. 4(c). The composites for the two net fluxes, QE{) and QS A»> are shown
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Figure 7. Results of the Monte Carlo test for the significance of the leading combined singular value decom-

position {CSVD) mode shown in Fig. 6. Shown are (a) singular values and (b) correlation coefficients between

expansion coefficients for the 200 random samples with their standard deviations. Values for the leading CSVD
mode are indicated by “x " at the left of panels. See text for further details.

in Fig. 8, in which all the positive values denote a heat release from the ocean to the
atmosphere. Keeping the experimental design in mind (cf. Fig. 1), it is expected that

the composite anomalies for QEO and QS 4 in PS1 are similar to each other (Fig. 8(a)
and (b)). They show a pattern which tends to generate the SST tripole, namely, warming
of the ocean due to negative fluxes in middle latitudes with simultaneous cooling due
to positive fluxes to the south of Greenland and in the subtropics. The fact that the

composites for Qg 4 (Fig. 8(b)) have anomalies roughly three times as large as those for

QE{) (Fig. 8(a)) is explained in terms of the lack of the thermal adjustment of SST in
the former (cf. Fig. 3(b)), leading to larger air—sea temperature differences.

Composite anomalies for QEO in PS2 (Fig. 8(c)) are essentially the same as in

PS1 though they are less significant. On the other hand, the anomalies for Qg 4 In PS2
(Fig. 8(d)) reveal a substantial difference from those in PS1. While the pattern resembles
Fig. 8(c) to the south of Greenland and in the subtropics, it has a large positive anomaly
around 40°N, 60°W, which is not found in other composite maps. It corresponds to
the sensible- and latent-heat release (mostly the latter) from the ocean associated with
positive forcing SST anomalies shown in Fig. 6(b}. It should be noted that in the coupled
system (1.e. CTL) this heat release works not only to force the atmosphere but also to
damp the posifive SST anomalies themselves. The former action ¢an produce a non-
local atmospheric response, and it in turn reinforces the SST anomalies forming a large-
scale positive feedback loop, as examined in detail in the rest of this paper. The CSVD
analysis successfully identified this signal because the prescribed SST anomalies in PS2
were not subject to the local negative feedback. In CTL, and perhaps in observations,

Qg A (== QE{}) 1s determined by a mixture of these positive feedbacks and the one-way
atmospheric forcing.

There 1s no doubt that the positive phase of the NAO (Figs. 4(c) and 6(a)) produces
the net heat flux anomalies as shown in Fig. 8(a)—(c). At the same time, the circulation
anomaly leads to a northward shift in the water-vapour transport (Hurrell 1995), which
results in greater precipitation to the east of negative pressure anomalies and less
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Figure 8. (a) Composite map for the uncoupled atmosphere-ocean net surface heat flux (QU ) 1n the winter
uncoupled experiment PS1 fields, based on the sea surface temperature {§5T} expansion c{}eﬁimem of the ieadmg
singular value decomposition (SVD) mode (Fig. 4{c)}. Shown is the ditference Df the positive minus negative
winters, each of which consists of about ten cases. Contour interval is 20 W m™? while negative contours are
dashed. Statistically algmfu,.:mt areas at the 95% level are shaded. {b} As (a), but for uncoupled ocean~atmosphere
net surface heat fux ({2 4 0 (C-(d) As {a)-(b), but for the composites i uncoupled experiment PS2, buased on
the SST expansion c:{:s&fﬁcmnf of the leading combined SVD mode (Fig. 6). All the quantities are defined positive
npward. See text for details of model experimentis.
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Figure 9. (ay{b} As Fig. &{a) and (¢), respectively, but for the precipitation. (¢) As Fig. 8(a), but for the
precipitation composite in the winter coupled experiment CTL fields, based on the SST expansion coefficient
of the leading SVD mode (Fig. 4(b}). Contour interval is 0.5 mm day™1.

precipitation to the south as shown in the precipitation composite in PS1 (Fig. 9(a)).
The composite shows a north—south dipole of the precipitation anomaly having an
opposite sign to the height fields. 1n the composite precipitation map in PS2 (Fig. 9(b)),
another significant anomaly is found in addition to the dipole associated with the NAQ,

an elliptic positive anomaly just over the centre of positive forcing SST anomalies in
i
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Fig. 6(b). It is interesting to note that a similar positive precipitation anomaly is also
found in the composite map in CTL (Fig. 9(c)). The coincidence in the locations of
positive forcing SST, Qg - and precipitation anomalies indicates that the increased
evaporation due to sea surface warming is locally washed out. This locally consumed
water vapour is also found in a simulation by Rodwell ef al. (1999), In the next section,
the role played by the diabatic heating associated with this precipitation anomaly is
examined.

5. POSITIVE FEEDBACK LOOP

In this section, processes in the positive feedback mentioned in the previous section
are examined in detail using two kinds of idealized experiments. One 1s the conventional
ensemble simulation using an AGCM with and without a specified SST anomaly pattern,
while another kind of experiment involves analyses using linear dynamical models.

(@) Sensitivity experiment

Two nine-member ensemble integrations are conducted using the AGCM with the
same resolution as CTL: one with monthly observed climatological SSTs globally, and
another with the same SSTs except over the North Atlantic where the positive SST
anomaly pattern as shown in Fig. 10(a) is added. The SST anomaly pattern is derived
from Fig. 6(b) with the magnitude corresponding to 3 SD (maximum of about 0.8 K};
this amplitude is still smaller than that given in previous studies. Each member consists
of a 10-year integration including the seasonal cycle to avoid an error in the background
flow for a perpetual condition (Peng et al. 1997). As in PS1 and PS2, passive 55T
response in the slab ocean forced by the AGCM was also computed.

Shown in Fig. 10 are the equilibrium responses for the net heat flux (1. Qg A)» pre-
cipitation, mean-sea-level pressure (m.s.1.p), Z500, and SST fields. They are the differ-
ences in ensemble 10-year averages between the anomaly and climatology integrations.
As expected from results presented in section 4(d), the positive SST forcing (Fig. 10(a))
induces positive flux anomalies (Fig. 10(b)) mainly due to increased evaporation, and
they are converted to an in situ precipitation anomaly around 40°N, 45°W (Hig. 10(c))
accompanying an anomalous diabatic heating. This diabatic heating is concentrated in
the lower troposphere (cf. Fig. 11{c) below). Although the m.s.Lp. response is not sig-
nificant over the ocean (Fig. 10(d)), the Z500 response shows a significant dipole pattern
which well resembles the NAO (Fig. 10(e)). These atmospheric responses in turn force
the ocean, such that positive {negative) SST anomalies are generated in middle latitudes
(south of Greenland), as shown in Fig. 10(f). The amplitude of the SST response has a
maximum of 0.4 K, which is approximately half the forcing SST anomaly in Fig. 10(a).

In a hypothesis recently proposed by Peng and Whitaker (1999) for the atmospheric
response to mid-latitude SST anomalies, it is mentioned that the diabatic heating due to
anomalous sensible fluxes during the initial period of integration is of importance be-
cause the air-sea temperature difference is a maximum at this period. It appears consis-
tent with their argument that the atmospheric responses shown in Fig. 10 are significant
but quite weak because the atmosphere virtually adjusted to the SST anomalies at the
equilibrium. On the other hand, the relationship between the forcing SST and atmos-
pheric responses as extracted by the CSVD analysis does not represent the equilibrium
signal but indicates slow (i.e. interannual to decadal) transient components. Thus the
large diabatic heating during the initial period in AGCM experiments is reinterpreted n
coupled GCM experiments, and probably also in the real coupled system, as a heating
due to local atmospheric adjustment on slow time-scales. Furthermore, the condensation
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Figure 10. (a) Sea surface temperature (SST) anomalies given to nine-member ensemble experiments of the
atmospheric general circulation model. Contour interval is 0.2 K. (b)~(f) Equilibrium responses to the SST
anoraaly pattern in (a) of the net upward fluxes of heat, precipitation, mean-sea-level pressure, 500 hPa height,

and 88T, with contour intervals are 1 Wm™, 0.1 mm day~!, 0.1 hPa, 1 m, and 0.2 K, respectively. Statistically
significant areas at the 90 (95)% level are indicated by light (dark) shading,

heating seems more important than the sensible heating. The dynamics between the
heating in the central North Atlantic and the NAO-like response in Z500 anomalies will
be made clear in the next section.

(b) Linear model experiments

After Hoskins and Karoly (1981), numerous studies have examined the atmospheric
response to a diabatic heating associated with El Nifio in the equatorial Pacific, by
solving steady linear equations with a given basic state and a thermal forcing (e.g.
Held ef al. 1989). Peng and Whitaker (1999) applied this technique to the question of
the atmospheric response to mid-latitude SST anomalies. Calculating the steady linear
response is also useful to provide an answer to the present question how the heating in
the central North Atlantic excites the positive NAO.

The linear model used here is based on primitive equations identical to those in
the CCSR/NIES AGCM, except for the reduction in vertical resolution from eleven to
five levels (see appendix B for detail). With a basic state, X, derived from the winter
climatology in CTL, a steady response X follows an equation with the matrix form

LX)X =F, (2)

where F indicates a forcing vector, and L the linear dynamical operator that consists of
the right-hand-sides of Eqgs. (B.1)~(B.4), respectively.

The forcing considered here is the diabatic heating associated with the positive
Qo4 anomalies in Fig. 8(d), which is divided into two components: the anomalous
sensible heating and condensation heating due to precipitation anomalies (cf. Fig. 9(b)).
The former is found upstream and accounts for less than one third of the total QEA
anomalies (not shown). The sensible heating is limited to within the planetary boundary
layer, while the condensation heating is concentrated in the lower troposphere above
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Figure 11. (a) Idealized heating profile averaged over 50°-80°W, 35°-50°N which represents the sensible

heating. The horizontal axis denotes the heating rate in K day“*. (b) Steady height response at 500 hPa to the
sensible heating with the profile in (a). The contour intervals are 3 m; the negative contour is dashed. The heating

pattern is shown for o = 0.9 and the area with magnitude greater than 0.5 (1.0) K day™! is light (dark) shaded.

(c) As (&) but for the heating profile over 30°—60°W, 35°--50°N which represents the precipitation heating. The

profile obtained by the composite in uncoupled experiment PS2 is shown by the dashed line. (d} As {b) but for the
height response to the precipitation heating. The heating pattern 1s shown for o = 0.7,

the boundary layer as confirmed by the vertical profile of the heating composite in PSZ2.
Thus two idealized heating patterns having different profiles, as shown in Fig. 11i(a)
and (c), are used in Eqg. (2) to obtain the direct response to the heating. The steady
height responses shown in Fig. 11(b) and (d) represent large-scale, downstream positive
anomalies. The response to the precipitation heating (Fig. 11(d)) has larger values and
stronger projections onto the southern part of the NAO (e.g. Fig. 6(a)}, suggesting a
more dominant role of the latent heating than of the sensible heating.

While the sum of these atmospheric responses somewhat resembles the NAO, the
negative response in high latitudes is weak and, furthermore, it contains large baroclinic
components unlike equivalent barotropic anomalies of the NAO. An interaction with
transient eddies is a possible candidate for converting the thermally forced, baroclinic
anomalies to equivalent barotropic anomalies. In fact, Peng and Whitaker (1999) show
that an interaction between the large-scale anomalies and the high-frequency, transient
eddy activity is crucial in determining the atmospheric response found in their GCM.
The change in transient eddies, or the storm track, in response to the presence of
large-scale anomalies is evaluated by Branstator (1995) using a so-called storm track
model. His work shows that the transient eddy statistics can be parametrized by a large
number of linear model integrations with spatially random initial perturbations. By
employing his method, we also reproduced the transient eddy statistics, defined here as
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2~8 day band-passed components, using our linear model as detailed in appendix C. The
Interplay between large-scale anomalies and storm tracks is examined by a successive

use of the steady linear model and the storm track model as follows. When we rewrite
Hg. (2) as

LX)X; =Q, (3)

where Q denotes the combined sensible and latent heating shown in Fig. 11(a) and (c)
while X is the thermally forced response. The eddy statistics in association with the
response X are obtained by the storm track model

f

L+ L&+ X)X =0. (4)

dt

The anomalous eddy forcing F(X{), which consists of the convergence of eddy
heat and vorticity fluxes, is computed by subtracting the eddy statistics under the basic

state X from those simulated with Eq. (4). When the eddy vorticity flux only is taken
nto account in F(X) results were essentially the same, except for the enhancement
of the response. This implies the secondary role of the eddy heat flux convergence,
consistent with earlier studies showing that eddy heat fluxes are less important in the
upper troposphere (Lau and Holopainen 1984) and may even be parametrized by a
harmonic temperature diffusion (cf. Ting and Lau 1993). Then the steady linear model
18 again used to yield an eddy-induced secondary response, Xs,

LX + X)X, = F(X)). (5)

Figure 12 shows X, X7, and X obtained from the above analysis. The height
response corresponding to Xy (Fig. 12(a)) is equal to the sum of Fig. 12(b) and (d)
while X’i 18 represented by the root-mean-square (r.m.s.) of eddy height in Fig. 12(b).
In association with this large-scale pattern, changes in the transient eddy activity as
simulated by the storm track model are characterized by a north—south dipole straddling
the mean position of the storm track (Fig, 12(b)). While the northward deflection of the
Atlantic storm track is so far found in relation to the eastern Atlantic pattern (Lau 1988),
composites for band-pass eddy height with respect to the positive and negative phases
of the NAO also show similar displacement in the storm track both in the GCM and the
storm track model (Fig. C.2), and even in observations (e.g. Bresch and Davies 2000,
their Fig. 12). The steady height response, X3, to the eddy vorticity and heat forcings
18 shown in Fig. 12(c). The pattern is a north-south dipole having a large projection
onto the positive phase of the NAO. Thus the combined linear diagnostics of Egs. (3)-
(3) indicate interactions between the heating-induced anomalies and the storm track,
working co-operatively to excite the NAO-like height anomalies.

It is worth examining which component in large-scale anomalies shown in Fig. 12(a)
leads to the northward displacement of the storm track. For this purpose, X is divided
mto barotropic and baroclinic components and X! and X re-calculated for the respec-
tive components. The barotropic component is defined as the vertical average of X,
while the baroclinic component is the residual. The m.s.L.p. anomalies for the barotropic
component are delermined as they satisfy the geostrophic balance. The r.m.s. of tran-
sient eddy height associated with the barotropic, and that associated with the baroclinic,
components of X show the northward deflection and north-eastward extension of the
storm track, respectively (Fig. 13(a) and (c)). The northward deflection in response to
the barotropic anomalies (Fig. 13(a)) is due to the steering effect by the strengthened
(weakened) westerlies over the north (south) of the mean storm track, consistent with
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Figure 12. (a) Steady height response to the combined heating due to sensible flux and condensation, which is
equal to the sum of Fig. 11(b) and (d). Contour interval is 3 m; negative contours are dashed. (b} Anomalies in the

root-mean-square of the eddy height, v/ 2, at sigma level 0.33, simulated by the storm track model. The contour

interval is 1 m; shading denotes areas of the +/ 2’2 climatology greater than 60 m. {¢) 500 hPa height response to

the eddy forcing due to convergence of eddy vorticity and heat fluxes, associated with {(b}. The contour interval is
I m and negative contours are dashed.

Branstator’s (1995) results. On the other hand, the north-eastward extension of the eddy
activity in the baroclinic case (Fig. 13(c)) is explained not only by the increased vertical
shear around 50°N but also by the reduction in the low-level thermal stability over the
positive height response shown in Fig. 12(a). While both of the steady height responses
to these eddy anomalies show a meridional dipole (Fig. 13(b} and (d)), the dipole re-
sponse in the barochnic case is found south-eastward of that in the barotropic case. Note
that the latter pattern is very similar to the NAQO, although the former is shghtly domi-
nant in magnitude. The combined linear model computation employed here (Egs. (3)—
(5)) 1s regarded as an approximation to the nonlinearly equilibrated interplay between
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Figure 13. (a)-{b) As Fig, 12(b) and (¢}, but for the barotropic components of the thermally forced response,
X1, given to the storm track model. (c)-(d) As {(a}~(b), but for the baroclinic components.

quasi-stationary large-scale pattern and transient eddies. Since the eddy-induced re-
sponse (Fig. 12(c)) has less baroclinic components than the heating-induced response
(Fig. 12(a)), the interaction of the barotropic anomalies and storm track (Fig. 13(a) and
(b)) 1s expected to become more important when Eqs. (3)—(5) are further iterated. Such

an iteration, however, is not conducted because it is subject to increasing error due to
linear approximation.,

6, SUMMARY AND DISCUSSION

In this study, we have addressed the question whether a positive feedback operates
between large-scale patterns in the atmosphere—ocean system over the mid-latitude
North Atlantic. In order to examine the two-way interaction, 6(-year integrations were
conducted using a coupled GCM with and without thermal coupling. In the coupled
runs, the two-way coupling is divided into the SST driving of the atmosphere and the
atmospheric driving of another SST. A comparison of geopotential height and SST
anomalies between the coupled and uncoupled experiments confirmed the enhancement
of the atmosphere-ocean variances due to thermal coupling, as has been reported in
the previous studies (Manabe and Stouffer 1996; Bladé 1997; Barsugli and Battisti
1998; Saravanan 1998; Bhatt er al. 1998). The effect has been explained by Barsugli
and Battist1 (1998) as an atmosphere~ocean local adjustment due to coupling, which
leads to reduction in the damping heat fluxes. However, this effect brings a change to
the strength of the negative feedback but does not necessarily imply a positive feedback.

A dominant set of coupled patterns simulated in the North Atlantic is characterized
by tripole SST anomalies and the NAO-like dipole height anomalies, both of which are
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Figure 14, Schematic showing the positive feedback loop between the NAO-like anomalies and the tripole SST
anomaly pattern; see text for details and description,

less sensitive to the thermal coupling (Fig. 4). On the other hand, one uncoupled case
adopting prescribed SSTs derived from the coupled run (PS2) shows temporal coherence
of SST and Z500 with those in the coupled run (CTL) greater than that of another
uncoupled case with CTL (Fig. 5). A combined analysis of forcing (i.e. prescribed)
SST, Z500, and response SST anomalies in PS2 hints that the positive forcing SST
anomalies in the mid-latitude band around 40°N effectively excite the positive phase of
the NAQO, which in turn generates the tripole SST anomalies (Fig. 6). Since the forcing
and response SST anomaly patterns 1n this analysis resemble each other, this suggests
a non-local positive feedback at work in CTL. Physical processes in the feedback were
examined by using composites for surface flux and precipitation fields in the GCM (cf.
section 4(d)), and further by experiments with linear baroclinic models in section 5. The
positive feedback loop found in these analyses 1s 1llustrated schematically in Fig. 14.

The tripole SST anomaly pattern with the polarity shown in Fig. 14 is primarily
driven by the one-way atmospheric forcing associated with the positive phase of the
NAQ, as approximated by stochastic theory (Frankignoul 1985). On the other hand,
among this tripole pattern, positive SST anomalies in the mid-latitude band induce
a local atmospheric adjustment, anomalous heat being released by the ocean on a
slow time-scale due to larger thermal inertia in the upper ocean. While it works
to damp the SST anomalies, the large-scale atmospheric response is at the same
time excited by the sensible- and condensation-heating anomalies, The large-scale
anomalies having a projection on to the southern part of the NAO are further modified
to the NAQO-like dipole primarily due to the eddy vorticity feedback. The NAO in
turn remforces the tripole SST anomahes. This positive feedback is so weak behind
the dominant atmospheric driving that it can hardly be identified from observational
analyses. Nevertheless, the weak feedback could be important since it yields significant
decadal peaks in a SST spectrum by combining with the ocean dynamics (Marshall et al.
2000; Watanabe and Kimoto 2000).

As mentioned in section 4(c), the pattern of effective SS§T anomalies identified by
the combined SVD analysis (Fig. 6(b)) is quite similar to the SST anomaly pattern
given 1 Palmer and Sun’s (1983) AGCM study, in which the location of the SST
anomalies 1s referred to as the RM area following an observational study by Ratcliffe and
Murray (1970). They foresaw, and discussed, the importance of the diabatic heating and
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the transient eddy feedback theoretically, The description of the atmospheric response
induced by 55T anomalies illustrated in Fig. 14 is also similar to that given by Peng and
Whitaker (1999), although they focused on the North Pacific. Our analyses, however,
have shown that the lower-tropospheric heating associated with precipitation anomalies
is of importance to the direct response, while only the role of sensible heating in the
boundary layer was discussed by Peng and Whitaker. Relative contributions of the
sensible- and latent-heat anomalies to the nature of atmospheric response to SST forcing
should be elaborated in the future.

Using the storm track model and anomaly fields associated with the NAQ, we
have confirmed that the positive phase of the NAO deflects the storm track northward
(Fig. C.2), and the anomalous storm track reinforces the NAQ pattern (not shown).
Branstator (1995) has also shown the positive feedback between low-frequency anomaly
patterns and transient eddies in a GCM. Considering these results, we can expect that
the heating-induced large-scale response (Fig. 12(a)), having a large projection on
the NAO, leads to the positive eddy feedback. On the other hand, it is also shown
by Branstator (1995) that eddy feedback does not always reinforce the large-scale
anomalies which mduced 1t. Actually, enhancement by the eddy vorticity feedback
presented 1n section 3(b) 1s sensitive to a slight change (e.g. 5 degrees) in the heating
latitude, hence shight change in X;. Processes for the natural selection of large-scale
patterns by the mteraction with transient eddies should be elucidated in the dynamical
perspective (e.g. Itoh and Kimoto 1999).

Coupled patterns in the GCM apparently indicate the influence of simulated NAOs
on the tripole S5T anomalies (Fig. 4). On the other hand, the observational counterpart
in 2500 anomaltes is less similar to the NAQ, although the observed and modelled NAO
patterns resemble each other. Since the coupled GCM employs a simple slab ocean, this
difference might be attributed to the lack of ocean dynamics in the GCM experiments. It
is not clear at the present stage how ocean dynamics influence the coupled atmospheric
pattern, and the question should be addressed in the forthcoming studies. The coupled
55T patterns also show a difference between observations and the model, such that
the former has positive S8T anomalies in the mid-latitude band limited to the western
basin. Thus the effective SST forcing identified by the CSVD analysis (Fig. 6(b)) may be
located slightly westward in the real atmosphere--ocean system. In fact, the precipitation
in the NCEP re-analysis composited as in Fig. 9 reveals a positive anomaly in the
central North Atlantic (not shown) but further west than that in Fig, 9(c) by about 10
degrees. An ensemble AGCM study by Venzke er al. (1999) could avoid this problem
because they used observed SS8Ts as a boundary condition, although the effective SST
forcing pattern and the role of transient eddy feedback have not been identified in their
study. Nevertheless, both their experiment and ours consistently suggest positive air—
sea feedback at work over the Atlantic. It may be useful to conduct a multi-decadal
simulation like PS2 but with a higher resolution AGCM forced by observed SSTs and
with a passive ocean GCM.

Consistent with Rodwell er al. (1999), the temporal coherence between CTL and
P52 indicates that the predictability for the atmosphere is extended with known SSTs in
the North Atlantic. However, this does not imply that the predictability for the coupled
system 1s also extended, because SSTs in the coupled system are easily disturbed by
unpredictable atmospheric noise (cf. Miller and Roads 1990; Bretherton and Battisti
2000). If the ocean has a preferred time-scale, such as decadal variability, we may
hope that the coupled feedback proposed in this study contributes to extending the
predictability for the coupled system, as suggested in a simple framework by Czaja
and Marshall (2000}, A recent ensemble experiment using a coupled GCM by Gréizner
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et al. (1999) actually shows extended predictability in the North Atlantic on interdecadal
time-scales in their model, due to a coupled atmosphere—ocean mode. Alternatively,
the positive feedback may refine the seasonal-prediction skill for the coupled system,
because the local thermal damping takes several months to damp a SST anomaly given
at the 1nitial time.

APPENDIX A

Change in probability density function

The combined SVD analysis presented in section 4(c) suggests that the NAO is
sensitive to SST anomalies near 40°N, especially in the box from 30° to 70°W and
30° to 45°N (Fig. 6(b)). Because the cenire of positive anomalies in the forcing SST is
quite close to that of positive SST anomalies in the tripole response pattern (Fig. 6(c)),
a positive feedback for the ocean is suggested to be at work in a band between 30° and
45°N. The extent to which the polarity of the NAQ is affected by the SST anomaly
in this latitude range is evaluated by plotting a probability density function (p.d.f.} of
the simulated NAQ in terms of the sign of SST anomalies. For that purpose, EQFs for
monthly Z500 anomalies are calculated in each field. The leading EOFs in all the fields
exhibit patterns nearly identical to those in Fig. 4(b)—(d). Time coefficients of these
EOFs are used to define the polarity of the NAQO. The results were not altered when
using temporal coefficients obtained from a spatial projection of Z500 anomaly patterns
shown in Fig. 4 onfo monthly Z500 fields.

Shown in Fig. A.1(a) are p.d.f.s of the simulated NAO in CTL when SST anomalies
in 30°=70°W, 30°-45°N exceed 1 SD (solid and dashed lines), superimposed on a
mean distribution (shading) obtained from 12 (month) x60 (year) = 720 samples. It
is obvious that the p.d.f. shifts towards positive and negative regimes when the mid-
latitude SST anomalies are positive and negative, respectively. However, most of this
shift reflects that the extreme phase of the NAO drives the underlying SST anomalies
but not vice versa, because similar shifts in p.d.f.s are found in PS1 and PS2 in terms of
signs in their response SST anomalies (not shown). True shift in the p.d.f. in response
to the forcing due to SST anomalies is much smaller as shown in Fig. A.1(b), which
displays the p.d.f.s of the NAO in PS2 in terms of the sign in the forcing SST anomalies.
While the shift in the polarity of the NAQO is too small to be significant, it produces a
much more apparent shift in the p.d.f. of the tripole pattern in response SST anomalies
(Fig. A.1(c)). Here the polarity of the tripole pattern is defined by the leading EOF of
monthly response SST anomalies in PS2. A difference in the width of p.d.£’s shift in
Fig. A.1(b) and (c) is attributed to the difference in the signal-to-noise ratio between
the atmosphere and the ocean. This implies that the positive feedback signal for the
atmosphere is hard to detect while that for the ocean is much easily found, a remark
similar to that made regarding Fig. 5.

APPENDIX B
Linear baroclinic model
The linear model used in this study is based on primitive equations identical to

those used in the CCSR/NIES AGCM. Equations for vorticity (), divergence (D),
temperature (77), and the logarithm of surface pressure (In Py =) on a vertical sigma

coordinate are exactly linearized about a basic state denoted as (). The linearized set of
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details of experiments.
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The symbol £’ in Eq. (B.2) denotes the perturbation kinetic energy. In several terms
of the above equations, temperature is decomposed into the global average and the
deviation as T = [T (0}] + T. All other symbols have the conventional meaning.

The only three differences from the dynamics in the AGCM are the following: re-
duction of the number of vertical levels from eleven to five due to limitation of com-
putational resources; an introduction of Newtonian damping terms with the coefficient

«: and stronger horizontal diffusion. The damping coefficient is set at 2 day~! for the
lowest sigma level (o = 0.90) but at 30 day~! for the upper levels. The horizontal dif-

fusion coefficients, K, and Ky, are equal at 8 x 10* m*s~!, which corresponds to the
e-folding decay time of one day for the largest wave number.

A dynamical operator L as a function of the basic state 1s computed following
Hoskins and Karoly (1981). Steady stationary responses to a forcing vector presented
in section 5(b) are obtained solving Eq. (2). The linear baroclinic model as represented
by the exactly linearized form has been used by Branstator (1990) and Ting and Held
(1990). To obtain the stationary response to a given forcing does not necessarily require
the linearization of equations (cf. Hoskins and Karoly 1981). However, such a linearized
model is useful to perform a linear budget analysis (Branstator 1992) and to develop the
storm track model described below.

APPENDIX C

Storm track model

A numerical model based on linear dynamics which include barochnicity, that
simulates realistic transient eddy statistics that represent the storm track activity, called
the storm track model, has been developed by Branstator (1993) and Whitaker and
Sardeshmukh (1998). The former simulates the eddy statistics with a large number of
ensembles of the short integration with the linear primitive model, while the latter solves
the eigenmodes of a linear operator for the quasi-geostrophic model to obtain the eddy
covariance. The storm track model used here basically follows that of Branstator {1993).

The model consists of the same hinearized primitive equations as i appendix B,
except for the number of vertical levels and strength of damping. Because this model
does not require a matrix inversion, unlike the steady linear model, 1t was possible to
adopt 11, rather than five, levels. The finer vertical-resolution required the coefficient
for the linear damping, o in Egs. (B.1)~(B.3), to be set at 2 day~! for the boundary
layers o > 0.9, 4 c:l:-;ij.f“""‘1 for levels 0.9 = o > (.8, and zero elsewhere. The horizontal
diffusion is also changed from V* to V® which is used in the GCM. The model allows
natural growth of numerous modes in the linear system with a given basic state during
the time integration. Eddy statistics, such as the eddy momentum flux, are computed
using an ensemble of daily perturbation fields grown out of random initial perturbations.
The time-integration approach avoids the difficulty m the eigenanalysis in obtaming the
eddy statistics (see discussion by Branstator 1995). It requires instead a large number of
ensembles for statistical robustness. Thus 500 integrations are performed with the same
basic state and spatially random initial perturbations.
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Figure C.1. (a) Winter climatology of the transient eddy height variance at o =035 in coupled general

circulation experiment CTL. The contour interval is 1000 m?. (b) As (a) but for horizontal components of the

E-vector of Hoskins er al. (1983) (m “s7%). The westerly accelerated regions corresponding to the E-vector

divergence of more than 0.5 (1.0) m s~ day™! are indicated by light {dark} shading. (¢)~(d} As (a)~(b} but for

the simuiation by the storm track model. The basic state 15 winter climatology derived from CTL. See text for
further details.

The eddy covariance fields to be simulated by the storm track model are those for 2—
8 day band-pass eddies in CTL. The winter climatology of the eddy height variance,
Hoskins er al.’s (1983) E-vector, and its divergence at o = 0,35 in CTL are shown
in Fig. C.1(a) and (b). In a similar manner to observations, the eddy height variance
peaks in the North Pacific and in the North Atlantic (i.e. storm track regions), and the
associated momentum flux convergence tends to accelerate westerlies over the middle
of the Pacific and Atlantic jets, as inferred from the E-vector divergence. For the eddy
quantities mn the mode] to match well the above eddy statistics in the GCM, some tuning
was necessary before using the storm track model. Branstator (1995) pointed out the
tollowing three parameters for the tuning: amplitude of initial perturbations, length of
time integration, and damping coefficients. The first and third parameters concern the
amplitude of storm tracks, while the second affects their shape (cf, Fig. 3 of Branstator
1995). In this regard, the appropriate choice of the integration period turned out to
be the most important. Since it is known that ponlinear processes are involved in the
decay stage of the transient eddies, we should stop the integration before reaching a
peak of eddy growth. Therefore, the last five days of a six-day integration are used for
the ensemble average. The damping coefficients were set as mentioned above, and the
initial perturbations were prepared with their spatial SDs for vorticity, divergence, and
temperature perturbations having values 6.7 x 1078 571, 6.7 x 1077 s~1, and 6.7 K,
respectively.

The eddy statistics obtained by the storm track model with the basic state from
winter chimatology in CTL are shown in Fig. C.1{(c) and (d). They reproduce the charac-
teristics of GCM eddy quantities well, except for two discrepancies: the maximum eddy
height variance in the linear model has larger values in the centres of storm tracks, and
the momentum flux is weaker than the GCM fields in the south of the storm tracks. The
latter implies that the linear model cannot simulate the correct shape of transient eddies
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Figure C.2. (a) Composite difference in the root-mean-square of the eddy height, v/ Z°, at ¢ = 0.35, between
the positive and negative phases of the North Atlantic Oscillation in coupled general circulation experiment CTL.

The contour interval is 5 m; shading denotes areas of the +/ Z*2 climatology greater than 60 m. (b) As (a) but for
the simulation by the storm track model. See text for details of models.

in the GCM. Nevertheless, the E-vector divergence in the storm track model reproduced
well the features (i.e. location and magnitude) in the GCM. Another example 1s shown
in Fig. C.2 for the anomalous eddy activity associated with the NAO. Figure C.2(a)
shows the composite difference of eddy height anomalies between the positive and neg-
ative phases of the NAO as defined by the leading EOF of monthly height anomalies
in CTL (cf. appendix A). A northward (southward) displacement of the storm track is
found in the positive (negative) phase of the NAQO. On the other hand, eddy anomalies
in Fig. C.2(b) are obtained from the storm track model by taking differences between
the simulated fields with and without NAQ anomalies in the basic state. While the linear
model slightly overestimates the eddy activity as in Fig. C.1, the essential feature of the
northward deflection is reproduced by the model.
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