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3. Global Oceans – M. C. Gregg and M. L. Newlin Eds.
[bookmark: Overview]a. Overview – M. C. Gregg and M. L. Newlin 
(need text)

[bookmark: Sea_surface_temperatures]b. Sea surface temperatures – Y. Xue, Z. Hu, A. Kumar, V. Banzon, T. M. Smith, and N. A. Rayner

	Sea surface temperatures (SSTs) play a key role in regulating climate and its variability by modulating air-sea fluxes. In particular, Sslow variations in SST such as those associated with El Niño-Southern Oscillation (ENSO), the Atlantic multidecadal oscillation (AMO), the Pacific dDecadal oOscillation (PDO), the Indian Ocean dipole (IOD), and the Atlantic Niño, potentially are sources of predictability for climate fluctuations on timescales of a season and longer (Deser et al. 2010). Here we provide a summary of global SST variations in 2012 with emphasis on the recent evolutions of ENSO, PDO and AMO, and also put the 2012 SST in the context of the historical record since 1950. 
Three SST products were analyzed too quantify uncertainties in SST variations, we analyzed three SST products: 1) the weekly Optimal Interpolation SST version 2 (OISST; Reynolds et al., 2002), 2) the Extended Reconstructed SST version 3b (ERSST; Smith et al., 2008); and 3) the Met Office Hadley Centre’s sea ice and SST data set (HadISST1; Rayner et al., 2003). The weekly Optimal Interpolation SST version 2 (OISST; Reynolds et al. 2002) OISST is a satellite-based analysis that uses in situ data for bias adjustments of the Advanced Very High Resolution Radiometer (AVHRR) data, and is available since November 1981. The Extended Reconstructed SST version 3b (ERSST; Smith et al. 2008)ERSST and the Met Office Hadley Centre’s sea ice and SST dataset (HadISST1; Rayner et al. 2003)HadISST1 are historical analyses beginning in the 19th century, and both use statistics developed over the more recent period to extend the SST analysis back in time when in situ observations were sparse. The ERSST includes in situ data only, while the HadISST1 includes both in situ measurements and AVHRR retrievals from 1982 onwards. All three SST products represent a "bulk" SST at the depth of the ship and buoy instruments, which can range from less than a meter to several meters from the surface. In this section, SST variations are quantified as SST anomalies (SSTAs) defined as departures from the 1981-2010 climatology ( HYPERLINK "http://www.cpc.ncep.noaa.gov/products/people/yxue/sstclim" http://www.cpc.ncep.noaa.gov/products/people/yxue/sstclim). 
Utilizing a 1981–2010 base period tThe yearly mean SST anomaly (SSTA) in 2012 was dominated by strong anomalies in the northern oceans (Fig. 3.1a). For example, the SSTA in the North Pacific resembled the negative phase of the PDO pattern (Mantua et al. 1997),  andwith the mean of normalized monthly PDO index was at -1.4 in 2012 (Fig. 3.2c). In the North Atlantic, positive SSTA greater than +1.5°C was present along the Gulf Stream (GS) and its extension. In contrast, the yearly mean SSTA in the tropical Pacific was weak, and wasbeing characterized by negative SSTA in the central Pacific and positive SSTA in the southeast Pacific. There was a weak positive SSTA in the tropical North Atlantic, and as well as a subtropical dipole in the South Atlantic (Venegas et al. 1997).  In the Indian Ocean, there was a weak positive IOD pattern (Saji et al. 1999) and positive SSTA in the southeast subtropical Indian Ocean.


The 2012 minus 2011 SSTA differences (Fig. 3.1b) show that the SST in the tropical Pacific increased substantially in the central-eastern tropical Pacific due to the transition from La Niña to ENSO-neutral year (see section 4b for details).  There was a moderate cooling in the Bering Sea and north of the Bering Strait, and a substantial warming in the mid- and high latitudes of the North Atlantic. In the southern oceans, SST variations were dominated by wave-like patterns, particularly in the South Pacific and South Atlantic. 
The temporal evolution of seasonal mean SSTA in 2012 is shown in Fig. 3.3. The winter 2011/12 (December–February) was dominated by La Niña conditions in the tropical Pacific and a negative PDO pattern in the North Pacific. With the weakening of La Niña, negative SSTA weakened and retreated to north of the equator in spring 2012, while the positive SSTA in the southeast Pacific strengthened to exceed +2 standard deviation (STD; Fig. 3.3b). El Niño-like conditions, commonly referred to positive SSTA exceeding +0.5°C in the central-eastern Pacific, emerged during summer 2012 (Fig. 3.3c). However, the El Niño-like se conditions were short-lived and by fall 2012 SST returned to near normal except in a small area near 160°E by fall 2012 (Fig. 3.3d).

The warming along the GS strengthened and expanded into the subpolar North Atlantic during summer and fall 2012 with values exceeding +2 STD. Positive SSTA exceeding +2 STD covered most of the Arctic Ocean, consistent with the historically low value of Arctic sea ice extent during the period ( HYPERLINK "http://nsidc.org/arcticseaicenews" http://nsidc.org/arcticseaicenewssee section 5j). The positive SSTA in the subtropical North Atlantic also increased during summer and fall, which that is favorable for North Atlantic hurricane activity. The subtropical SST dipole SST in the South Atlantic persisted throughout the year. The Indian Ocean SSTA was characterized by a weak positive IOD during August–October (see section 4h for details), and above-normal SST in the southeast Indian Ocean that persisted throughout the year2.
In the North Atlantic, a persistent negative phase of the North Atlantic Oscillation (NAO) often leads to warming  warmer than normal  SSTs in high-latitude and tropical North Atlantic, and cools cooler than normal the SSTs in mid-latitudes by through modifying modification of evaporative heat loss from the ocean (Deser and Blackmon 1993; Xue et al. 2011; Hu et al. 2011). To understand the recent warming in the high-latitude North Atlantic, the average SSTA in the region where the warming is strongest is shown along with the NAO index in Fig.3.2b (http://www.cpc.ncep.noaa.gov/products/precip/CWlink/pna/nao.shtml). The time series for the last four years show that the SST in the high-latitude North Atlantic was generally above normal when the NAO was in a negative phase (Fig. 3.2a). The time series for 1982–2012 show that the SSTA wais generally out of phase with the NAO, and had a warming trend with a historically high value in summer 2012 (Fig. 3.2b). The correlation between monthly NAO and SSTA is -0.34, which is significant at 99%. Therefore, the historically high SST may be attributed to the positive phase of Atlantic multidecadal oscillation (AMO;, see section 4g for details) and persistent negative NAO.
The connection between the ENSO cycle and the PDO is further explored (see Xue et al. 2012 for ENSO and PDO definitions). We defined a PDO index as the standardized time series of the projection onto the 1st empirical orthogonal function (EOF) of monthly ERSST in the North Pacific north of 20oN in the period 1900-1993 following the approach of Mantua et al. (1997).  The definition of ENSO is keyed on three-month running average of the NINO3.4 index with a threshold of +0.5°C (-0.5°C) for El Niño (La Niña) (see section 4b for details). There were was one El Niño (2009/10) and three La Niña (2008/09, 2010/11, 2011/12) events in the past 4 four years (Fig. 3.2c). When the NINO3.4  switched from negative to positive around May 2009, the PDO also switched from negative to positive with a lag of three months. Interestingly, the onset of the 2010/11 La Niña around June 2010 coincided with the onset of negative PDO. The time series for 1982-2012 Fig. 3.2d shows that a negative PDO generally tends tended to be in phase with La Niña, but lasted longer than La Niña. In aAdditionally, there was a regime shift of PDO around 1999. prior to 1999, positive PDO was more frequent than the negative PDO; aAfter 1999, negative PDO was became more frequent than the positive PDO, while before 1999 positive PDO was more frequent.  . During the positive phase of the PDO positive phase, PDO either lagged NINO3.4 (1983/-84, 1993/94) or was in phase with NINO3.4 (1986/87, 1997/98).  The correlation between monthly PDO and NINO3.4 at zero lag is 0.42 in 1982–2012, while it is 0.3 in 1982–1998 and 0.56 in 1999–2012. This suggests that the relationship between the PDO and ENSO may have changed around 1999. 

	The historical perspective ofExamining the yearly 2012 mean SSTA, in 2012 was next investigated. ,Fig. 3.4 shows the average SSTAs in the (a) tropical Pacific, (b) tropical Indian Ocean, (c) tropical Atlantic, (d) North Pacific, (e) North Atlantic, and (f) global ocean from OISST, ERSST, and HadISST. The OISST SSTA time series of OISST are largely consistent with those of ERSST in the common period during the common period1982–2012. However, ERSST is generally warmer than OISST, and the difference can reachwith up to 0.1°C differencein some cases. HadISST also agrees well with OISST and ERSST, except it is generally cooler in the tropical Indian Ocean and the differences can reach 0.2°C. 
	The mean SSTA in the global ocean was dominated by a warming trend superimposed over which are interannual variations largely associated with El Niño and La NiñaENSO events (Fig. 3.4f). For example, the peaks and valleys in the global ocean SSTA often correspond with those in the tropical Pacific SSTA (Fig. 3.4a). However, the correspondence is not good in 2010 when the tropical Pacific SST was weakly below-normal while the global ocean SST was close to the historical high, which can be attributed to the historical high SSTs in the tropical Indian and tropical Atlantic Ocean.  From 2011 to 2012, due to the transition from La Niña to El Niño-like conditions, based on OISTT since 1982 the tropical Pacific SSTA warmed by about 0.3°C (Fig. 3.4a), changing increasing from the 30th warmest year (2nd coldest year) to the 14th warmest year ranked using OISST since 1982. At the same time, the global ocean SSTA warmed by about 0.1°C (Fig. 3.4f), changing from the 13th to 11th warmest year since 1982. After a 30 year period (1970 to 1999) of a warming trend in the global ocean SST (rising 0.11°C per decade in ERSST and 0.06°C per decade in HadISST), the past decade inperiod 2000–12 had little further trend. This may be linked to the prevalence of La Niña-like conditions during the 21st century (Meehl et al. 2011). It may also be associated with the increasing dominance of buoy SST observations, which tend to be about 0.1°C cooler than the ship intake SST observations that dominated the earlier period.
	The tropical Indian Ocean SSTA is dominated by an upward trend with an increase of +0.9°C from 1950 to 2010, when the historically high value was reached (Fig. 3.4b). The interannual variations in the tropical Indian Ocean SSTA correspond well with those in the tropical Pacific SSTA due to the remote influences of ENSO. From 2011 to 2012, the tropical Indian Ocean SSTA increased slightly. In the tropical Atlantic, SSTA was mostly negative before 1995, and warmed up significantly from -0.43°C in 1992 to +0.31°C in 2003. The positive SSTA largely persisted from 2003 to 2009, and then suddenly increased to the historically high value +0.46°C in 2010 (Fig. 3.4c), due to the combined influences of El Niño, long-persistent negative phase of NAO, as well asand the underlying the long-term trend (Hu et al. 2011). Since 2010, the tropical Atlantic SST cooled down substantially, and became weakly below normal in 2012. The North Pacific SSTA has being trendeding downward from 1950 to 1987, and then rebounded from -0.5°C in 1987 to +0.31°C in 1990, and has been staying persistently positive since then (Fig. 3.4d).  The North Atlantic SSTA has trended downward from 1951 to early 1970s, and then trended upward, and reached a historical historically high value in 2006 for relative to the period 1950–2011 period. From 2006 to 2010, the SSTA had a downward trend, but rebounded from +0.05°C in 2011 to +0.49°C in 2012, reaching a new historical high (Fig. 3.4e).



[bookmark: Ocean_heat_content]c. Ocean heat content – G. C. Johnson, J. M. Lyman, J. K. Willis, S. Levitus, T. Boyer, J. Antonov, S. A. Good, C. M. Domingues, S. Wijffels, and N. Bindoff

	Storage and transport of heat in the ocean are central to aspects of climate such as El NiñoENSO (Roemmich and Gilson 2011), the North Atlantic Oscillation (Curry and McCartney 2001), hurricanes (Mainelli et al. 2008), sea level rise (Johnson and Wijffels 2011), the global energy budget (Church et al. 2011), and constraining global warming scenarios (Knutti and Tomassini 2008).
	We begin by discussing aAn estimate of upper (0–700 m) ocean heat content anomaly (OHCA) for the period 1 January–31 December 2012 (Fig. 3.5a) is computed from a combination of in situ ocean temperature data and satellite altimetry data, ( hereafter referred to as the combined estimate).  This estimate follows Willis et al. (2004), but mapping anomalies relative to a monthly 2004–2011 Argo climatology, and displaying results relative to a 1993–2012 baseline.  In situ data used are from EN3 V2a (Ingleby and Huddleston 2007), but with a January 2013 download of Argo (see sidebar 3.1) data.  Updated mechanical and expendable bathythermograph (MBT and XBT) bias corrections from Ishii and Kimoto (2009) are applied. Details of fields analyzed here may change after more Argo real-time data are subject to delayed-mode scientific quality control, as more data are reported, and as instrument bias corrections improve. 
	We also discuss changes in the combined estimate between 2011 and 2012 (Fig. 3.5b), as well as maps of the linear trend of the combined estimate from 1993–2012 and its statistical significance (Fig. 3.6).  We present four different time series of global integrals of in situ only estimates of upper OHCA at annual resolution (Fig. 3.7).  Since OHCA changes are related to depth-integrated ocean temperature changes, increases in OHCA are sometimes referred to below as warming and OHCA decreases as cooling. Data are preliminary.

The combined estimate of upper OHCA in 2012 (Fig. 3.5a) shows eddy and meander variability down to the 100-km mapping scales, as does, to a greater extent, the difference of the 2012 and 2011 combined estimates (Fig. 3.5b).  Strong small-scale spatial variability in OHCA fields is associated with the western boundary currents in every gyre, as well as the Antarctic Circumpolar Current (Fig. 3.5b).  The difference in the combined estimates between 2012 and 2011 (Fig. 3.5b) illustrates the large year-to-year variability in regional OHCA, with changes exceeding the equivalent of a 95 W m-2 magnitude surface flux applied over one year (~3  109 J m-2) in some locations.  For comparison, the global average of incident solar radiation on Earth is ~340 W m-2.  Ocean advection likely plays a dominant role in many of these changes.


	OHCA variability is found from below 700 m – to 2000 m in depth (Levitus et al. 2012) and even in the abyssal ocean below (e.g., Purkey and Johnson 2010).  These variations, as well as salinity and mass signals, all contribute to local sea level anomalies (Lovell et al. 2009).  Despite these additional factors, there are many large-scale visual similarities between the combined estimate of upper OHCA (Fig. 3.5a) and sea level (see Fig. 3.26) fields in 2012.  This similarity reflects mostly the large contribution of upper OHCA variations to sea level variations, but also to a lesser extent the influence of the altimeter data in the combined estimate.
	Large-scale patterns are evident in the combined estimate of upper OHCA for 2012 (Fig. 3.5a) and its difference from 2011 (Fig. 3.5b). The pattern of annual mean OHCA (Fig. 3.5a) on the equator in the Pacific exhibits slightly cool values around the equator in the east and slightly warm values in the west.  This pattern arises from a transition during 2012 from La Niña conditions to more neutral conditions (Section 3b).
	In 2012, the North. Pacific (Fig. 3.5a) shows a pattern of anomalous warmth in the central Pacific and cold in the subpolar, eastern subtropical, and eastern tropical Pacific that is typical of the negative phase of the Pacific decadal oscillation (PDO; Mantua et al. 1997).  Extra-tropical sea-surface temperatureSST anomalies in 2012 exhibit a similar pattern (Fig. 3.1).   Furthermore, zonal anomalies along the Kuroshio Extension are associated with an anomalously northward position of that current in 2012 (see Fig. 3.16).  The band of anomalously warm upper OHCA in the South Pacific that extendsextending from the Solomon Islands in the west to about 30S, 100ºW (Fig. 3.5a) has been present at various latitudes since 2006 (see Johnson et al. 2012 and previous State of the Climate reports).  The band of cooling between 2011 and 2012, just north of the warm band, is associated with an increase in Ekman suction (anomalous upwelling) owing to changes in the winds (see Wind Stress Forcing of the Ocean Fig. 1)	Comment by Gregory Johnson: Ed.:  Please reference the 2012-2011 Wind stress and WEK difference figure, bottom panel (b), from Lisan Yu.
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	Indian Ocean upper OHCA anomalies remained mostly warm in 2012 (Fig. 3.5a) compared to the baseline period.  The upper ocean warmeds between 2011 and 2012 south of Oman and west of Australia (Fig. 3.5b).  The warming from 2011 to 2012 in the central Indian Ocean near 10ºS (Fig. 3.5b) may be associated with a large freshening in sea surface salinity in the region (see Fig. 3.10).
	In the subpolar North. Atlantic, portions of the Labrador Sea are anomalously cold in upper OHCA in 2012 (Fig. 3.5a), having cooled since 2011 (Fig. 3.5b), and even more since 2010 (see last year’s reportJohnson et al. 2012).  This ocean cooling is consonant with a slightly less negative NAO index since the very low values in the winter of 2009/10, and is associated with a large increase in ocean heat uptake from 2011 to 2012 (see Fig. 3.8).  Much of eastern subpolar North Atlantic also cooled from 2011 to 2012 (Fig. 3.5b), consistent with surface salinity freshening over that same period (Fig. 3.10), suggesting that subtropical influences that had beenwere strong there in recent years (e.g., Johnson and Gruber 2007) may be lessening. In 2012, a meridional dipole of OHCA along the Gulf Stream extension―warm to the north and cool to the south―suggests a weaker-than-average eastward current there in 2012, although that reduction is very small in 2012 zonal surface current anomalies (Fig. 3.16). While the tropical Atlantic has mostly cooled from 2011 to 2012 (Fig. 3.5b) it remains remained warmer than the 1993–2012 average (Fig. 3.5a).
	A few distinct (Fig. 3.6a), and statistically significant (Fig. 3.6b) regional patterns stand out in the 1993–2012 local linear trends of upper OHCA.  In the Indian Ocean, the warming trend is widespread except for a patch south of the equator in the center of the basin and statistically significant in many locations.
	In the Atlantic Ocean, the Labrador, Irminger, and Greenland-Iceland-Norwegian Seas have all trended warmer over 1993–2012 (Fig. 3.6a), reflecting a robust regional warming trend over the interval despite some cooling from 2011 to 2012 (Fig. 3.6b).  These changes may be owing toresult from an overall decrease in the NAO index from 1993–2012.  Eastern portions of the subtropical Atlantic and the most of the tropics also trend warmer across both hemispheres.  Statistically significant cooling trends in the Atlantic are limited in the Atlantic to the Gulf Stream extension, probably related to a southward shift in that current over the past few years. As discussed in previous State of the Climate reports, this shift is also expected with an overall declining NAO index.
	Statistically significant (Fig. 3.6b) 1993–2012 regional trends in the Pacific Ocean (Fig. 3.6a) include warming in the western tropical Pacific and extraequatorial cooling in the east, consistent (via the geostrophic relation), with general strengthening of the interior subtropical-tropical circulation attributed to trade-wind intensification (Merrifield and Maltrud 2011). The statistically significant warming in the central North Pacific and cooling south of Alaska and off the west coast of North America are also consistent with an overall downward trend in the PDO index from 1993 to 2012. There is a similar-looking trend pattern in the South Pacific.
	The overall 1993–2012 trends in Southern Ocean upper OHCA are towards warming, consistent with previous analyses (e.g., Böning et al. 2008), but with some local cooling trends in localized regions, most notably around South America and near Antarctica in the Indian Ocean (Fig. 3.6a). The apparent warming trend in the Ross Sea is located in an in situ and altimeter data-sparse region and may not be as robust as suggested by the statistics (Fig. 3.6b).
	Four different upper (0–700 m) ocean estimates of globally integrated in situ OHCA (Fig. 3.7) reveal a large increase in global integrals of that quantity since 1993. While each of the curves appears to show interannual to decadal variability in upper ocean heat content, they do not always agree in the details.  These details differ for a variety of reasons including differences in climatology and baseline period, treatment of the seasonal cycle, mapping methods, instrument bias corrections, quality control, and other factors (Lyman et al. 2010).  Some of these factors are not taken into account in some of the displayed uncertainties, and the offsets applied to the curves for display are arbitrary. Uncertainties in annual estimates of global upper OHCA only permit statistically significant trends to be estimated over about ten years or longer (Lyman 2012).  Nonetheless, the warming of the upper ocean accounts for a large portion of the global energy imbalance, at least since 1970 (Church et al. 2011).

[bookmark: Global_ocean_heat_fluxes]d. Global ocean heat fluxes – L. Yu, and P. W. Stackhouse Jr.
 
The neat heat flux (Qnet) at the ocean surface is the sum of solar radiation (SW), longwave radiation (LW), turbulent latent heat (LH), and sensible heat (SH) fluxes. The balance of these heat exchange processes is fundamental to the understanding of the role of the ocean in mitigating radiative perturbations and modulating the global climate. Global maps of surface fluxes are now being produced regularly by using satellite observations and also by numerical weather prediction models. The net heat flux presented here is a combination of surface fluxes produced by two flux projects. One is the Objectively Analyzed air-sea Fluxes (OAFlux) project (http://oaflux.whoi.edu) at the Woods Hole Oceanographic Institution (Yu and Weller 2007) that provides turbulent LH and SH estimates from objective blending of satellite retrievals and atmospheric reanalyses. The averaged root-mean-square (rms) error is 9.6 W m-2 (8%) for LH and 2.6 W m-2 (15%) for SH (Yu et al. 2008). The other project is the CERES (Clouds and Earth’s Radiant Energy Systems) Fast Longwave And SHortwave Radiative Fluxes (FLASHFlux) project (http://flashflux.larc.nasa.gov) at the NASA Langley Research Center (Stackhouse et al. 2006) that delivers global daily surface SW and LW flux products in near real-time (within 1 week). This output data product uses simplified calibration assumptions with fast radiation algorithms (Kratz et al. 2010) in processing Terra and Aqua observations from CERES and cloud property retrievals from the Moderate-resolution Imaging Spectroradiometer (MODIS). The rms error is 29.3 W m-2 (15.7%) for downward SW and 18.6 W m-2 (6.0%) for downward LW.  An area-weighted spatial mean of 25 Wm-2 was removed from the combined net heat flux field to adjust the global mean balance.
	The annual mean Qnet in 2012 is displayed in Figure 3.8a.  The regions of net heat gain (positive Qnet) and net heat loss (negative Qnet) are in broad agreement with the climatological mean pattern (Josey et al. 1999). On the annual-mean basis, the tropical oceans receive heat from the atmosphere, with the maximum heat gain (> 120 W m-2) in the equatorial cold tongues in the eastern Pacific and Atlantic. The subtropics and high latitudes experience net heat loss, with the maximum heat loss (< -140 W m-2) over the western boundary currents (WBCs) regions. The primary mechanism of excessive net heat loss in the vicinity of the WBCs is latent and sensible heat fluxes in the fall and winter seasons (Yu and Weller 2007).  


	The 2012-minus-2011 difference plot of Qnet (Fig. 3.8b) showsis noted by several large-scale changes with organized patterns. The most significant change is observed in the Labrador and Irminger Seas, between at 45°N– and 65°N in the North Atlantic, where the ocean surface received more than 30 W m-2 extra heat from the atmosphere in 2012. To the south of this area of large heat gain lies a band of negative anomalies (enhanced ocean heat loss) in the midlatitudes, stretching from the Gulf Stream pathway northeastward all the way to the Norwegian Sea, and a band of positive anomalies (enhanced ocean heat gain) in the subtropics between the equator and 30°N. This tripole pattern of heat flux anomalies in the North Atlantic is related to the atmospheric conditions of a generally negative NAO phase that is opposites to the relatively positive phase in 2011 (Fig. 3.2) To some degree, the anomalies in the Labrador and /Irminger Seas reflect a regional rectification of excessive turbulent heat loss in 2011. The tripole pattern is shown in both surface net radiation SW+LW (Fig. 3.8c) and turbulent LH+SH (Figure 3.8d), but LH+SH anomalies were about five times larger than SW+LW anomalies and thus, dominated the tripole pattern and magnitude of Qnet anomalies. 
A good pattern correlation between SW+LW and LH+SH difference anomalies is also seen in the South Atlantic, where there was a net oceanic heat gain between 20°S and 60°S, with a maximum heating located along 30°S. The net heat gained in the region ranges between 5–15 W m-2, of which 2 W m-2–3 W m-2 is due to increased downward solar radiation and about 5 W m-2–10 W m-2 due to reduced LH+SH loss from the ocean. At the latitude of 30°S where heating was the largest, SST difference anomalies had a positive sign (Fig. 3.1), an indication that the extra heating received at the ocean surface contributed to an increase of local SST. The positive correlation between SST and Qnet anomalies in midlatitudes of the North and South Atlantic suggests that Qnet was a forcing for SST anomalies. 
On the other hand, Qnet difference anomalies generally correlate generally negatively with SST difference anomalies in the tropical oceans. This is most evident in the tropical eastern Pacific where the air-sea conditions in 2012 were influenced by El Niño-neutral conditions, which were a contrast to the La Niña conditions in 2011. The sea surface warmed up by more than 0.5°C compared to 2011. However, the source of heating was not directly from Qnet, as net heating in this region was reduced due primarily to enhanced LH+SH loss (negative anomalies) from the ocean to the atmosphere (Fig. 3.8d). It is known that ENSO SSTs are governed by ocean dynamics through wind-driven upwelling of cold water from the thermocline (Wyrtki 1981). The upwelling in the eastern Pacific is weakened during El NiñoENSO-neutral conditions, causing anomalous warming of the ocean surface (positive SST anomalies) that in turn leads to more evaporation cooling (negative LH anomalies) and reduces the total Qnet into the region. This SST-LH-Qnet relationship , which was apparently at work in 2012, explains the occurrence of negative Qnet anomalies in the eastern Pacific in 2012. Evidently,It appears that Qnet acted as a damping mechanism to existing SST anomalies, suppressing the growth of ENSO SSTs.
The tropical Indian Ocean dipole index was near normal in 2012. However, the basin-averaged SST was abnormally higher (Fig. 3.1), which might be related to the Indian Ocean response to the ENSO warm conditions in the first half of 2012. The net heating in 2012 was reduced in the basin, an indication that Qnet was a damping mechanism for SST anomalies. Similar negative correlation between Qnet and SST anomalies wais also observed in the tropical Atlantic Ocean.   


The PDO index continued to be inits negative phase in 2012. There was a reduction in the net heating into the North Pacific, with the exception offor a narrow band of anomalous heating that was aligned in the northeast-southwest direction with maximum Qnet anomalies (~15 W m-2) in the western tropical Pacific near 10°N. The Qnet in the South Pacific changes with latitudes;: an enhanced Qnet wais observed for regions poleward of 30°S while a reduced Qnet wais shown in the subtropical region between 15°S–30°S. The changing patterns of Qnet with latitudes demonstrate that the global climate system is ruled by intricate feedbacks between the ocean and the atmosphere. 
Yearly variability of Qnet over the global oceans is induced primarily by the LH+SH component. The long-term perspective of the change in 2012 LH+SH can be assessed from the annual mean time series of the LH+SH averages over the global oceans from for 1958– to 2012 (Fig. 3.9). The 2012 mean value was slightly down fromlower than the 2011 mean, continuing the downward trend that started around 2000. The tendency toward reversing the upward trend that dictated the decades of 1980s and 1990s holds strong, which further enhances the perspective that LH+SH has distinct multidecadal variability. During the past 55 years, LH+SH showed a minimum at 99 W m-2 in 1977 and a maximum at 109 W m-2 in 1999, with LH being the major contributor. It is worth noting that LH is not only an important component in the global heat and energy balance but also a key component of the freshwater flux over the oceans that contributes to the change of ocean surface salinity (*refer to salinity difference plot*).

[bookmark: Sea_surface_salinity]e. Sea surface salinity – G. C. Johnson, J. M. Lyman, G. S. E. Lagerloef, and H.-Y. Kao

	Ocean storage and transport of freshwater are intrinsic to aspects of global climate including the water cycle (e.g., Schanze et al. 2010), El Niño (e.g., Roemmich and Gilson 2011), and anthropogenic climate change (e.g., Held and Soden 2006). Only since 2004 has Tthe advent of Argo in 2004 (see sidebar 3.1) has allowed an annual assessment of global upper ocean salinity and its complement, freshwater.  Although somewhat less accurate, Since August 2011, the Aquarius satellite (http://aquarius.nasa.gov/index.html) has measured Sea Surface Salinity (SSS) with greaterhigher temporal and spatial resolution , although somewhat less accurate, sSea Surface Salinity (SSS) datasince August 2011.  These two complementary data sources are used here to look at to examine annual and seasonal SSS variability, respectively.
	From Argo data we determine near-global annual average Sea Surface Salinity (SSS) anomalies is determined for 2012 relative to a long-term climatology, describe how annual SSS anomalies have changed in 2012 relative to 2011 is described, and assess 2004–2012 SSS trends and their statistical significance is assessed. The data, downloaded from an Argo Global Data Assembly Center in January 2012, are a mix of real-time (preliminary) and delayed- mode (scientific quality-controlled). The estimates presented here could change after all the data have been subjected to careful scientific quality control. Analysis procedures for Argo follow Johnson and Lyman (2012).  For Aquarius, SSS we use release V2.0 swath data interpolated to 1°  1° monthly maps with a bi-linear fit and 150-km radius are used. 
	Climatological SSS patterns are correlated with surface freshwater flux: (the sum of evaporation, precipitation, and river runoff (e.g., Schanze et al. 2010)), but horizontal and vertical advection and mixing are also important in many locations on seasonal (Yu 2011) and longer (Lagerloef et al. 2010) time scales.  In each ocean basin, subtropical salinity maxima centered between roughly 20 and 25 in latitude (Fig. 3.10, grey contours) are signatures of the predominance of evaporation over precipitation. Conversely, in most regions where climatological surface salinities are relatively fresh, such as the high latitudes and the Inter Tropical Convergence Zones (ITCZs), precipitation generally dominates over evaporation.

	The 2012 SSS anomalies (Fig. 3.10a, colors) reveal some large-scale patterns that also hold in from 2004–2012. The regions around the subtropical salinity maxima are on balance salty with respect to WOA World Ocean Atlas (WOA) 2009. Most of the high-latitude climatologically fresh regions appear fresher overall than WOA 2009, including in the vicinity of the Antarctic Circumpolar Current near 50S and the subpolar gyre of the North Pacific. These multiyear patterns are consistent with an increase in the hydrological cycle (that is, more evaporation in drier locations and more precipitation in rainy areas), as seen in simulations of global warming, which suggest this signal might be discernible since the 1980s (Held and Soden 2006). While anomalous ocean advection could influence the SSS pattern over decadal time scales, changes observed at the local extrema are presumably relatively insensitive to such effects. This SSS anomaly pattern and its interpretation is are consistent with other analyses (Hosoda et al. 2009; Durack and Wijffels 2010).  Changes in ocean interior salinity values also appear consistent with an increase in the hydrological cycle (Helm et al. 2010; Section 3f).
	While still mostly anomalously salty in 2012 with respect to WOA 2009 (Fig. 3.10a, colors), the surface of the subpolar North Atlantic and Nordic Seas have mostly freshened in 2012 relative to 2011 (Fig. 3.10b, colors). This freshening, together with warming (Fig. 3.5) may herald a reduction in the notably warm and salty influence of subtropical gyre waters in the northeastern North Atlantic in recent years (Häkkinen et al. 2011). The eastern tropical Pacific warm pool, the Caribbean Sea, the northern Bay of Bengal, and the South China Sea are all noticeably fresher in 2012. Finally, prolonged La Niña conditions over the last few years, associated with an anomalously strong Indonesian Throughflow (England and Huang 2005), may be partly responsible for the fresh conditions observed northwest of Australia (Fig. 3.10a, colors), as the throughflow does bring relatively fresh water into the Indian Ocean.
	Sea surface salinity changes from 2011 to 2012 (Fig. 3.10b, colors) strongly reflect 2012 anomalies in precipitation (see Fig. 2.X***) and to a lesser extent year-to-year changes in evaporation, with the latter being closely related to latent plus sensible heat flux changes (Fig. 3.9).  For instance, the salinification under the Pacific ITCZ in 2012 is associated with a remarkably low amount of precipitation under that feature, whereas the freshening in the central Indian Ocean south of the equator is associated with anomalously strong precipitation, anomalously warm SST (Fig. 3.1), and anomalous heat flux from ocean to atmosphere (Fig. 3.8).  Advection by anomalous ocean currents (see Fig. 3.16) also plays a role in sea surface salinity changes. For instanceIn addition, the South Pacific Convergence Zone (SPCZ) also appears to have shifted northward from 2011 to 2012, consistent with the dipole in salinity changes centered around 10S in the southwest tropical Pacific.	Comment by Gregory Johnson: Ed: Please reference Figure of 2012 global precipitation anomaly in Section 2.
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	There are also correspondences between the surface salinity changes from 2011 to 2012 and subsurface changes over the same period (see Figs. 3.13, 3.14, and 3.15). Many of the surface changes are confined mostly to the upper one or two hundred meters100 m–200 m, especially those in the tropics.  However, others apparently extend deep into the water column, suggesting influences of shifting ocean currents and fronts. Deeper-penetrating changes are found in the subpolar North Atlantic (freshening), the subtropical South Atlantic around 30°S (salinification), and the subtropical South Pacific around 30°S (freshening).


	We estimate tTrends from for 2004– through 2012 are estimated by local linear fits to annual average SSS maps (Fig. 3.11a), and the ratio of these trends to their 95% significance (Fig. 3.11b). The starting year is 2004 because that is when Argo coverage became near global then. The most striking trend patterns are seen in the Pacific and Indian Oceans. Saltier surface values in the western and central tropical Pacific extend into the eastern Pacific subtropics in both hemispheres.  Some freshening also occurs in the western subtropics of each hemisphere in the Pacific and around the Philippine and South China Seas, extending into the Indian Ocean northwest of Australia (the latter again perhaps owing to the La Niña of the past few years).  Large-scale freshening is also evident in the eastern tropical South Pacific.  These recent trends differ from the previously reported 50-year trends discussed above.  These differences are not surprising given the very different time periods over which the trends are computed.

	The higher resolution maps from Aquarius data (Fig. 3.12a, colors) show more spatial details than Argo data.  For instance, the relatively small-scale Amazon River outflow plume that is not well sampled by Argo is clear in Aquarius maps.  The Aquarius maps can also be useful for examining the seasonal cycle of SSS in detail (Fig. 3.12b), although remaining unresolved biases in Aquarius data mean that patterns poleward of 40 latitude should be viewed with caution. Substantial freshening from April to October is clear in the western Pacific Fresh Pool and under the ITCZ in the eastern Pacific and across the Atlantic as tropical precipitation maxima shift with the seasons. Seasonal salinification just south of the equator in the Pacific is likely owing to mean Ekman advection on as seasonally varying salinity gradient (Yu 2011). Seasonal salinification in the eastern Arabian Sea between April and October is undiagnosed (Yu 2011). Broadscale patterns of salinification between winter and summer in the eastern subtropics (Fig. 3.12b) in both hemispheres (although apparently not in the South Indian Ocean this year) are typical of the seasonal cycle and most likely owing to entrainment of fresher water from below in the winter (Johnson et al. 2012).

[bookmark: Subsurface_salinity]f. Subsurface salinity – T. Boyer, S. Levitus, J. Antonov, J. Reagan, C. Schmid, and R. Locarnini

	Evaporation minus precipitation (E–P) is well correlated with mixed layer salinity over much of the world’s ocean (Yu 2011).  It is difficult to accurately measure evaporation and precipitation over the ocean, so near-surface salinity can be used to constrain E–P estimates (Schmitt 2008; Yu 2011). E–P surface forcing has led to an intensification of the global hydrological cycle over the last 50 years, increasing salinity at the sea surface in areas dominated by evaporation and decreasing salinity in areas dominated by precipitation (Durack and Wijffels 2010; Durack et al. 2012). These surface changes are advected to the subsurface ocean.  Globally, near-surface salt content has increased in recent times compared to long-term means, while intermediate waters have decreased in salinity (Roemmich and Gilson 2009; Helm et al. 2010; Boyer et al. 2012).  These changes are reflected in changes to ocean water mass composition and circulation patterns.  Subsurface salinity changes, along with sea surface salinity (SSS) changes and ocean surface fluxes are important for understanding changes to the ocean and in the atmosphere, both of which affect the global climate system.
	To investigate changes to subsurface salinity, all available subsurface salinity profile data for year 2012 were used to calculate gridded 1° mean gridded salinity anomalies at different depths from the surface to 2000 m. AThe anomalies were calculated as differences from a long-term mean for 1955–2006 (World Ocean Atlas 2009; Antonov et al. 2010).  Differences from similarly calculated salinity anomaly fields for 2011 are also used to investigate year-to-year variations in salinity.  A full description of the method can be found in Boyer et al. (2012).
	The single largest source at present of salinity profiles for the world’s ocean is the Argo program with its fleet of profiling floats (Roemmich et al. 2009).  130 985 salinity profiles recorded on 4108 floats from the Argo program were used in the process of calculating subsurface salinity anomalies for 2012.  About two-thirds of all float profiles reach 2000 decibars.  Of the higher level quality controlled delayed-mode data, there are 16 713 salinity profiles for 2012.  It takes a minimum of six months of data to calculate a final adjustment for salinity drift, a major component of the delayed-mode quality control.  For this reason, real-time salinity data with basic quality control were also utilized in this study.  Of the real-time data, 62 409 profiles include salinity drift adjustments calculated for earlier cycles in a floats lifetime.
	In addition to the Argo data, another major source of salinity data is 27 743 daily mean profiles from tropical moored buoys (http://www.pmel.noaa.gov/tao/).  Included are data from the TAO/TRITON array in the Pacific, PIRATA in the Atlantic, and RAMA in the Indian Ocean, where the deepest measurement was usually 500 m depth. Almost all buoys are located within 10°  degrees latitude of the Equatorequator.  11 947 CTD casts concentrated in the northwest Pacific (Japanese sources) and northwest Atlantic (Canadian and US sources) are also used in this analysis.  These salinity profiles came through the Global Temperature and Salinity Profile Project (GTSPP).  Finally,   GTSPP also made available 7337 profiles from gliders, very localized geographically in the Gulf of Mexico, far western Pacific, and coastal eastern Pacific.
	In order to examine the year-to-year change in salinity, salinity anomaly fields for 2011 were recalculated based on updated quality control provided by Argo.  56 555 of the 123 471 Argo salinity profiles recorded in 2011, which were used in this study, have now been delayed-mode quality controlled.  All salinity and salinity anomaly data were examined using quality control procedures outlined in Boyer et al. (2009).  All data and quality control flags used in the present analysis are available through the World Ocean Database (Boyer et al., 2009).  All calculated fields are available at http://www.nodc.noaa.gov/OC5/3M_HEAT_CONTENT/.  Mean salinity anomalies for the upper 100 m at each 1° grid are also computed.  The geographic distribution of these fields is very similar to sea surface salinity (SSS) anomaly fields as presented by Johnson and Lymanet al. (2013, this issuesection 3e).




	The zonal mean difference between salinities in the Pacific Ocean in 2012 and the long-term mean are shown in Fig.ure 3.13a.  Much of the Southern Hemisphere Pacific was fresher in 2012 compared to the long-term mean, with the exception of the upper 250 meters in the subtropics.  South of 40°S There there is significant freshening relative to the long-term mean down below 1500 meters south of 40°S.  Meijers et al. (2011) attribute the freshening in the high latitude South Pacific to southward movement of the Antarctic Circumpolar Current and water mass changes possibly due to increased precipitation and ice melt. The differences between 2012 salinity in the South Pacific and the long-term mean are similar to the difference between 2011 salinity and the long-term mean (Boyer et al. 2012), with the patterns strengthened between 2011 and 2012 (Fig. 3.13b), particularly with increased freshening along 30°S down to 500 m depth.  As for 2011, In the North Pacific, as for 2011, 2012 differed from the long-term mean in the North Pacific, with saltier conditions in the upper 250 m near the equator, with and freshening at midlatitudes down to 750 m depth, consistent with the thermocline freshening described by Ren and Riser (2010).  Freshening > 0.06 at subsurface levels near 50°N occurred in 2012 relative to 2011 at subsurface levels near 50°N. In the Bering Sea area, the salinity relative to 2011 decreased strongly enough that the salinity anomaly relative to the long-term mean changed from positive/saltier (2011) to negative/fresher (2012).  Mean salinity in the upper 100 m (Fig. 3.10a) shows a large positive salinity anomaly relative to the long-term mean under the South Pacific Convergence Zone (SPCZ), although this feature has weakened compared to 2011 (Fig. 3.10b). The western equatorial Pacific south of the equator has freshened since 2011, but otherwise the tropical Pacific waters in the upper 100 m are saltier than the long-term mean and this positive salinity anomaly increased from 2011 to 2012 between the equator and 15°N (Fig. 3.10b). 
	Between the mid-1950s and the mid-1990s, an increase in salinity in the subtropical and tropical North Atlantic was coupled with a decrease in salinity in the subpolar North Atlantic (Curry et al. 2003; Boyer et al. 2007; Wang et al. 2010). Since the mid-1990s, both the subtropical and subpolar North Atlantic exhibit increased salinity (Boyer et al. 2007; Wang et al. 2010).  For the most part, 2012 salinity anomalies bear out this pattern compared to the long-term mean (Fig. 3.14a), with the exception of a reversal of this pattern around 45°N.  However, most of the North Atlantic freshened between 2011 and 2012 (Fig. 3.104b, Fig. 3.140b).  North of 40°N, this freshening was consistent down to 500 m depth.  South of 40°N, freshening was generally > 0.02 above 200 m depth, with anomalies > 0.01 to 500 m depth in the tropics.  2012 had experienced a mostly negative North Atlantic Oscillation (NAO) index, while 2011 had mostly a positive NAO index, with the exception of the months May–July; Tropical Rainfall Measuring Mission (TRMM) observed greater precipitation in 2012 was larger than in 2011 from 30° to 40°N, while it was smaller from the equator to 25°N (no data available outside 40°S–40°N) less precipitation was observed. These factors could contribute to the observed freshening, at least in the mixed layer. Another factor could be changes in the ice melt (both Arctic Ocean and Greenland).  It remains to be seen if this freshening is a short-term phenomenona or a reversal of the signal present over the last 15 years. In contrast, the Southern Atlantic salinity signal found infor 2012, compared to the long-term trend, was strengthened over with respect to the same signal from for 2011. Positive salinity anomalies of  > 0.04, compared to the long-term trend, are found for 2012 down to 250 m in depth from the equator to 40°S, with anomalies > 0.02 down below 500 m between 30°S and 40°S. South of 40°S in the Atlantic Ocean, a deep freshening is observed, to depths > 700 m, shallowing to the south, where the freshening is limited to the upper 200 m depth. These trends were strengthened and deepened between 2011 and 2012 (Fig. 3.14b) over most of the South Atlantic, with the exception of the high latitudes, where conditions were saltier in the upper 200 m in 2012 than 2011.
	In the Indian Ocean, the difference between 2012 salinity zonal means and the long-term mean (Fig. 3.15a) includes deep (> 1000 m) freshening south of the equator, interrupted by increased salinity  in the midlatitude South Indian Ocean from the surface to at least 250 m depth.  In the upper 100 m (Fig. 3.10a), the positive/salty anomaly at latitudes north of 30°S is confined to the western half of the Indian Ocean, with freshening in the eastern Indian Ocean. South of 30°S, the positive anomaly extends across the entire basin. The salinity change from 2011 to 2012 in the South Indian Ocean was small (Fig. 3.15b). Most of the North Indian Ocean zonal mean anomalies for 2012 are positive/salty compared to the long-term mean down to depths  > 700 m.  From 2011 to 2012, changes > 0.02 in the North Indian Ocean, were mainly confined to the upper 150 m depth. This includes a freshening about the equator and positive/salty anomaly to the north.  This salty anomaly in the upper 100 m depth (Fig. 3.10b) is > 0.02 in the eastern North Indian Ocean, while smaller and of opposite sign in the western North Indian.  The Eastern Arabian Sea is saltier in 2012 than 2011, while the western Arabian Sea is fresher.  The Northeast Bay of Bengal is fresher in 2012 than 2011, as is the area southeast of India, while the central Bay is saltier than 2011. 
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[bookmark: OLE_LINK1][bookmark: OLE_LINK2]	This section describes ocean surface current changes, transports derived from ocean surface currents, and features such as rings inferred from surface currents.  Surface currents are obtained from in-situ and satellite (altimetry and wind) observations.
	Near-surface currents are measured in-situ by drogued satellite-tracked drifting buoys and by current meters on moored buoys.[footnoteRef:1]  During 2012, the drifter array ranged in size from a minimum of 304 drogued buoys to a maximum of 838, with a median size of 587 drogued drifters (undrogued drifters continue to measure SST, but are subject to significant wind slippage; Niiler et al., 1987).  The moored array included 39 buoys with current meters, all between 16S and 21N.  These tropical moorings compose the TAO/TRITON (Pacific; 16 buoys with current meters reporting in 2012), PIRATA (Atlantic; 6 buoys) and RAMA (Indian; 17 buoys) arrays. [1:  Drifter data is distributed by NOAA/AOML at http://www.aoml.noaa.gov/phod/dac/gdp.html.  Moored data is distributed by NOAA/PMEL at http://www.pmel.noaa.gov/tao.  OSCAR gridded currents are available at http://www.oscar.noaa.gov/ and http://podaac.jpl.nasa.gov/.  AVISO gridded altimetry is produced by SSALTO/DUACS and distributed with support from CNES, at http://www.aviso.oceanobs.com/.  Analyses of altimetry-derived surface currents are available at http://www.aoml.noaa.gov/phod/altimetry/cvar.] 

	Global fields of ocean currents are estimated using two methodologies, both using the AVISO Ssalto/Duacs multimission altimeter near-real time gridded product.  The first is a synthesis of AVISO with in-situ drifter measurements and reanalysis winds (Niiler et al., 2003), which adjusts the altimeter-derived geostrophic velocity anomalies to match the observed in-situ eddy kinetic energy.  The second is the purely satellite-based OSCAR (Ocean Surface Current Analyses – Real time) product, which uses AVISO altimetry, winds, SST, and the CNES-CLS09_v1.0  mean dynamic topography  (Rio et al., 2011)  to create 1/3 degree resolution surface current maps averaged over the 0—30m layer of the ocean (Bonjean and Lagerloef, 2002).  In both cases, anomalies are calculated with respect to the time period 1992—2007.   Ocean transports are derived from a combination of sea height anomaly (from altimetry) and climatological hydrography.
	Global zonal current anomalies and changes in anomalies from 2011 are shown in Fig. 3.16 and discussed below for individual ocean basins.

[bookmark: Pacific_ocean]1) Pacific Ocean	
	In the tropical Pacific, 2012 began with equatorial currents exhibiting ~20 cm s-1 westward anomalies in the longitude band 100W–160W, a strengthening of the climatological January westward current on the equator. In the same longitude band, eastward anomalies of ~10 cm s-1 at 10N indicated that the North Equatorial Countercurrent had shifted slightly north of its climatological January location of 6N – 7N.  By February, this situation had changed dramatically as eastward anomalies of 20 cm s-1 –30 cm s-1 developed in the region 4S–5N, 100W–140W, 4S–5N.  Weaker eastward anomalies were also present between this region and the dateline, on and north of the equator.  By March, the eastward anomalies dominated the entire basin from 5S to10N, with peak anomalies of ~35 cm s-1 on the equator between 110W –140W.  This pattern continued to intensify in April, when strong eastward anomalies exceeding 40 cm s-1 were present across the equatorial Pacific. These strong eastward anomalies advected warm water into the Niño 3 region, erasing the negative SST anomalies associated with the La Niña conditions that had persisted there since the previous year (see section 3b).
	By May, the eastward anomalies across most of the basin had weakened to 20–30 cm s-1, with eastward anomalies exceeding 40 cm s-1 persisting between 90W–130W. Weak westward current anomalies began to develop in June at 160E–180 to disrupt this pattern.  During June–August, the region of eastward anomalies shifted westward, perhaps related to the evolution of the discharge-recharge oscillator (Jin 1997) during this period. By August, the region was at 175E–145W, with magnitudes still slightly exceeding 40 cm s-1.
	Tropical Pacific anomalies changed dramaticallysignificantly in September 2012;: the region of eastward anomalies diminished rapidly in size and magnitude as it shifted to 160E–180, and westward anomalies of ~20 cm s-1 developed on the equator from 120W–180. North of this band of westward anomalies, eastward anomalies of 10–20 cm s-1 persisted between 4N–6N until November. Through the remainder of 2012, westward anomalies developed across the equatorial Pacific, reaching their maxima in December when westward these anomalies were present from 160E to 100W, peaking at -20 cm s-1 on the equator and extending from 6S to 5N.
	The annual average zonal current anomaly for 2012 in the Pacific (Fig. 3.16, top) wais dominated by the strong eastward anomalies that were present during February–August. This pattern is also seen in the 2012–2011 anomaly map (Fig. 3.16, bottom), as 2011 was (in the annual average) a relatively neutral year for surface current anomalies in the tropical Pacific.
	Surface current anomalies in the equatorial Pacific typically lead SST anomalies by several months, with a magnitude that scales with the SST anomaly magnitude.  Recovery to normal current conditions is also typically seen before SST returns to normal.  Thus, current anomalies in this region are a valuable predictors of the evolution of SST anomalies and their related climate impacts. This leading nature can be seen in the first principal empirical orthogonal function (EOF) of surface current (SC) anomaly and separately of SST anomaly in the tropical Pacific basin (Fig. 3.17).  In the time period 1993–2012, the maximum correlation between SC and SST is R=0.68 with SC leading SST by 81 days.  In 2012, the most dramatic feature of this mode is the extremely rapid change in the SC anomaly pattern from negative values in late 2011 to positive (El Niño-conducive) values in February 2012.  This switch in the sign of the SC coincided with a local minimum of the SST anomaly (Fig. 3.17). Over the next several months, as the SC anomaly remained positive, the SST anomaly pattern increased to positive values and remained positive until September. Late in 2012, both the SC and the SST anomaly pattern decreased and became negative before the end of the year.

	Since 2010, the Kuroshio Current has exhibited a narrower and stronger annual mean signature, shifted approximately 1 in latitude to the north compared to 2006–2009.  This northward shift continued through 2012, with the 2012–2011 zonal current difference (Fig. 3.16b), suggesting that the Kuroshio had shifted an additional ~1.5 to the north, from its separation to 175E.  For example, while the climatological latitude of the Kuroshio’s core at 150E is ~34.3N, the core of the current in 2012 was at ~36.7N.  

[bookmark: Indian_ocean]2) Indian Ocean
	Through the first half of 2012, monthly zonal current anomalies with respect to monthly climatology (i.e., anomalies with respect to the climatological monsoon-driven pattern) were strong features of the equatorial circulation. In January (the nNortheast Mmonsoon season), equatorial eastward anomalies of 20 cm s-1 – 25 cm s-1 from the African coast to 70E, and comparable-magnitude westward anomalies centered on 5S, indicated a northward shift in the South Equatorial Countercurrent (SECC; Schott and McCreary 2001), which in the climatology is centered on 2.5S. By February, this pattern had disappeared east of 50E, with only a remnant remaining in the westernmost basin. The pattern reappeared across much of the basin in March, this time extending to 85E but with weaker magnitudes (~15 cm s-1 peak anomalies), suggesting a more subtle northward shift of the SECC, and disappeared again in April.  
	During July–September, the surface current climatology indicates a jet in the Ssouthwest Mmonsoon Ccurrent running from 10S, 82E – 14S, 97E at 25 cm s-1 – 30 cm s-1 in July and September, peaking at 40 cm s-1 in August. As early as March 2012, eastward anomalies were present along the path of this climatological eastward jet, suggesting anomalously early formation. This pattern was pronounced through boreal summer, consistent with a near doubling of the current speed, and persisted through October. This feature dominates the annual mean zonal current anomaly in the Indian Ocean basin (Fig. 3.16).
	The altimetry-derived annual mean transport of the Agulhas Current (Fig. 3.18) decreased abruptly in mid-2011 compared to its long-term mean; this reduced transport persisted in 2012 when .  In 2012, the annual mean Agulhas transport was ~46 Sv, which (along with 2005) was the lowest annual mean observed since the beginning of the altimetric record in 1993. However, dDespite this decreased transport, the number of eddies shed from the Agulhas retroflection into the Atlantic basin remained at its climatological average (5–7 rings per year) as observed from satellite altimetry.
[bookmark: Atlantic_ocean]3) Atlantic Ocean	
	In January 2012 the tropical Atlantic did not exhibit any basin-scale surface current anomalies. This changed across the basin in February, when strong (20 cm s-1–35 cm s-1) eastward anomalies were seen from 40W to 10E (the African coast) between 4S and 4N, with the strongest anomalies in the band 0°–10W.  These eastward anomalies weakened in March, and and in April were seen only in two relatively narrow longitude bands (22W–30W and 4W–10W) in April.  In May–June, large-scale eastward equatorial anomalies persisted east of 30W, while westward anomalies developed in the western basin immediately north of the equator. In June, strong westward anomalies of -40 cm s-1 were seen at 1N–2N, 34°W–42W, along the northern edge of the climatological North Brazil Current (NBC). In July, these westward anomalies persisted while a band of 20 cm s-1–30 cm s-1 eastward anomalies developed at 4N–5N, 32W–46W along the path of the NBC retroflection/return current and the westernmost Nnorth Eequatorial Ccountercurrent (NECC).  These alternating bands of westward and eastward anomalies indicated increased shear between the NBC and its return current in the western tropical Atlantic. By August, eastward anomalies associated with the NECC extended from 45W to 20W, with a band of westward anomalies north of the eastward anomalies, indicating that the NECC had shifted south of its climatological position. This pattern persisted through the remainder of the year west of ~35W, while conditions returned to their climatological mean in the interior and eastern tropical Atlantic in September–December. 


	Along the Gulf Stream pathway in the North Atlantic, alternating bands of eastward (on the north side) and westward (south side) anomalies were present from Cape Hatteras to 45W.  This pattern indicates that the Gulf Stream had shifted 1–1.5 north of its climatological position in this longitude band.  Integrated over both the eastward and westward anomaly regions along the Gulf Stream path, there was no evidence in these data of a significant decrease of the current’s annual mean speed in 2012: the overall mean anomaly was -1.2 cm s-1 (westward) with a standard deviation of 13.1 cm s-1.  This is consistent with transport measurements of the Florida Current, which showed only a minute increase in its annual transport from the 2011 mean (see section 3h).


	In the Gulf of Mexico, current anomalies suggest that the Loop Current was weaker or less stable in 2012 than in 2011, with a signature penetrating less far north into the Gulf than in 2011.  As noted above, annual-averaged transport of the Florida Current did not change significantly, suggesting that increased variability in 2012 relative to 2011 caused the Loop Current to appear weaker in the 2012 mean. Altimetry-derived estimates of the Yucatan Current indicate that the mean annual transport during 2012 had an above-average value and was close to its largest historical mean of ~29Sv (http://www.aoml.noaa.gov/phod/altimetry/cvar/yuc/transport.php).
	The North Brazil Current (NBC), which sheds rings that carry waters from the Southern Hemisphere into the North Atlantic basin, exhibited an annual transport and ring shedding close to climatological (since 1993) values.  Sea height anomalies in the region, which have generally increased since 2001 (apart from anomalies low years like 2003 and 2008), continued exhibiting values higher than average in 2012 (Fig. 3.19).
	In the southwest Atlantic Ocean, the separation of the Confluence front from the continental shelf break continued to exhibit annual periodicity driven by wind stress curl variations (c.f., Goni and Wainer 2001).  The annual mean position of the front in 2012 was 38.0S, a shift to the north of approximately 0.5 latitude from its 2011 location, but still remaining south of its long-term climatological annual mean position of 37.5S (c.f., Lumpkin and Garzoli 2010; Goni et al. 2011). 
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The meridional overturning circulation (MOC) is typically defined as the maximum of the zonally integrated mass transport stream function. Iin the Atlantic Ocean the MOC is the large-scale circulation that transports warm near-surface water northward, thereby transferring heat to the atmosphere and returning southward as colder, denser, deeper water.  It is typically defined as the maximum of the zonally integrated mass transport stream function. The actual flows are more complicated than this simple description and for further details the reader should see previous published reports (e.g., Baringer et al. 2011, 2012) or the recent reviews of Srokosz et al. (2012) or Lozier (2012).  citations provided in this report.  
	The longest time series of a major ocean current contributing to the strength of the MOC is the National Ocean and Atmospheric Administration’s (NOAANOAA’s) Florida Current (FC) time seriesdata, which began continuous daily measurements in 1982.  The full time series from this record (Fig. 3.20) shows substantial variability on all measured time scales (Meinen et al. 2010; Baringer and Larsen 2001).  The 1982–2012 long-term median (1982–2012) transport of daily values is 32.0 +/- 0.27 Sv (standard error of the mean based on an integral time scale of about 20 days) with a minimal downward trend of -0.23 +/- 0.06 Sv/decade (90% confidence).  In 2012 (and 2011),the annual median was 31.6 +/- 1.5 Sv (31.4 +/- 1.1 Sv) with the annual mean transport slightly below the average since 2007 (Baringer et al. 2012). However, the 2012 median is within the middle 50% of all annual means, and hence is not particularly unusual.  The 2012 daily values of FC transport do show some unusual periods, however. The daily FC transport values as compared to all previous years (Fig. 3.20, top) indicates that 2012 was unusual in that there were several low transport values (LTP) starting 27 October and ending 24 November. The lowest transport observed during the LTPoccurred on 28 October, reaching only 17.2 Sv. This low value essentially equalsis similar to the lowest transport recorded since 1982 (, a 17.3 Sv value that occurred on 3 October 3, 1983). The 2012 LTP was preceded by the only high transport event during 2012 that exceeded the 95% confidence limits. This event occurred 3–4 October. Ttransport exceeded 38 Sv from 3-4 October. Low values in the October–November time frame are consistent with the average annual cycle of FC transport (e.g., Meinen et al. 2010).  In the last week of October low values are consistent with the passage of Note that Hurricane Sandy was moving northward offshore of the U.nited S.tates east coast from 25 to 30 October.  Previous studies have shown that southerly along-shore wind stress can cause a reduction in FC strength leading to increased sea-level along the coast (e.g., Ezer et al. 2013; Sweet et al. 2009).  Ezer (2001) quantified this effect using a numerical model to show that a 1 Sv decrease in transport corresponds to a 1 cm increase in coastal sea-level near these latitudes (see also Boon et al. 2012; Sallenger et al. 2012; Ezer et al. 2012). 
The only currently available, complete daily time series of basin-wide MOC strength at a particular latitude is from the in situ mooring array, RAPID-MOC/MOCHA/WBTS (Fig. 3.21) currently funded by the United Kingdom’s National Environmental Research Council’s Rapid-Watch program (RAPID_MOC), the National Science Foundation (Meridional Overturning Circulation and Heat transport Array; MOCHA) and the National Ocean and Atmospheric Administration (Western Boundary Time Series; WBTS). This mooring array spans the Atlantic Ocean roughly along 26°N (Rayner et al. 2010; Kanzow et al. 2008). Numerous advances in our understanding of the MOC have been facilitated by these observations including an appreciation for the magnitude of short time-scale MOC variability (Cunningham et al. 2007), the strong MOC seasonal cycle (Kanzow et al. 2010) and the vigorous components of the circulation that make-up the MOC including the Deep Western Boundary Current (Meinen et al. 2013; Johns et al. 2008) and Eastern Boundary Current (Chidichimo et al. 2010).  In a recent study by McCarthy et al. (2012) the slowdown in the MOC that occurred from between Dec 2009 and Mar 2010 was shown to be a combination of a weakening of Ekman transport preceded by a strengthening of the interior southward flow within the subtropical gyre (see also Baringer et al., 2012).  In Fig. 3.21, the MOC time series near 26°N is extended to include April 2004 to April 2011.  The mean MOC transport centered on this low MOC event (1 April 2009–31 March 2010, referred to as 2009/10) was 12.7  Sv. After this 2009/10 low,Sv (annual means listed in Fig. 3.21 are computed from 1 April–March 31 on the next year and referred to as 09/10).  Since that time, the annual mean transport has increased to 16.9 Sv in 2010/11, only slightly lower than the long-term2004-2011 mean of 17.5 Sv +/- 1.6 Sv (2004–11 +/- standard error of annual means). While Although the mean transport for the 2010/11 year of data has risenrepresents an increase, there is still a statistically significant (i.e., outside the 95% confidence limits of daily valuesp=0.95) MOC minimum from 13 November–29 December 2010. This minimum is preceded by three peaks in low Florida Current transport occurring between 4 October and 10 December 2010 (Fig 3.21).  Similar to the December–March 2009/10 low MOC event, the November–December 2010/11 low MOC appears most coincident with the unusual and significantly low Ekman transport compared to a mean of 3.2 Sv (2–29 December 2010). In December–March 2009/10, the winter of 2010 the slowing of the MOC (low FC and Ekman transports) is was preceded by a weakening of the interior transport (Fig. 3.21, 5 October–2 December, mean -11.1 Sv) and followed by a strengthening of the interior southward flow 29 January–6 February 2011. Wunsch and Heimbach (2012) estimate the frequency of occurrence of such monthly extremes to be 14 months in a 1992-2010 monthly transport time series that is assumed to represent a stationary Gaussian process. Overall, however, the interior transport is was stronger southward in both 2009 and 2010 (hence contributing to the low MOC transport in those years). For at least theseIn these two years there is an interesting phasing between anomalous interior, FC, and Ekman transport. It  that needs to be more clearly understood as it is the sum of these components that makes up the MOC at this latitude and therefore a clear understanding of this phasing is fundamental to our understanding of the physical mechanisms supporting MOC transport variability (McCathy et al. 2012).





The North Atlantic MOC is also being monitored by somewhat less direct and/or less complete time series at 41°N and 16°N (Fig. 3.22).  Near 41°N, Willis and Fu (2008) developed a technique using Argo profiling floats combined with satellite altimetry and the ECCO2 state estimate (Menemenlis et al., 2005) to estimate the upper ocean circulation with the zonally and vertically integrated upper ocean flow representing the upper layer of the MOC.  The 41°N time series shows a similar low MOC event slightly preceding the 26°N winter 2009 low MOC.  Near 16°N, a mooring array of inverted echo sounders, current meters, and dynamic height moorings that measures the deep circulation across most of the basin has been in place since 2000 (Kanzow et al. 2008).  The net zonal and vertical integral of the deep circulation represents the lower limb of the MOC (with a negative sign for the southward flow).  The time series of all three of these MOC estimates is shown in Fig. 3.22 (see also updates to the original 41N and 16N time series in Willis 2010 and Send et al. 2011, respectively).  The 41°N time series shows a similar low MOC event slightly preceding the 26°N winter 2009 low MOC.  Interestingly, the 16°N time series has a high southward flow (hence a large MOC) in the winter of 2009 (13 December 2009–23 January 2010). The three-month low-pass filtering of these time series highlights the seasonal cycles found in all three.  Of note tThere are different phases for each, − with 16°N having a maximum MOC annual cycle in May–July, 26°N having a broad maximum in July–November (Kanzkow et al. 2010), and 16°N having a maximum southward flow (and hence stronger MOC) in November–January. Using these time series, various authors have reported MOC trends ranging from zero (Willis 2010 at 41°N) to a 10% decrease per decade (Send et al. 2011 at 16°N).  Using the overlapping time period of these observations (1 April 2004−10 December 2010), the trend in MOC is -7.1 +/- 5.7 Sv decade-1 at 41°N and -6.7 +/- 5.9 Sv decade-1 at 26°N, suggesting a weakening MOC (barely significant at 95% confidence limits). However, at 16°N the deep southward flow is increasing which is equivalent to an increase in the MOC at -7.7 +/- 9.3 Sv decade-1 (not significantly different from zero at 95% confidence limits). In fact uUsing the full time series from either 41°N or 16°N reduces the discrepancy but does not resolve the sign of thelargely by eliminating any significant MOC trend (-1.2 +/- 1.7 Sv decade-1 at 41°N and 0.5 +/- 0.4 Sv decade-1 at 16°N). Given the large variability in these short underlying time series and the likely aliasing of the trend by the low transport in the winter of 2009, at this point it is difficult at the present time to determine unambiguously whether the large-scale low-frequency MOC circulation has a long-term trend in the North Atlantic.  In the South Atlantic there is an ongoing estimation of the MOC using upper ocean measurements from expendable bathythermograph sections that measure the upper ocean temperature approximately every three months (Garzoli et al. 2012).  The MOC estimate from that data along 35°S since 2002 has suggested no significant trend in the MOC (Dong et al. 2009).


The MOC is related to the meridional transport of heat (MHT) in the oceans, and the variability of the MHT can impact heat storage, sea-level rise, and air-sea fluxes and hence influence local climate on land. The MHT has been monitored inferred using the time series data at 41°N (Hobbs and Willis 2012) and 26°N (Johns et al. 2010). Near 41°N, the time series mean MHT is 0.50 +/-0.10 PW (1PW = 1015 W) and near 26°N is 1.26 +/- 0.40 PW (Fig. 3.23). In the South Atlantic, the MHT has been estimated using a combination of expendable bathythermograph (XBT) data and Argo profiling floats (Garzoli et al. 2012; Garzoli and Baringer 2007) in addition to estimating the MOC as noted above (Dong et al. 2009). The mean heat transportMHT near 35°S is 0.55 +/- 0.3 PW (+/- one standard deviation). ). Figure 3.23 shows these time series compared to two data assimilating models: the ECCO-PROD version 4 (Forget and Heimbach 2012) and the SODA 2.2.6 100-year run (Carton and Giese 2008).  Note also that the mean MHT from the ECCO-PROD and SODA assimilating models areis higher than those computed directly from observations at 41°N, lower than observations near 26°N, and brackets the observed heat transport valuesdirect MHT estimates at 35°S.  In a detailed intercomparison examing In a recent paper by Msadek et al. (2013), a detailed intercomparison examined the RAPID/MOCHA/WBTS array near 26°N withand two climate models, Msadek et al. (2013)  and found that the low MHT in these models was due to an overly diffuse thermocline and not necessarily the strength of therather than a weak MOC.  In terms of variability, note is that the low MOC winter of 2009/10 corresponds to a low MHT near both 26°N and 41°N.  Both models capture this event nearthe 26°N event, but not near the 41°N event. Near 35°S the models assimilation estimates have a much larger MHT seasonal cycle than observations (and hence, surprisingly have larger variability in general). More work needs to be doneis needed to understand the causes of the underlying the causes for the differences between direct-observation-based and data-assimilating-modelal estimates of MHT/MOC and data assimilating models. 

[bookmark: Sea_level_variability_and_change]i. Sea level variability and change – M. A. Merrifield, P. Thompson, R. S. Nerem, D. P. Chambers, G. T. Mitchum, M. Menéndez, E. Leuliette, J. J. Marra, and W. Sweet, and S. Holgate

	Four aspects of sea level variability during 2012 are examined. First we consider updated time series of global mean sea level (GMSL) as determined from satellite altimeter observations. GMSL provides a measure of the temporal change in ocean volume, which is affected by changes in density and the net heat content of the ocean, and by the mass transfer of water between the continents and the ocean via land ice melt and shifting evaporation-precipitation patterns.  Second, we describe seasonal anomalies of regional sea level based on satellite altimetry and tide gauge observations.  These patterns largely result from surface wind variations.  Third, we summarize regional patterns in annual mean sea level for 2012, as well as between the 2012 and 2011 annual mean patterns.  These maps reflect sea level changes over the course of the year due to climate phenomena such as El Niño/Southern Oscillation (ENSO), as well as longer-term decadal variations linked for example to climate indices such as the Pacific Decadal Oscillation (PDO) and the North Atlantic Oscillation (NAO).  Finally we examine the highest daily sea level values observing during 2012 based on tide gauge data, which provides information on storm patterns during 2012.  


	Data for this assessment were obtained from the multimission gridded sea surface height (SSH) altimeter product produced by Ssalto/Duacs and distributed by AVISO, with support from CNES (www.aviso.oceanobs.com), and from the University of Hawaii Sea Level Center (http://uhslc.soest.hawaii.edu/), with support from the NOAA Climate Observations Division.  GMSL plots were obtained from the CU Sea Level Group of the University of Colorado (http://sealevel.colorado.edu).  The thermosteric contribution to GMSL, as computed by Levitus et al. (2013), was obtained from the Ocean Climate Laboratory of the National Oceanographic Data Center, NOAA (http://www.nodc.noaa.gov/OC5/3M_HEAT_CONTENT/basin_tsl_data.html).  The ocean mass contribution to GMSL, as computed by Chambers et al. (2010), was obtained from the Satellite Oceanography Laboratory of the University of South Florida (http://xena.marine.usf.edu/~chambers/SatLab/Home.html). 
	The 20-year GMSL record is constructed by combining TOPEX, Jason-1, and Jason-2 satellite altimeter SSH observations (Fig. 3.24a).  The SSH data have been corrected for the inverse barometer effect as well as for changes in ocean volume associated with glacial isostatic adjustment (GIA). The positive linear trend in GMSL of 3.2 ± 0.4 mm yr-1 during the altimetry record is due to the combined effect of increasing ocean heat content (thermosteric rise) and increasing ocean mass primarily resulting from melting of terrestrial ice (Fig. 3.24a).  Linear trend values for GMSL, thermosteric, and ocean mass change over the span of each measurement (Fig. 3.24a) and are consistent within the errors for each trend value. Trends in GMSL are smaller during the shorter intervals spanning time series of the individual contributions, but the differences are not statistically significant as the error bars about each value overlap. During the 2005–12 period for which all three measurements are available, the ocean mass contribution to the trend is dominant and more than twice that of the thermosteric contribution. The sum of the trends in the two individual contributions closes the GMSL trend budget within the error. 
	In addition to the positive linear trend in GMSL, there are substantial residual variations about the trend. In particular, the SSH residual exhibited low values relative to the trend during 2010–11, with a return to high values in 2012. The detrended GMSL time series has been shown to correlate significantly with the Multivariate ENSO Index (MEI; Nerem et al. 2010), although the relationship is not linear and may vary from event to event due to other factors. The agreement between detrended GMSL and the MEI during 2010–11 (Fig. 3.24b) suggests the decrease in GMSL relative to the trend during this period was due to a La Niña state of the El Niño-Southern Oscillation (ENSO).  The influence of ENSO on GMSL during La Niña occurs both through lower ocean heat content, as well as an increase in precipitation rates over land, which transfers ocean mass to the continents and leads to a short-term lowering of GMSL (Llovel et al. 2011).  In the case of the 2010–11 La Niña, negative GMSL anomalies were almost entirely the result of ocean mass transfer to the continents (Boening et al. 2012), which is supported by the coincident decrease in ocean mass (Fig. 3.24a). In contrast, anomalies about the trend in the thermosteric contribution to GMSL are small during 2010–11. 
	Maps of regional sea level, averaged over three month time spans, show the transition from La Niña dominant conditions at the beginning of the year, with high levels in the western tropical Pacific and eastern tropical Indian Oceans and low levels in the eastern Pacific and western Indian Oceans (Fig. 3.25a), to more ENSO-neutral conditions during the last quarter of 2012 (Figure 25d). The early 2012 pattern represents the last stages of multi-year La Niña conditions that began in 2010. In the Indian Ocean, the La Niña-related high sea level anomaly along the west coast of Australia at the beginning of the year (Fig. 3.25a) tend to migratemigrated westward as Rossby waves over the course of the year (Fig. 43.25b–d).   


	2012 began with the continuation of a positive NAO phase, which was reflected in negative sea level anomalies in the Mediterranean and positive anomalies in the Baltic Seas (Fig. 3.25a). The NAO index switched to negative values through the middle of the year with near-neutral conditions by the end of the year. Regional sea level patterns in the North Atlantic remained somewhat static throughout this period. Negative anomalies were noticeable in the South Atlantic for most of the year.
	Annually averaged sea level during 2012 reflects the La Niña pattern that dominated the tropical Pacific and Indian Oceans at the start of the year (Fig. 3.26a). The Pacific Decadal Oscillation (PDO) index was consistently negative throughout 2012, as it has been since mid-2010. The 2012 sea level field is characteristic of a negative PDO phase with low sea level anomalies along the eastern boundary that extend westward across the basin, particularly at low latitudes (Merrifield et al. 2012; Zhang and Church 2012). At midlatitudes in the North Pacific, high sea levels occurred associated with anomalous wind forcing in the Aleutian Low region.  Over the Southern Ocean, a broad region of negative sea levels persisted west of the southern tip of South America.  Annual sea levels were generally high in the tropical Indian Ocean. Sea level in the Atlantic Ocean was high north of the Gulf Stream extension and low south of this region. 


	The difference between the 2012 and 2011 annual means shows signs of the trade wind weakening in the Pacific associated with the waning La Niña and falling sea levels over much of the South Pacific Convergence Zone (SPCZ; Fig. 3.26b). A region of strong positive change in the Indian Ocean largely reflected a strong negative sea level anomaly in 2011 that was absent in 2012. Zonal bands of rising and falling sea level appeared in the Atlantic, which partly reflect wind changes associated with the switch from negative to positive NAO phase in 2011, and then back from positive to neutral in 2012. 


	The maximum daily-averaged sea level during 2012 at each tide gauge station, relative to the annual mean of that station, shows the general pattern of higher amplitude values in the mid to high latitudes and weaker values in the tropics (Fig. 3.27a).  The historic context for the 2012 annual maxima is presented in terms of the return period/averaged recurrence interval (years), computed using a generalized extreme value fit for tide gauges with at least 30 years record length (Fig. 3.27b). The annual maxima at the majority of stations (75 of 79) correspond to return periods of less than eight years, with two stations in the 12–16 year range (Pensacola, Florida, U.S. and Naha, Japan). The impact of Hurricane Sandy is clearly evident at two stations in the northeastern U.S.: Atlantic City, New Jersey, and Newport, Rhode Island. The annual maxima at these locations are 96 cm and 73 cm above the annual mean sea level, respectively, corresponding to return periods of 39 and 276 years. It isWe noted that these levels do not include the contribution of high tides during the storm. (The Hurricane Sandy storm tide heights will beis discussed in detail in "Weather Extremes of 2012 in Climate Perspective").Peterson et al. 2012  The daily mean sea level during Hurricane Sandy is the highest over the 82-year record at Newport and the second highest over the 101-year record at Atlantic City (record the highest isbeing 120 cm during the "Perfect Storm" of 1991). The annual maximum at Pensacola (73 cm) occurred in late August 2012 during the landfall of Hurricane Isaac, while in the same month Typhoon Bolaven caused significant damage at Naha and the Okinawa Island. 

[bookmark: Global_ocean_carbon_cycle]j. Global ocean carbon cycle – R. A. Feely, R. Wanninkhof, C. L. Sabine, J. T. Mathis, T. Takahashi, S. Khatiwala and G.-H. Park

[bookmark: Sea_air_carbon_dioxide_fluxes]1) Sea-air carbon dioxide fluxes
A synthesis of carbon fluxes between the ocean, atmosphere, and terrestrial biosphere from 1990–2009 was recently performed as part of the Regional Carbon Cycle Analysis Project (RECCAP, http://www.globalcarbonproject.org/reccap). This included best estimates of sea-air carbon dioxide (CO2) fluxes for major ocean basins (Ishii et al. 2013; Lenton et al. 2013; Schuster et al. 2012) and for the global ocean (Wanninkhof et al. 2012). The estimates were based on analyses of ocean inverse models (OIM), atmospheric inverse models (AIM), ocean general circulation models with biogeochemistry (OBGCM), and empirical estimates based on surface water CO2 observations.  
The global ocean analysis showed good correspondence in the magnitude of anthropogenic sea-air CO2 fluxes[footnoteRef:2] for the different modeling approaches and observations with values converging on -2.0 Pg (1015g) C yr-1 for year 2000 (the negative sign signifies CO2 uptake by the ocean). The interannual variability over the two decades for the OIM and OBGCMs and empirical approaches is about 0.18 Pg C yr-1. The AIMs showed twice as large interannual variability as the other approaches (≈0.4 Pg C yr-1), which is attributed to incomplete separation of terrestrial and oceanic sources and sinks in the AIMs. Consistent differences in the 20-year trend of sea-air CO2 were observed between methods. Those relying on ocean interior carbon and tracer measurements yielded a trend of 0.35 to 0.5  (Pg C yr-1) decade-1 while those relying on surface water CO2 values such as OBGCMs and empirical estimates gave values of 0.15 (Pg C yr-1) decade-1.  The differences are attributed to the interior measurements being insensitive to changes in surface biogeochemistry resulting from climate reorganizations and global change.  The relatively short time record of consistent measurements and model input parameters over two decades precludes a definitive attribution of the differences in trends for the different methods.  [2:  The anthropogenic CO2 flux is the contemporary flux minus the riverine carbon input (≈0.45 Pg C yr-1] 

The LDEO (Takahashi) pCO2 database was used to generate an updated sea-air CO2 flux climatology in RECCAP.  The gridded pCO2 dataset from the database was used along with a consistent global wind speed product, the cross-calibrated multi-platform (CCMP) winds (Atlas et al. 2011. Other adjustments to the estimate of Takahashi et al. (2009) include incorporating the impact of El Niño’s on global sea-air fluxes, a new assessment of sea-ice coverage, and extrapolation of data to the coastline. The updated global anthropogenic sea-air CO2 flux based on observations centered on 2000 is -2.0 Pg C yr-1.  This value is the same as that of Takahashi et al. (2009) but it differs in the partitioning. The net open ocean CO2 flux in the adjusted estimate is -1.18 Pg C yr-1 compared to -1.38 Pg C yr-1 in Takahashi et al. (2009). The updated estimate includes a 0.18 Pg C yr-1 greater uptake by accounting for the coastal regions and a -0.45 Pg C yr-1 adjustment for riverine carbon input.
The large increase in surface CO2 measurements and updated compilations are improving the flux estimates. A community-based effort under auspices of the International Ocean Carbon Coordination Project (IOCCP, www.ioccp.org) released its first data product in 2011, SOCAT version 1.4.  It contained 6.3 million surface water CO2 measurements from more than 1850 voyages in the global oceans and coastal seas between 1968 and 2007 (Pfeil et al. 2012).  The second release, SOCAT version 2.0 covering the time period from 1968 through 2011 includes nearly 15 million surface water observations taken on 3100 cruises will occur in the summer of 2013.
  The global ocean sea-air CO2 flux estimate for 2011 is based on the approach described in Lee et al. (1998) and Park et al. (2006, 2010a,b). The monthly surface water pCO2 (pCO2SW) climatology on a 4° by 5° from Takahashi et al. (2009) is the basis to estimate interannual variability in sea-air CO2 fluxes (http://www.ldeo.columbia.edu/res/pi/CO2/carbondioxide/pages/air_sea_flux_2009.html). Subannual relationships are determined between sea surface temperature (SST) and pCO2SW from this climatology to determine the monthly pCO2SW for the other years from the sea surface temperature SST anomaly compared to the SST for reference year 2000. SST is the optimal interpolated NOAA SST product (http://www.cdc.noaa.gov/data/gridded/data.noaa.oisst.v2.html). 
The surface water pCO2 for each month (pCO2SWym) is determined according to:
pCO2SWym = [pCO2SW2000m + (δpCO2SW/δSST)2000m  SSTym2000m]                                  (1)
where ym is the year and month, and subscript 2000m refers to the month in 2000.	
The flux in turn is determined from:
 Fym = kym K0 ym {pCO2SWym – pCO2AIR2000m} =  kym K0 ym ∆pCO2ym                                                      (2)
The solubility K0 ym is determined from monthly SST and climatological salinity estimates using the solubility equations of Weiss (1974). The monthly gas transfer velocity, kym is determined from the second moment of monthly mean wind speed and the gas transfer coefficient:
 kym =   a  <U10 ym2> (Scym/660)-0.5                                                                                     (3)
where <U10 ym2> the second moment of the wind at 10m above sea surface representing the variance of the 6-hourly wind speeds for each grid cell over ym, and Sc is Schmidt number (Wanninkhof, 1992). The coefficient “a” is determined from the bomb 14C inventory in the ocean according to Sweeney et al. (2007). The coefficient for the Cross-Calibrated Multi-Platform (CCMP) winds is 0.251 and for the NCEP Reanalysis II winds it is 0.217. In the polar regions where sea-ice forms seasonally, kym was multiplied by (1–f), where f is the fractional sea-ice cover.
The CCMP winds are from: http://podaac-www.jpl.nasa.gov/dataset/CCMP_MEASURES_ATLAS_L4_OW_L3_0_WIND_VECTORS_FLK.  The second wind speed product used is the 6-hour (4 times a day) NCEP/DOE Reanalysis II product in Gaussian grid referred to as NCEP-II. NCEP-II data is provided by the NOAA/OAR/ESRL PSD, Boulder, Colorado, USA, (http://www.cdc.noaa.gov/data/gridded/data.ncep.reanalysis2.html). The statistical analyses use all wind data within each 4˚ by 5˚ grid cell, masked for land where appropriate. The monthly fractional sea-ice cover values for each 4° by 5° grid cell are obtained from the NCEP/DOE Reanalysis II surface ice concentration fields (ftp://ftp.cdc.noaa.gov/Datasets/ncep.reanalysis2/gaussian_grid/).  Following Takahashi et al. (2009) if the ice cover value is over 0.9, it is assumed that each grid cell has 10% ice-free open water (f = 0.9). This accounts for leads and polynyas where CO2 is exchanged across the sea-air interface.
For the central and eastern equatorial Pacific (10°S6°N, 165°E280°E (= 80°W)) there are sufficient data to derive timE–Period specific equations between SST and pCO2sw.  The ones used here are those from of Feely et al. (2006) updated and extended through 2011 (Park et al. 2010a). These are unique algorithms between pCO2SW-SST for El Niño and non-El Niño periods for three different time periods. Mean atmospheric pCO2 values for estimating ∆pCO2 in each grid cell of the central and eastern Equatorial Pacific are obtained from GLOBALVIEW-CO2 (2011).  
    An improvement in this empirical approach is that the changing atmospheric CO2 levels are included. The basic assumption of the original analysis is that surface pCO2SW increases at the same rate as the atmosphere (see Eq. 2). Therefore, global sea-air CO2 fluxes estimated from this approach do not include fluxes caused by atmospheric CO2 increase. Now the fluxes owing to atmospheric CO2 increase are included using the results of NCAR CCSM-3 model (Doney et al. 2009a,b) of the CO2-only run for the period of 1987–2006 extrapolated through 2011. All grid cells with no significant trends indicate that the pCO2SW increases at the same rate as atmospheric CO2, that is, ∆pCO2 is constant year-to-year. The “CO2-only” fluxes are added to CO2 fluxes from the empirical model described above. 
Following this approach the anthropogenic sea-air CO2 flux estimate for 2011 using the CCMP winds is -1.95 Pg C yr-1, while for the NCEP-II winds the value is -2.30 Pg C yr-1. This large difference is despite the 15 % adjustment of the coefficient in the gas exchange wind speed relationship (Eq. 3) for the higher global average winds of NCEP-II. This difference in global fluxes is caused by the NCEP-II winds being systematically lower than the CCMP winds in the equatorial Pacific where the CO2 flux is out of the ocean, and higher in the Southern Ocean where the CO2 flux is into the ocean (Wallcraft et al. 2009).
The monthly fluxes for 2011 can be obtained from a graphical user interface:  HYPERLINK "http://cwcgom.aoml.noaa.gov/erddap/griddap/aomlcarbonfluxes.graph" http://cwcgom.aoml.noaa.gov/erddap/griddap/aomlcarbonfluxes.graph. This utility does not include the coastal areas, or account for changing atmospheric CO2 but rather provides an open ocean contemporary flux. The global ocean monthly average flux for 2011 and the anomaly from the 30-year mean (1982–2011) are shown in Fig. 3.28. 

The monthly trend and magnitude for 2011 is very similar to the 30-year mean. On average, the global ocean CO2 uptake in 2011 is was about 9 % less than the long-term mean, after removing the long-term trend.  A map view of sea-air CO2 fluxes and the anomaly from the mean for June and December 2011 is shown in Fig. 3.29. 
The contemporary sea-air fluxes in June and December 2011 shown in the left-hand panels of Fig. 3.29 show a pattern of effluxes in the tropical regions and net CO2 uptake in mid- to high -latitudes. The sinks at high northern latitude in early summer are due to biological productivity while the sinks in the subtropical regions and subpolar Southern Ocean are caused by seasonal cooling. The patterns are similar for December 2011 except that the drivers switch with the pCO2 sinks in the Northern Hemisphere caused by seasonal cooling and the Southern Ocean sink being driven by biological productivity. The maximum influx in the Southern Ocean moves further south and is greatest in the Atlantic sector. The efflux in tropical regions is significantly greater in June than in December. Upwelling in the equatorial Pacific is stronger in June, particularly in 2011 with the occurrence of the La Niña phase of the ENSO. The high CO2 effluxes in response to upwelling during the Ssouthwest Mmonsoon in the Arabian Sea is also apparent in June. 

Anomalies in sea-air fluxes are often related to large-scale climate reorganizations with the ENSO being the most prominent. The multivariate ENSO index (MEI), which can be found at ; http://www.esrl.noaa.gov/psd/enso/mei/table.html), shows that the first half of 2011 experienced strong La Niña conditions with the remainder of the year weak to neutral conditions. The La Niña causes enhanced outgassing in the equatorial Pacific as is observed in the anomaly maps above. Other features of note areis the positive anomaliesy in the Pacific sector of the Southern Ocean in June and also to a lesser extent in December, which means that this sink region takes took up less CO2 in 2011. This is attributed to a combination of SST anomalies in the region and higher winds. The higher outgassing in the equatorial Pacific, combined with the lower influx in the Southern Ocean, caused the net sea-air CO2 flux for 2011 to be lower than the long-term mean. 

[bookmark: Ocean_carbon_inventory]2) Ocean carbon inventory
	The U.S. CLIVAR/CO2 Repeat Hydrography Program continues to provide new insights about the uptake and storage of carbon within the ocean interior. Two different data-based approaches for calculating anthropogenic carbon inventories exist: the ΔC* method (Gruber 1998; Sabine et al. 2002, 2004), and the transit time distribution (TTD) method (Waugh et al. 2006). These observations-based approaches use tracer information and assume steady state ocean circulation. The anthropogenic carbon inventoriesy inferred from these different methods agree well with each other within the limits of their uncertainties. A recent compilation of inventories of Cant from these methods combined with some model results indicate a global ocean inventory of anthropogenic carbon from 1750 to 2010 of 155 ±26 PgC (Khatiwala et al. 2012). 
	The storage rate of anthropogenic carbon dioxide can also be assessed by calculating the change in Cant concentration between two time periods. Regional observations of the storage rate are in general agreement with that expected from the increase in atmospheric CO2 concentrations and with the tracer-based estimates (Fig. 3.30).  However, there are significant spatial and temporal differences in the degree to which the inventory of Cant tracks changes in the atmosphere. For example, the subpolar North Atlantic is an area with high variability in circulation and deep water formation, influencing the Cant inventory. Large differences in storage rates have been observed on decadal and subdecadal time scales (Wanninkhof et al. 2010; Khatiwala et al. 2012). Pérez et al. (2010) found that the Cant storage rate in the North Atlantic was dependent on the NAO, with highest Cant storage rates occurring during the positive phase of NAO and low storage rates during the negative phase of NAO. Ocean observations are insufficient to assess whether there has been a change in the rate of total (anthropogenic plus natural) carbon uptake by the global ocean. In the Pacific Ocean there are higher Cant storage rates in the South Pacific as compared with the North Pacific (Murata et al. 2007; Sabine et al. 2008). In the Indian Ocean the largest Cant storage rates are observed south of the equatorial where Cant increases to 1800 m have been observed (Murata et al. 2010; Álvarez et al. 2011).



[bookmark: Anthropogenic_ocean_acidification]3) Anthropogenic ocean acidification
	Over the past two and a half centuries, the release of carbon dioxide (CO2) from humankind’s industrial and agricultural activities has resulted in an increase in atmospheric CO2 concentrations by about 110 parts per million (ppm). During this period, the ocean has absorbed about 155 billion metric tons of carbon as CO2carbon dioxide from the atmosphere, or about a quarter of the total carbon emissions. The uptake of anthropogenic CO2 by the ocean changes the chemical composition of seawater through the thermodynamic equilibrium of CO2 with seawater. When the anthropogenic CO2 is absorbed by seawater the dissolved CO2 forms a weak acid (H2CO3) and, as CO2 in seawater increases, the pH, carbonate ion (CO32-), and CaCO3 saturation state (Ω= [Ca2+][CO32-]/Ksp*) of seawater decrease while bicarbonate ion (HCO3-) increases. The pH (total scale) of surface waters ranges from 7.8 to 8.4 in the open ocean, so the ocean remains mildly basic (pH > 7) at under present conditions (Caldeira and Wickett 2003; Orr et al. 2005; Feely et al. 2009). Ocean uptake of CO2 results in gradual decrease in the pH of seawater; a process commonly referred to as “ocean acidification” (Broecker and Clark 2001; Caldeira and Wickett 2003). A decrease in open-ocean pH of 0.1 since the preindustrial era corresponds to a 26% increase in the hydrogen ion concentration [H+] concentration of seawater (Orr et al. 2005: Feely et al. 2009). The consequences of decreases in pH, CO32-, and saturation states for CaCO3 minerals on marine organisms and ecosystems are just beginning to be understood (Fabry et al. 2008; Doney et al. 2009c; Gattuso and Hansson 2011).

	Monthly observations of oceanic pCO2SW and pH reflect changes in both the natural carbon cycle and the uptake of anthropogenic CO2 from the atmosphere. Ocean time-series stations in the North Atlantic and North Pacific record decreasing pH (Fig. 3.31), with rates averaging about -0.0018 yr-1. The pH changes in Southern Ocean surface waters are less certain because of the paucity of long-term time-series observations there. 


Recent models have suggested that waters that are undersaturated with respect to aragonite would shoal to depths affecting the Washington-Oregon-California continental shelf ecosystems over the next several decades (Hauri et al. 2009; Rykaczewski and Dunne 2010; Gruber et al. 2012; Hauri et al. 2013). Figure 3.32 shows the decrease in aragonite saturation levels as function of Atmospheric atmospheric CO2 concentrations for surface waters of the Tropical Ocean, Southern Ocean, Arctic Ocean, and California Current System (Gruber et al. 2012). The subsurface waters of the California Current System (ranging from 60 m– to 120 m depth) reach undersaturation at about the same atmospheric CO2 concentration as the Arctic Ocean surface waters (~440 µatm). Under these conditions, more than half of the waters of the California Current System would be undersaturated year-round. These large-scale changes would have major implications for the shellfish species that constitute an important component of the commercial fisheries of this region. 

[bookmark: Global_ocean_phytoplankton]4) Global ocean phytoplankton – B.A. Franz, M.J. Behrenfeld, D.A. Siegel, and P.J. Werdell 

	Phytoplankton are free-floating algae that grow in the euphotic zone of the upper ocean, converting carbon dioxide, sunlight, and available nutrients into organic carbon through photosynthesis. Despite their microscopic size, these photoautotrophs are responsible for roughly half the net primary production on Earth (NPP; gross primary production minus respiration) on Earth, fixing atmospheric CO2 into food that fuels our global ocean ecosystems. Phytoplankton thus play a critical role in the global carbon cycle and their growth patterns are highly sensitive to environmental changes such as increased ocean temperatures that stratify the water column and prohibit the transfer of cold, nutrient rich waters to the upper ocean euphotic zone.
	The global distribution of phytoplankton populations is highly variable and ever changing. Satellite ocean color sensors, such as the Sea-viewing Wide Field-of-view Sensor (SeaWiFS; McClain 2009) and Moderate Resolution Imaging Spectroradiometer (MODIS; Esaias 1998), provide vital mechanisms for monitoring global changes in phytoplankton on daily to yearly time-scales. Ocean color sensors retrieve the spectral distribution of visible solar radiation reflected upward from beneath the ocean surface.  Spectral variations in this water-leaving “remote sensing” reflectance (Rrs(); sr-1) are governed by relative concentrations of suspended and dissolved constituents in the upper euphotic zone.  These constituents shape Rrs() through their distinct spectral absorption and scattering properties.  In the deep oceans and away from terrestrial influences, variability in Rrs() directly correlates with concentration of the phytoplankton pigment chlorophyll-a (Chla; mg m-3), which strongly absorbs blue light and weakly absorbs green light. Empirical Rrs() band ratio algorithms relate Rrs() to Chla, thereby providing a rough satellite-based proxy for phytoplankton abundance.  Since 1997, a continuous record of global ocean color measurements has been collected that spans the lifetime of SeaWiFS (1997–2010) and continues with MODIS on Aqua (MODISA; 2002–Present). Today, the MODISA instrument is well past its design lifetime, and the Visible and Infrared Imaging Radiometer Suite (VIIRS, launched in late 2011) is now being evaluated as a viable source of climate-quality chlorophyll-a (Chla) data (Turpie et al. 2012).			
	Our These analyses employ Chla retrievals from MODISA version 2012.0 and VIIRS version 2012.2, which were derived by NASA using consistent processing algorithms (OBPG 2012). The data were averaged into geo-referenced equal area bins of approximately 9.2 × x9.2 km2 (Campbell et al. 1995) and composited over each month for each mission. Figure 3.33 shows 2012 annual mean Chla from MODISA (panel a) and VIIRS (panel b) mapped to an equirectangular projection centered at 150°W.  Chla concentrations are spatially heterogeneous and range over three orders of magnitude, from < 0.05 mg m-3 in central ocean gyres to > 50 mg m-3 in nutrient-rich coastal and subpolar waters.  Over the full range of deep-ocean values (> 1 km depth), a significant correlation exists between the 2012 annual averages from MODISA and VIIRS in log10(Chla) (R2=0.96, p << 0.001). 
	Climate forcings strongly impact spatial and temporal phytoplankton distributions, but these effects are not easily detected when viewing absolute chlorophyll values over the full three orders of their global dynamic range (Fig. 3.33).  Instead, climate-related Chla changes are better viewed as differences relative to a long-term average, or anomalies.  To assess anomalies, monthly climatological average Chla values were calculated from nine years of MODISA measurements for the period (2003–11).  These values were then subtracted from monthly values for each year from MODISA and VIIRS to derive Chla anomalies in each bin.  Figures 3.34a and 3.34b show 2012 annual average Chla anomalies from MODISA and VIIRS, respectively, illustrating the large-scale deviations in Chla concentration for this year relative to the climatological normnormal.  



	For 2012, Chla concentrations were elevated over large regions of the tropical Pacific Ocean, tropical Atlantic Ocean, subtropical North Atlantic Ocean, and parts of the Southern Oceans.  Anomalously low Chla values were observed in the Indian Ocean, parts of the Southern Ocean, the western edge of the tropical Pacific, and globally throughout the subtropics. These basic patterns are apparent ins both the MODISA and VIIRS Chla anomalies. 
	**Note to editor, we plan to compare these anomalies to findings from the SST and heat content chapters of the SoC 2012 report once they become available. ***	Comment by mnewlin: Note comment from author
Sections sent (MLN)
	Globally, the MODISA and VIIRS Chla anomalies (Figs. 3.34a and 3.34b) exhibit a strong correspondence (R2=0.66, p << 0.001), thus adding confirmation to the large-scale anomaly patterns. There are, however, significant regional differences in annual anomalies for the two missions (Fig. 3.34c) that provide an indication of uncertainty and raise questions about whether existing technologies will be able to accurately detect the subtle variations in ocean phytoplankton that may be associated with long-term climate change. Siegel et al. (in review)We seek to resolve long-term trends in Chla anomalies of less than 1% per year (Siegel et al. in review). When averaged over all deep-water bins, the annual Chla anomalies for MODISA and VIIRS agree to within 1%, but with a standard deviation of +/- 30%. These relatively large regional differences are due in part to calibration errors:  VIIRS is a new instrument and its calibration is not yet well understood, while MODISA is an aging instrument and its calibration is increasingly challenging (Turpie et al. 2012; Meister et al. 2012). These errors will likely be reduced as calibration is refined in subsequent reprocessing, but other factors contributing to the intermission differences include limitations in sensor and mission designs (discussed below) that complicate the retrieval process, increase uncertainties, and contribute to sampling biases.
	The black lines in Fig.ure 3.34 delineate the permanently stratified ocean (PSO), which extends latitudinally between approximately 40°N and 40°S, occupies ~74% of the global ocean surface area, maintains annual average surface temperatures >15°C, and remains perpetually depleted in surface nutrients (Behrenfeld et al. 2006).  Figure 3.35a and b shows the multimission record of monthly mean Chla (panel a) and monthly anomalies (panel b) for the PSO, respectively, starting with the SeaWiFS mission (version 2010.0, OBPG 2012) and extending into the MODISA and VIIRS eras.  The overlay of green diamonds on Fig.ure 3.35b represents the Multivariate ENSO Index (MEI;, Wolter and& Timlin, 1998), inverted and scaled to match the Chla anomaly range. Behrenfeld et al. (2006) used the MEI to explain much of the variability in phytoplankton NPP for the PSO, based on analysis of the first eight years of the SeaWiFS mission (1997–2005). With some exceptions, the MEI continues to track large-scale PSO temporal variability over the multimission Chla record. A strong El Niño to La Niña transition occurred in 2010, with commensurate reduction in stratification of the tropical Pacific that is clearly reflected by a rapid increase in the Chla anomaly trend (Fig. 3.35b). After 2010, correlation between PSO Chla anomalies and MEI is less clear, but this deviation from the long-term pattern may be indicative of increased uncertainty in the calibration of the aging MODISA sensor rather than a fundamental change in the functioning of the ocean biology-climate system.
	Whether sooner or later, MODISA operations will end and continuation of the satellite ocean color record will rely on VIIRS.  The VIIRS Chla record (red line in Figs. 3.35a and 3.35b) shows good agreement with MODISA for the PSO region, with mean absolute difference in monthly anomalies of 2.4% (Fig. 3.35b), suggesting that VIIRS is a viable sensor for extending the Chla time series at a level of quality consistent with MODISA. However, both VIIRS and MODISA suffer from several design choices that reduce accuracy for ocean color science relative to SeaWiFS.  Both sensors lack spectral coverage in the 500 nm–520 nm range, for example, which SeaWiFS demonstrated to improve performance of the Rrs()-to-Chla algorithm for higher Chla concentrations (> 1 mg m-3, e.g. Werdell et al. 2009). Furthermore, VIIRS and MODISA both lack tilting capabilities, making Rrs() retrievals more susceptible to error and reduced sampling due to Sun glint contamination (specular reflection from the surface), and both sensors exhibit significant sensitivity to atmospheric polarization, which increases complexity and uncertainty in modeling the atmospheric signal that dominates measured top-of-atmosphere radiance and must be accurately removed to retrieve Rrs().


	In addition to the aforementioned technical challenges, there are more fundamental limitations in the interpretation of satellite ocean color data as a biological response to climate change. Key among these is the assumption that Chla is a good proxy for phytoplankton abundance (Siegel et al. in review).  Phytoplankton adjust their cellular chlorophyll content in response to environmental changes in light and nutrient availability. This physiological response can contribute greater than an order of magnitude variability in Chla and is ultimately responsible for the monthly to interannual variations in PSO anomalies. As such, changes in the time series shown in Figure 3.35 can be interpreted as either a reflection of physiological variability or as absolute abundance changes, and this ambiguity has major implications for the subsequent interpretation of ocean productivity time-series. Other key issues include the accurate separation of phytoplankton absorption from absorption by colored dissolved organic matter and the identification of and discrimination between regional phytoplankton community compositions.  Fully resolving these issues and thereby increasing our scientific understanding of Earth’s biological response to climate change remains problematic with heritage ocean color sensors.  Moving forward will require advanced observational capabilities that expand the range of measurement wavelength (near-ultraviolet to near-infrared) and spectral resolution (~5nm minimum).  Recognition of such critical needs provides the basis for future mission planning, such as the NASA Pre-Aerosols, Clouds, and ocean Ecosystems (PACE) mission.

[bookmark: A][bookmark: Argo]Sidebar 3.1: Argo -  Providing systematic observations of the subsurface global ocean – The Argo Steering Team

	The Argo Program is the first global subsurface ocean observing system, complementing satellite observations of the sea surface with comparable coverage of the subsurface oceans. Systematic global observations of the oceans are essential for observing and understanding climate variability and change because the oceans and atmosphere interact through a broad spectrum of climate-related phenomena. These range from rapid weather events, such as tropical cyclones, to multidecadal trends in heat and freshwater that are key indices of climate change. They include seasonal exchanges of heat and freshwater on hemispheric scales, water mass formation processes embedded in the seasonal cycle, interannual climate phenomena such as El Niño/La Niña, and decadal variability in the Pacific Ddecadal Ooscillation and the Southern Annular Mode. For all of these, it is important to study not only air-sea interactions, but their cumulative impact on ocean properties, including temperature and salinity. The ocean is important because it is the planet’s dominant reservoir for heat and water, which it exchanges massively with the atmosphere and transports through ocean circulation. The ocean’s great capacity for storage and its slow circulation provide long time scales in the climate system, smoothing out the rapid changes of the atmosphere forcing.
	Subsurface ocean observations were, until very recently, almost exclusively made from ships. The earliest on a global-scale observations were in the 1870s from HMS Challenger and ; from then until the presenton-day, measurements have continued to be made using instruments lowered from ships or by expendable probes deployed from merchant vessels. Such ship-dependent measurements remain few in number, are seasonally biased (few at high latitudes in winter), and leave large areas unobserved. The high point in ship-based global-scale oceanography was the 1990–97 World Ocean Circulation Experiment (WOCE) survey in which many research vessels together collected about 8,000 top-to-bottom temperature/salinity profiles along trans-ocean lines. 

	For WOCE, R. Davis and D. Webb developed the first neutrally buoyant floats capable of being tracked globally was developed.  These floats were deployed to reveal the flow field at 1 km depth and were later modified to measure profiles of temperature and salinity as they ascended to the surface to be tracked by satellite. These profiling floats opened the possibility of a global-scale network routinely collecting temperature/salinity (T/S) profiles, and the Argo project was designed for this purpose (Argo Science Team 1999). (The name Argo reflected the complementarity of the float array with the Jason altimeter satellites). Argo’s goal was to obtain over 100 000 temperature/salinityT/S  profiles per year, 0–2000 m depth, from 3300 floats spaced every 3° of latitude and longitude and profiling every 10 days (Fig. SB3.1).
	Argo is large and complex, requiring coordination by its multinational partnership to oversee implementation and to guide the consistent processing and distribution of data in two streams (near real-time and higher quality delayed mode). Argo floats are operated through nationally-funded programs of greatly differing size. The first deployments were in late 1999 and as float lifetimes improved (presently around four to five years), large scale deployments from research, commercial, and dedicated chartered vessels followed in 2004. A 3000-float global array, operated by more than 30 nations, was achieved in late 2007 (Fig. SB3.2) and float numbers have been maintained since then. Argo has surpassed its initial goals in terms of float lifetime, data quality and speed of delivery, and the milestone of the millionth Argo temperature/salinityT/S profile was reached in late 2012 (Fig. SB3.3). To put this achievement in context, since the late 19th century ships have collected just over 500 000 temperature/salinityT/S profiles to a depth of 1 km and only 200 000 to 2 km. Argo profiles are now being collected at a rate of 11 000 each month and a cost of about $170 per profile.




	In its short life, the Argo data stream has become an indispensibleindispensable resource for both ocean and climate research, with over 200 refereed publications per year using Argo data at present, plus many PhD and Master’s theses.  It has also become a mainstay of national and international climate assessments, ocean reanalysis, short term forecasting, and seasonal-to-decadal ocean and coupled prediction. Argo has been of particular value in the study of ocean heat storage, with its implications for sea-level rise, and to provide insights into changes in the global hydrological cycle. Argo’s comprehensive temporal and spatial coverage provides a means of assessing ocean changes over the period since earlier sparse measurements.
	Argo remains focused on its core open-ocean temperature/salinityT/S and velocity mission, but the basic technology and data delivery system are adaptable and robust, and as a consequence, many enhancements to the program have been endorsed and are being developed (Freeland et al. 2010). These include profiling to the ocean bottom and incorporatingon of sensors to observe biogeochemical and ecosystem impacts of climate variability and change, as well as sampling in ice-covered regions, marginal seas, and western boundary regions, and providing improved vertical resolution and surface-layer sampling. These enhancements have been made possible through improvements in energy efficiency and capabilities of profiling floats, increased communication bandwidth, and the development of novel sensors.
	Argo has become a major community resource for research, operational activities, and as an education and outreach tool. Thus there is a strong case that it should be maintained and refined to meet the needs of an ever growing and broadening body of users. Argo is now a central element of the Global Ocean Observing System, continuing its synergy with satellite observations and providing an essential framework into which other ocean observations (both ship-based and from autonomous platforms such as drifters and gliders) can be integrated. Further information about Argo, and access to Argo data can be found at http://www.argo.net.

[bookmark: Slowdown_lower_southern_limb]Sidebar 3.2: Slow-Down of the Lower, Southern Limb of the Meridonal Overturning Circulation in Recent Decades – G. C. Johnson and S. G. Purkey

The Atlantic Meridional Overturning Circulation (AMOC), fed by sinking of North Atlantic Deep Water (NADW), has been continuously monitored for possible changes in the subtropical North Atlantic since 2006 (see section 3h). Annual means of the measured transport of the AMOC range from 13 to 20  106 m3 s-1 between 2006 and 2010 (McCarthy et al. 2012).  However, the AMOC is only the upper, northern limb of the global meridional overturning circulation (Lumpkin and Speer 2007).  The lower, southern limb of the MOC, fed by sinking of Antarctic Bottom Water (AABW), has a transport of similar magnitude (Lumpkin and Speer 2007).  In fact, AABW fills more of the world oceans than NADW, including much of the Southern Ocean as well as the deep Indian, Pacific, and western South Atlantic Oceans (Johnson 2008).
There is growing evidence that this lower southern limb is changing overin recent decades, including statistically significant warming of deep waters of Antarctic origin nearly globally since circa 1990 (Kouketsu et al. 2011; Purkey and Johnson 2010), as well as freshening of bottom waters near Antarctica in the Indian (Rintoul 2007) and Pacific (Swift and Orsi 2012) sectors of the Southern Ocean. While there is no equivalent of the subtropical North Atlantic AMOC observation system (see section 3h) for the lower, southern limb of the meridional overturning circulation, many studies, summarized below, have inferred consistent, worldwide reductions in the strength of this limb by comparing various oceanographic section data from the Global Ship-Based Hydrographic Investigations Program  (http://www.go-ship.org/) with data from earlier oceanographic sections occupied during the 1980s and 1990s as part of the World Ocean Circulation Experiment (WOCE) Hydrographic Program.
Changes in the inventories of the coldest, deepest waters around the globe using oceanographic section data from the 1980s to the present suggest a strong contraction of the coldest varieties of AABW (Purkey and Johnson 2012, Fig. 1). Their results suggest that deep Southern Ocean waters with potential temperatures below 0°C are disappearing at a rate of over 8  106 m3 s-1.  At 35°S, the northward flow of bottom waters of southern origin is estimated to be slowing down by about 0.7  106 m3 s-1 decade-1 from 1968 to 2005 in the Pacific and 0.4  106 m3 s-1 decade-1 in the western Atlantic Ocean over the same time interval from a numerical model assimilating these data (Kouketsu et al. 2011). The same assimilation finds no change in the deep Indian Ocean, but oceanographic section data are sparser there since the completion of WOCE. While classic AABW (potential temperatures < 0°C) is only found in the Argentine Basin of the Western Atlantic at this latitude (Fig. SB3.4), the AABW influence is still strong in the bottom waters of all three oceans (Johnson 2008).


In the Northern Hemisphere, inverse model calculations in the Pacific using data from repeat hydrographic sections along 24°N suggests that the deep northern transport of waters of Southern Ocean origin lessened by 1.5  106 m3 s-1 between 1985 and 2005 (Kouketsu et al. 2009), consistent with results in the South Pacific. In the North Atlantic Ocean at 24°N, one analysis based on geostrophic calculations inferred a remarkable slowdown of northward flow of 4  106 m3 s-1 from four hydrographic sections occupied between 1981 and 2004 (Johnson et al. 2008); although another set of inverse estimates using different reference levels, integration areas, and data extrapolation into u-sampled areas found a slowdown of only 1.3  106 m3 s-1 over those same times, with a resurgence of 0.4  106 m3 s-1 between 2004 and 2010 from a fifth, recently occupied, section (Frajka-Williams et al. 2011). The magnitude of change in this latter analysis is more consistent with the magnitude of slowdowns estimated in the South Atlantic.
In summary, the coldest AABW around the Southern Ocean appears to be contracting at a rapid rate in recent decades.  This densest water, topographically constrained, must mix with lighter waters above before it can spread northward into the Atlantic, Indian, and Pacific Oceans (Orsi et al. 1999). These constraints are consistent with an attenuated, but still measurable, lessening of northward flow in the South Pacific and western South Atlantic, apparently even detectable in the North Pacific and North Atlantic Oceans. Data to detect similar changes in the Indian Ocean are very sparse, owing to logistical constraints imposed by Somali pirates.
Deep ocean changes like those summarized here are important to global heat uptake and sea level rise budgets (Purkey and Johnson 2010). Accurate modeling of increases in deep ocean heat content is also central to improving predictions of future climate warming and sea-level rise (Kuhlbrodt and Gregory 2012). These findings argue for routine full-depth ocean observations throughout the world oceans beyond just repeat hydrographic sections, which are useful but sparse. One route toward that goal might be expanding the Argo array (see Argo sidebar 3.1) of autonomous profiling floats to full depth (Roemmich and Argo Steering Team 2009).
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FIG. 3.1.  (a) Yearly mean OISST anomaly (°C, relative to 1981–2010 average) in 2012, (b) 2012 minus 2011 OISST anomaly. 
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FIG. 3.2. (a) Monthly standardized NAO index (bar) and average SSTA in the box shown in Fig. 3.3c (red); (b) 5-month running mean of NAO and average SSTA in the box;  (c) monthly normalized PDO index (bar) and Niño-3.4 index (average SSTA in 170°W–120°W, 5°S–5°N); (d) 5-month running mean of PDO and Niño-3.4 index. SSTA is relative to 1981–2010 average (°C).
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FIG. 3.3.  Seasonal mean SSTA from OISST (shading, oC, relative to 1981-2010 average) for (a) December 2011 to February 2012, (b) March to May 2012, (c) June to August 2012 and (d) September to November 2012.  The contours are +1 and -1 normalized seasonal mean SSTA based on seasonal mean standard deviation over 1981-2010. The box drawn in (c) shows the area in which the average SSTA is calculated and shown in Fig. 3.2a,b. 
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FIG. 3.4. Yearly mean SSTA (oC, relative to 1981-2010 average) from ERSST (bar) and HadISST (blue line) for 1950-2012 (bar) and OISST for 1982-2012 (black line) averaged over the (a) tropical Pacific, (b) tropical Indian Ocean, (c) tropical Atlantic, (d) North Pacific, (e) North Atlantic, and (f) global ocean.
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FIG. 3.5.  a. Combined satellite altimeter and in situ ocean temperature data estimate of upper (0–700 m) ocean heat content anomaly OHCA (109 J m-2) for 2012 analyzed following Willis et al. (2004), but using an Argo monthly climatology and displayed relative to a 1993–2012 baseline.  b. The difference of 2012 and 2011 combined estimates of OHCA expressed as a local surface heat flux equivalent (W m-2).  For panel comparisons, note that 95 W m-2 applied over one year results in a 3  109 J m-2 change of OHCA.
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FIG. 3.6.  a. Linear trend from 1993–2012 of the combined satellite altimeter and in situ ocean temperature data estimate of upper (0–700 m) ocean heat content anomaly OHCA (W m-2) analyzed following Willis et al. (2004) but relative to a monthly Argo climatology.  Areas with statistically significant trends are outlined in black.  b. Signed ratio of the linear trend to its 95% uncertainty estimate, with increasing color intensity showing regions with increasingly statistically significant trends.
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FIG. 3.7.  Time series of annual average global integrals of in situ estimates of upper (0–700 m) OHCA (1021 J, or ZJ) for 1993–2012 with standard errors of the mean.  The CSIRO/ACE CRC estimate (smoothed by a 3-year running mean) and its uncertainties are updated following Domingues et al. (2008).  The PMEL/JPL/JIMAR estimate is a weighted integral (Lyman and Johnson 2008) using data and instrument bias corrections described in the text with uncertainty estimate methodology following Lyman et al. (2010).  The NODC estimate (http://www.nodc.noaa.gov/OC5/indprod.html) follows Levitus et al. (2012).  Uncertainties are estimated solely from the variance of quarterly estimates of OHCA. The Hadley estimate is computed from gridded monthly temperature anomalies (relative to 1950–2012) calculated from EN3 v2a data following Palmer et al. (2007).  An updated version of the instrument bias corrections of Gouretski and Reseghetti (2010) (V. Gouretski, personal communication) was applied. Uncertainty estimates follow Palmer and Brohan (2011).  For comparison, all estimates have been individually offset (vertically on the plot), first to their individual 2004–2012 means (the best sampled time period), and then to their collective 1993–2012 mean (the record length).
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FIG. 3.8. (a) Annual mean net heat flux into the ocean  (Qnet) in 2012. Positive (negative) values denote ocean heat gain (loss). (b) Annual mean difference in Qnet between 2012 and 2011. The 2012-2011 mean difference in surface radiation (SW+LW) and turbulent heat fluxes (LH+SH) are shown in (c) and (d), respectively. In (b) – (d), positive (negative) values denote ocean gains more (loses less) heat in 2012 compared to 2011. 
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FIG.3.9. Year-to-year variations of global averaged annual mean latent plus sensible heat flux (black curve), latent heat flux (red curve), and sensible heat flux (blue curve). The shaded areas indicate the error bars of the flux estimates at the 95% confidence level.
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FIG. 3.10.  a) Map of the 2012 annual surface salinity anomaly estimated from Argo data [colors in PSS-78] with respect to monthly climatological salinity fields from WOA 2009 [yearly average – gray contours at 0.5 PSS-78 intervals].  b) The difference of 2012 and 2011 surface salinity maps estimated from Argo data [colors in PSS-78 yr-1 to allow direct comparison with a)].  White ocean areas are too data-poor to map.  While salinity is often reported in practical salinity units, or PSU, it is actually a dimensionless quantity reported on the 1978 Practical Salinity Scale, or PSS-78.
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FIG. 3.11.  a) Map of local linear trends estimated from annual surface salinity anomalies for the years 2004 through 2012 from Argo data [colors in PSS-78 yr-1].  b) Signed ratio of the linear trend to its 95% uncertainty estimate, with increasing color intensity showing regions with increasingly statistically significant trends.  White ocean areas are too data-poor to map.
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FIG. 3.12.  a) Aquarius V2.0 mean 2012 SSS from average of monthly maps [colors in PSS-78] with the Argo mean 2012 values overlaid [grey contours], both at 0.5 PSS-78 intervals. b) The difference of Oct. and Apr. 2012 Aquarius maps [colors in PSS-78 yr-1 to allow direct comparison with Fig. SSS1b and Fig. SSS2a].  White ocean areas have excessive land or ice contamination in the Aquarius field of view.
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FIG. 3.13. Zonally averaged (a) 2012 salinity anomaly and (b) 2012 minus 2011 salinity field for the Pacific Ocean.    For all figures, blue shading represents negative (fresh) anomalies < -0.01, red shading represents positive (salty) anomalies > 0.01.  The contour interval for the anomalies is 0.02.  In the background of each figure (thick blue contours) is the zonally averaged climatogical mean salinity (WOA09).  Contour intervals for the background are 0.4.  All values are on the Practical Salinity Scale (PSS).
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FIG. 3.14. Zonally averaged (a) 2012 salinity anomaly and (b) 2012 minus 2011 salinity field for the Atlantic Ocean.
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FIG. 3.15. Zonally averaged (a) 2012 salinity anomaly and (b) 2012 minus 2011 salinity field for the Indian Ocean.
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FIG. 3.16.  Global zonal geostrophic anomalies for (a) 2012 and (b) 2012-2011, in cm/s, derived from a synthesis of drifters, altimetry and winds.
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FIG. 3.17.  Principal empirical orthogonal functions (EOF) of surface current (“SC”) and of SST anomaly variations in the Tropical Pacific from the OSCAR model. Top: amplitude time series of the EOFs normalized by their respective standard deviations. Bottom: spatial structures of the EOFs.
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FIG. 3.18.  Altimetry-derived transport of the Agulhas Current from a combination of sea height anomaly and climatological hydrography.  Up-to-date time series available at http://www.aoml.noaa.gov/phod/altimetry/cvar/agu/index.php.
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FIG. 3.19.  Space-time diagram of de-seasoned sea height anomaly (SHR) values along the NBC ring corridor during 2008-2012.  The time series since 1993 is located at http://www.aoml.noaa.gov/phod/altimetry/cvar/nbc.
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FIG. 3.20. (top) Daily estimates of the transport of the Florida Current during 2012 (red solid line) compared to 2011 (dashed blue line).  The daily values of the Florida Current transport for other years since 1982 are shown in light grey and the 95% confidence interval of daily transport values computed from all years is shown in black (solid line); the long-term annual mean is dashed black.  The 2012 median transport (31.6±1.5 Sv) lies slightly below the long-term median for the daily values of the Florida Current transport (32.0 Sv).   (bottom) Daily estimates of the Florida Current transport for the full time series record (light grey), and a smoothed version of transport (heavy black line; using a 12 month second-order butterworth filter) and the mean transport for the full record (dashed black).
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FIG. 3.21. Daily estimates of the strength of the meridional overturning circulation (MOC; blue line) and its components, the Florida Current (FC; green), wind-driven Ekman transport (Ek; red) and the geostrophic interior (Int; black), as measured by the UK National Environmental Research Council (NERC) Rapid Climate Change Program (RAPID-WATCH), the National Science Foundation’s Meridional Overturning and Heat transport Array proposal, and the NOAA Western Boundary Time Series project (WBTS). The interior volume transport estimate (accurate to 1 Sv, Cunningham et al. 2007) is based on the upper ocean transport from April 2004 to April 2011 (see also Rayner et al. 2010; Kanzow et al. 2010), with a 10-day low pass filter applied to the daily transport values.  Annual means of the MOC transport starting April 1 of each year are shown in blue text (in Sv).
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FIG. 3.22.  Estimates of the MOC in the Atlantic Ocean from the Argo/Altimetry estimate at 41°N (black; Willis 2010), the RAPID-WATCH/MOCHA/WBTS 26°N array (red: Cunningham et al. 2007), and the German/NOAA MOVE array at 16°N (blue; Send et al. 2011) are shown versus year. All time series have a three-month second-order butterworth low pass filter applied. Horizontal lines are the mean transport during similar time periods as listed in the corresponding text. For the MOVE data the net zonal and vertical integral of the deep circulation represents the lower limb of the MOC (with a negative sign for the southward flow).
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FIG. 3.23. Observed time-series of meridional heat transport (MHT) at 41°N (profiling floats), 26°N (mooring/hydrography) and 30-35°S (XBTs) in the Atlantic compared to the monthly estimates from the ECCO-PROD version 4 (FH12, blue line, Forget and Heimbach 2012) and the Soda version 2.2.4 (red line, Carton and Giese 2008) models. At 41°N the black line is the estimate MHT and the grey lines represents the error in the estimate (Hobbs and Willis 2012).  At 26°N the black line is the observed data filtered with a 30 day boxcar filter and the grey lines are the underlying 12 hourly data.  For the 35°S plot the grey line is the quarterly estimated MHT from XBTs and the black line is a yearly boxcar filter to those quarterly estimates.
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FIG. 3.24. a) Time series of global mean sea level (GMSL) since 1993 obtained from the TOPEX, Jason-1, and Jason-2 satellite altimeters.  GMSL exhibits a linear trend of 3.2 ± 0.4 mm yr-1.  Seasonal signals have been removed from the data and the inverse barometer and global isostatic adjustment corrections have been applied (see Nerem et al. 2010). Recent estimates of ocean mass (Chambers et al. 2010) and thermosteric (Levitus et al., 2013) contributions to GMSL are included for comparison.   b) GMSL (detrended) versus the Mulitvariate ENSO index (MEI).  Time series have been normalized by their standard deviations.
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FIG. 3.25. Seasonal SSH anomalies for 2012 relative to the 1993-2012 baseline average are obtained using the multimission gridded sea surface height altimeter product produced by Ssalto/Duacs and distributed by AVISO, with support from CNES (www.aviso.oceanobs.com).  
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FIG. 3.26. a) The 2012 annual mean SSH anomaly from the 1993-2012 baseline is compared to the 2012 sea level anomaly computed from tide gauges (dots). b) The difference between 2012 and 2011 annual means.
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FIG. 3.27. a) Highest daily-averaged sea level at tide gauges during 2012. b) Return period/averaged recurrence interval (years) associated with the highest daily sea level during 2012 at each station.  Inset shows the highest daily sea level measured at Atlantic City during Hurricane Sandy in late October 2012.
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FIG. 3.28. Monthly sea-air CO2 fluxes (Pg C yr-1) for 2011. The red solid line shows the monthly fluxes, the black dashed line is the 30-year mean and the open squares are the monthly anomalies compared to the 30-year mean.  (Source: http://cwcgom.aoml.noaa.gov/erddap/griddap/aomlcarbonfluxes.graph. Note: this utility does not include the coastal areas, or account for changing atmospheric CO2 but rather provides an open ocean contemporary flux).
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FIG. 3.29.  Sea-air CO2 flux for June 2011 and December 2011. The left panels show the net fluxes while the right panels given the anomaly for each 4˚ by 5˚ pixel.  The color bar is at the bottom with fluxes expressed in mol m-2yr-1.
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FIG. 3.30.  Top: Maps of storage rate distribution of anthropogenic carbon (mol m-2 y-1) for the three ocean basins (Left to right: Atlantic, Pacific, and Indian Ocean) averaged over 1980–2005 estimated by the Green’s function approach (Khatiwala et al. 2009). Bottom: Corresponding storage rates as observed from repeat hydrography cruises. Measurements for the northern hemisphere are drawn as solid lines, the tropics as dash-dotted lines, and dashed lines for the southern hemisphere; the color schemes refer to different studies. Estimates of uncertainties are shown as vertical bars with matching colors. The solid black line represents the basin average storage rate using the same Green function approach (Khatiwala et al. 2009). Data sources as indicated in the legend are: 1) Wanninkhof et al. (2010), 2) Murata et al. (2008), 3) Friis et al. (2005), 4) Tanhua et al. (2007), 5) Olsen et al. (2006), 6) Ríos et al. (2012), 7) Pérez et al. (2008), 8) Murata et al. (2007), 9) Murata et al. (2009), 10) Sabine et al. (2008), 11) Peng et al. (2003), 12) Wakita et al. (2010), 13) Matear and McNeil (2003), 14) Waters et al. (2011), 15) Peng et al. (1998), and 16) Murata et al. (2010). From Khatiwala et al. (2012).
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FIG. 3.31. Long-term trends of surface seawater pCO2 (top), pH (middle), and carbonate ion (bottom) concentration at three subtropical ocean time series in the North Atlantic and North Pacific oceans, including: a) Bermuda Atlantic Time-series Study (BATS, 31°40′N, 64°10′W; green) and Hydrostation S (32°10′, 64°30′W) from 1983 to present (published and updated from Bates 2007); b) Hawaii Ocean Time-series (HOT) at Station ALOHA (A Long-term Oligotrophic Habitat Assessment; 22°45′N, 158°00′W; orange) from 1988 to present (published and updated from Dore et al. 2009), and; c) European Station for Time series in the Ocean (ESTOC, 29°10′N, 15°30′W; blue) from 1994 to present (published and updated from González-Dávila et al. 2010). Atmospheric pCO2 (black) from Hawaii is shown in the top panel. Lines show linear fits to the data (after Orr 2011).
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FIG. 3.32. Temporal changes of the average saturation state for aragonite (left y axis) and calcite (right y axis) in the nearshore region of the California Current System as function of atmospheric CO2. For the California Current System three depth ranges are shown; 0–60 m, 60–120 m and the bottom layer above the sediments. Also shown are the saturation states for surface waters of the Tropical Ocean, Southern Ocean and Arctic Ocean for comparison (after Gruber et al. 2012).
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FIG. 3.33. Annual mean Chla distribution derived from (a) MODIS Aqua and (b) VIIRS for year 2012.  Also shown is the location of the mean 15oC SST isotherm (black lines) that delineates the permanently stratified warm ocean.
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FIG. 3.34. Spatial distribution of summed monthly Chla anomalies for (a) MODIS and (b) VIIRS, where monthly differences were derived relative to the 9-year monthly climatology of MODISA (2003-2011), expressed as % difference relative to the climatology, and averaged over the year 2012.   Panel (c) shows the difference between the MODISA and VIIRS anomaly images. Also shown in each panel is the location of the mean 15oC SST isotherm (black lines) delineates the permanently stratified ocean (PSO). 
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FIG. 3.35. Long-term (15-year) multi-mission record of Chla averaged over the permanently stratified ocean (mean SST > 15oC) for SeaWiFS (black), MODISA (blue), and VIIRS (red).  Panel (a) shows the independent record from each mission, and panel (b) shows the monthly anomaly after subtraction of the monthly climatological mean (SeaWiFS relative to SeaWiFS climatology, MODISA and VIIRS relative to MODISA climatology). The gray region in (b) shows the averaged difference between SeaWiFS and MODISA over the common mission lifetime.  Green diamonds show the Multivariate ENSO Index (MEI), inverted and scaled to match the range of the Chla anomalies.
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 FIG. SB3.1. Schematic diagram of a single Argo float cycle.
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FIG. SB3.2. Location of 3675 active Argo floats in November 2012, color –coded by nation. Source: Argo Information Centre
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FIG. SB3.3. (Top) Number of Argo Temperature/Salinity profiles per 1° square. (Bottom) All years, World Ocean Database Shipboard Temperature/Salinity profiles per 1° square to at least 1 km depth. Median values are 23 Argo profiles per 1° square compared with 2 for shipboard data.



[image: fig_BAMS]
FIG. SB3.4.  Climatological (Gouretski and Koltermann 2004) thickness (m) of bottom waters of potential temperature colder than 0ºC (colors, see legend) with deep basin average contraction rates (106 m3 s-1) for that isotherm (black numbers).  Hydrographic sections (yellow lines) and deep basin boundaries (grey lines) used for the contraction rate estimates (from Purkey and Johnson 2012) are superimposed.



[bookmark: Wind_stress] Wind stress forcing of the ocean – L.Yu
Near-surface wind stress, , is a fundamental 
quantity in discussions of the change of the upper ocean 
circulation. The spatial variations of wind stress cause 
divergences and convergences of the Ekman transport. 
The convergent flow drives downwelling, and the 
divergent flow drives upwelling from beneath. This 
vertical motion, denoted Ekman pumping/sucking, wEK, 
brings the interior of the ocean into motion and sets the 
wind-driven gyre circulation. Figure 1a shows the 2012 
global mean pattern of surface wind stress vectors 
superimposed onto the mean pattern of wEK . – Tthe latter 
is computed from the former using the equation: wEK = 
1/(/f), where  is the density and f the Coriolis 
forcefrequency. The white band along the equator is the region 
where the computation is not attempted because f 
approaches zero. The wind forcing leads to Ekman downwelling over much of the midlatitude subtropical gyres and Ekman upwelling over much of the high-latitude subpolar gyres, some coastal boundaries and the equatorial region. Major changes in 2012 surface wind stress and wEK (Fig.1b) are most noted notable in the tropical Indian and Pacific Oceans, where the large positive difference anomalies of wEK suggest a weakening of downwelling in the tropical Pacific and a strengthening of upwelling in the tropical Indian Ocean. Changes at latitudes poleward of 50° north and south are also observed; the predominated negative difference anomalies, particularly in the South Pacific and North Atlantic, suggest a weakening of the subpolar upwelling. 
The wind stress fields shown in Fig. 1a,b are developed by the Objectively Analyzed air-sea Fluxes (OAFlux) project from synergizing synthesizing 12 satellite passive and active microwave sensors (Yu and Jin 2012). The OAFlux vector wind analysis covers the entire era of remote sensing of wind speed and /direction from July 1987 onward and is available on 0.25° grids with daily resolution. 

[image: C:\Users\Lisan\AppData\Local\Microsoft\Windows\Temporary Internet Files\Content.Word\WindStress_EkmanVel.jpeg]FIG.1. (a) The 2012 mean pattern of Ekman vertical velocity (wEK, unit: cm/day; colored background) superimposed with mean wind stress vectors. Positive values denote upwelling and negative downwelling. (b) The 2012-minus-2011 difference anomalies in wEK (colored background) and wind stress (vectors). Positive anomalies denote enhanced upwelling and negative enhanced downwelling.
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