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The strength of the Atlantic Meridional Overturning Circulation (MOC) at 26.51N may be inferred from the

combination of Florida Straits transport (derived from cable measurements), Ekman transport estimated from

wind stress climatologies and mid-ocean geostrophic shear (traditionally obtained from hydrographic

sections) with application of mass balance to the section to yield the mid-ocean barotropic flow. The recent

Rapid monitoring project has provided time series information for the mid-ocean geostrophic shear since

2004. This work presents methods to assemble a comparable dataset from CTD end stations and boundary

mooring temperature and pressure time series to estimate the past variability from 1980 to 2005. Variability

in the end station derived transport anomalies suggests that the MOC has fluctuated by more than 10 Sv,

encompassing all MOC estimates reported in the literature. Interannual changes in MOC transport are masked

by this variability and calculated trends in layer transports are not statistically significant. More extensive

datasets of CTD casts and moored temperature records at the western boundary do show significant changes

with warming in the thermocline and long-term freshening of the deep waters between the 1980s and 2005.

These changes are associated with stronger southward flow in the upper waters and weaker southward flow

in the deep waters, and suggest a decrease in the MOC strength of 2–4 Sv. Any such decrease, however, is

masked by the scale of variability in layer transports derived from the historical database of CTD end stations.

& 2011 Elsevier Ltd. All rights reserved.
1. Introduction

In broad terms, the Meridional Overturning Circulation (MOC)
at 26.51N may be conceptualised as a northward flowing Florida
Current through Florida Straits, northward wind driven Ekman
transport in the surface layer and a net southward mid-ocean
geostrophic transport. Transport estimates of each component
therefore provide a method of inferring the strength of the MOC,
an approach that forms the basis of studies at 26.51N to compute
circulation snapshots from transatlantic hydrographic sections
(e.g. Hall and Bryden, 1982; Roemmich and Wunsch, 1985; Lavı́n
et al., 1998, Bryden et al., 2005) and to monitor it (e.g. Hirschi
et al., 2003; Cunningham et al., 2007). Monitoring the strength of
the Atlantic MOC is a particularly pertinent issue, given the
predicted weakening of its thermohaline component under sce-
narios of human induced increased atmospheric greenhouse gas
concentrations (e.g. Cubasch et al., 2001) and associated cooling
of western European climate (e.g. Stouffer et al., 2006).

Prior to deployment of the Rapid monitoring array (in 2004), mid-
ocean geostrophic shear observations were primarily snapshots
resulting from transatlantic hydrographic sections (e.g. Bryden et al.,
ll rights reserved.

ryden).
2005). This contrasted with the higher temporal resolution datasets
available for study of the other MOC components at 26.51N. Estima-
tion of interannual fluctuations of both the Ekman and Florida Straits
components was feasible, given wind stress climatology products
extending back to at least 1980 (e.g. the NOC global monthly mean
wind stress climatology, Josey et al., 2002; Berry and Kent, 2009) and
a largely complete record of daily cable-derived Florida Current
transports at 271N from 1982 to the present (Baringer and Larsen,
2001). Although we are now able to study circulation changes of
the mid-ocean geostrophic component on weekly timescales with the
Rapid array (Cunningham et al., 2007 hereinafter CKR2007), the
relatively recent deployment of the monitoring system and thus its
short dataset impose limitations for assessment of interannual
variability. Extension of the mid-ocean geostrophic transport time
series backwards in time is therefore desirable and motivates this
study. To achieve maximum consistency with the methods of the
operational Rapid monitoring array and with previous analyses of
hydrographic sections, this work explores the potential of using high
quality oceanographic observations from 1980 to 2005 near the
eastern and western boundaries of the 26.51N section.

The ‘‘typical’’ MOC strength near 26.51N defined as net northward
transport above 800 m is approximately 18 Sv, with estimates ran-
ging from 13 to 23 Sv, using simple mass balances (e.g. Bryden et al.,
2005), more sophisticated inverse models (e.g. Ganachaud, 2003) and
model studies (Wunsch and Heimbach, 2006). Eight hundred metres
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corresponds to the maximum depth of the Florida Straits, through
which the long-term mean northward transport is 32.2 Sv (Baringer
and Larsen, 2001). The mean Ekman transport across this latitude
computed from the NOC wind stress climatology between 1980 and
2005 is 3.1 Sv. Southward recirculation of the subtropical gyre in the
mid-ocean above 800 m was 16–18 Sv in the 1957, 1981 and 1992
sections (Longworth, 2007), giving a net northward transport of the
MOC’s upper limb of 17–19 Sv. Below 800 m in the mid-ocean, the
approximately 20 Sv southward flow of North Atlantic Deep Water
(NADW) dominates, with roughly equal transport of the upper
(UNADW, 1100–3000 m) and lower (LNADW, 3000–5000 m) compo-
nents. Small northward transports of Antarctic Intermediate Water
(AAIW) and Antarctic Bottom Water (AABW) of 2–4 Sv are found
above and below the NADW (e.g. Hall and Bryden, 1982; Roemmich
and Wunsch, 1985; Lavı́n et al., 2003), all comprising the MOC’s
lower limb.

The method of end stations has been used before, for example
by Sato and Rossby (1995) to monitor changes in Gulf Stream
transport based on hydrographic stations bracketing the Gulf
Stream and by Curry and McCartney (2001) to monitor changes
in North Atlantic gyre strength based on stations near Bermuda
and in the Labrador Sea. Here we aim to monitor the full basin-
scale mid-ocean circulation for which we require CTD stations
very close to the western and eastern boundaries of the mid-
ocean 26.51N section near the Bahama and Canary Islands. This
approach is consistent with analysis of both the traditional
transatlantic hydrographic sections and the dynamic height
moorings of the Rapid array and it relies on there being many
more end stations in the historical database beyond the 5 trans-
atlantic hydrographic sections in 1957, 1981, 1992, 1998
and 2004.

At the western boundary, where we expect greatest variability,
there is indeed an extensive historical dataset of CTD stations that
are associated with repeat deployments of the Abaco current
metre array made between 1986 and 1998 (Lee et al., 1996) as
part of the Subtropical Atlantic Climate Studies (STACS), Western
Atlantic Thermohaline Transport Study (WATTS) and the Atlantic
Climate Change Program (ACCP). The western boundary dataset
adds between 25 and 35 end stations to the previously analysed
5 hydrographic sections, providing substantial information on the
temporal variability in the mid-ocean geostrophic flow. At the
eastern boundary where we expect less variability, we had hoped
there would be many additional CTD stations associated with the
Kiel-276 mooring deployments (Müller and Siedler, 1992) but
most of these stations proved to be too far from the boundary for
reliable estimates of the basin-wide geostrophic flow. As a result,
the eastern boundary dataset only added 5 end stations to the
previously analysed hydrographic sections.

Methods to assemble and process the historical datasets at
26.51N and the observed variability in layer transports are
described in Section 2. In Section 3, mooring time series are
considered as end stations for western boundary variability. In
discussing the end station observations (Section 4), we focus on
interannual timescales to complement results from the Rapid
array (Cunningham et al., 2007). Concluding remarks are
in Section 5.
2. Historical CTD end stations

2.1. Analysis method

The theory underlying the end station method is that in the
absence of intervening topography the zonal average of the mid-
ocean meridional baroclinic geostrophic velocity profile may be
estimated from a pair of deep hydrographic stations at either end
of the mid-ocean section (Hall and Bryden, 1982; Marotzke et al.,
1999; Lynch-Stieglitz, 2001). For two hydrographic stations, W

and E at the western and eastern boundaries, respectively, of the
26.51N section (referred subsequently as end stations) separated
by distance Dx, the average geostrophic velocity profile (v)
between W and E at pressure (p) relative to a reference pressure
(p¼pR) with reference velocity (v¼vR), is given by

ðv�vRÞ ¼
10

fDx
ðDDE�DDW Þ ð1Þ

where

DD¼

Z p

pR

ddp

f is the Coriolis parameter and DD the dynamic height relative to
pressure pR (in dbar) with specific volume anomaly d in cm3 g�1

(e.g. Pond and Pickard, 1983). Eq. (1) therefore provides a method
of estimating the zonally averaged meridional baroclinic trans-
port profile at 26.51N under the assumption that a uniform
reference level across the section is a workable simplification.

We develop Eq. (1) to allow consideration of the contribution
made independently by each boundary to variability of mid-ocean
baroclinic transport of water mass layers. This approach is
particularly illuminating where data availability is not evenly
distributed between the two boundaries. The contribution of the
western (eastern) boundary is determined following Eq. (1), but
with the added assumption that the density structure at the
eastern (western) boundary remains unchanged. We calculate the
resulting transports as anomalies relative to a pre-determined
reference state. Formally, consider two end station pairs such that
Wr and Er provide an estimate of the meridional transports at an
arbitrary reference time tr and W1 and E1 provide an estimate at
time t1, with velocities vr and v1, respectively. It is easily shown
from (1) that the change in the eastern (western) boundary
transport per unit depth profile referenced to pR, at time t1

relative to tr, assuming that western (eastern) boundary condi-
tions remaining constant is given by

DxðvEðWÞ1�vEðWÞR Þ�DxðvEðWÞr�vEðWÞR Þ ¼ DxðvEðWÞ1�vEðWÞr Þ

¼ 10ð7DDEðWÞ1�7DDEðWÞr Þ=f ð2Þ

The final step is to integrate the transport per unit depth
anomaly profile from Eq. (2) over specified depth ranges to give
the layer transport anomalies. Layers are defined to represent
water masses consistent with CKR2007: the upper layer of
0–800 m corresponds to recirculating thermocline waters;
the intermediate layer is 800–1100 m while the components
of NADW occupy depths of 1100–3000 m (UNADW) and
3000–5000 m (LNADW) at the east or west, respectively. No
attempt is made to monitor Antarctic Bottom Water (AABW)
transport anomalies since it is banked up against the Mid Atlantic
Ridge at this latitude (Bryden et al., 1996) and therefore is not
amenable to measurement by boundary end stations.

In summary, the end station method yields a set of transport
anomalies for each of the upper, intermediate and both NADW
layers at either the eastern or the western boundaries computed
from historical hydrographic end stations relative to a reference
state. No significance is attached to the reference state since the
interest of this study is in the calculation of baroclinic transport
variability.

2.2. Choosing the end stations

We define the limits of the eastern and western boundary
regions (Fig. 1) based on the consideration of the hydrography
and circulation of the region (full details in Longworth, 2007). The
primary consideration in selecting end-point stations is to find
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Fig. 1. Locations of the eastern and western boundary study regions in relation to the cruise tracks of the 24.51N transatlantic sections shown with dashed lines of the

upper plot (e.g. Bryden et al., 2005). Selected end stations shown in each boundary region along with the 800 m isobath. At the west, no stations are taken west of San

Salvador Spur (74.51W, 241N) due to intervening topography. Depth contours are indicated at 1000 m intervals to 5000 m with land shaded.

Table 1

Layer transport anomalies (Dtr) at the eastern boundary. N is the number of observations, m and s the mean and standard deviation of Dtr for the given layer, respectively.

The overall estimated error in Dtr (total) of each layer is the r.m.s. combination of the observational error (Obs: the r.m.s. combined estimated error due to pressure, salinity

calibration and temperature uncertainties) and location error (that due to end station offshore position). Last 3 columns refer to linear regression to

Dtr¼ A ðyear after 1980ÞþBwith 95% confidence interval given for A. R2 is the percent of variance of each time series explained by the regression, and the final column

the transport change over 25 years according to the fitted trend (as plotted in Fig. 3).

N m (Sv) s (Sv) Range (Sv) Error in Dtr (Sv) A (�10�4 Sv day�1) R2 (%) 25 yr Dtr

Obs. Location Total

0–800 m 10 �0.6 2.0 6.9 0.7 1.0 1.2 �1.3776.0 3 �1.2

800–1100 m 11 0.2 0.5 1.7 0.3 1.0 1.0 0.5571.4 13 0.6

1100–3000 m 9 0.1 1.6 5.0 1.6 2.0 2.6 0.8273.0 6 0.7

3000–5000 m 7 0.0 0.6 1.3 1.0 1.0 1.4 �0.2771.6 1 �0.1
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reasonable quality data close enough to the boundary so that no
appreciable transport would be ‘‘lost’’ between the station and
the boundary. Each layer is treated separately and a good CTD cast
must include data throughout the entire layer in question. Except
for the 1957 241N section, we found no stations close to the
eastern or western boundary prior to 1981. Thus, we consider the
time period from 1981 to 2005, excluding the 1957 stations
because their values 24 years before any other observations
completely determined the size of any trends with time.

In order to estimate reasonably acceptable distances from the
eastern boundary, the 251N transatlantic hydrographic sections
were used to estimate how far westward one could go before the
accumulated transport exceeded 1 or 2 Sv. The resulting distances
are water mass dependent with 160, 500, 500 and 1000 km
offshore distances for each of the upper, intermediate, middle
and deep layers, respectively. CTD casts separated by at least
2 days in time are obtained from the World Ocean Database 2001,
Hydrobase, WOCE, NOC and IFM-Kiel datasets for each layer,
rejecting any sample which is in a meddy. The result is a set of 10,
11, 9 and 7 end stations for each transport anomaly layer
(Fig. 1, Appendix 1), which are judged representative of 26.51N
eastern boundary conditions. The relatively small dataset of CTD
casts for eastern boundary end stations is not ideal for resolution
of interannual variability of meridional baroclinic transports
originating at this boundary but it is the best we could find in
the historical database.

At the western boundary, consideration of accumulated trans-
ports from the transatlantic hydrographic sections (Bryden et al.,
2005) and boundary hydrographic sections (Leaman and Harris,
1990) led us to define offshore limits for end stations of 14, 20, 20
and 37 km for each of the upper, intermediate, middle and deep
layers, respectively (Longworth, 2007). CTD stations separated by
at least 11 in latitude and 7 days in time are extracted for each of
the study layers from the World Ocean Database, Hydrobase and
NOAA/AOML archives resulting in 39 stations for each of the
upper and intermediate/middle layers and 29 stations for the
deep layer (Fig. 1, Appendix 2).

For each layer transport at each boundary, we assign a location
error (Tables 1 and 2) based on the accumulated transports found
in the transatlantic hydrographic sections out to the offshore
boundary chosen for each layer.
2.3. Processing the CTD stations

While careful data selection minimises the transport anomaly
error due to station location (Table 1), possible errors associated
with data accuracy remain. At the eastern boundary, the selected



Table 2

Layer transport anomalies (Dtr) at the western boundary. N is the number of observations, m and s the mean and standard deviation of Dtr for the given layer, respectively.

All column definitions are as in Table 1, and linear regression parameters refer to those plotted in Fig. 6.

N m (Sv) s (Sv) Range (Sv) Error in Dtr (Sv) A (�10-4 Sv day�1) R2 (%) 25 yr Dtr

Obs. Location Total

0–800 m 39 0.6 2.8 10.4 0.3 2.0 2.0 �0.5273.6 0.2 �0.5

800–1100 m 39 0.0 0.1 0.6 0.1 0.2 0.2 0.0470.2 0.6 0.0

1100–3000 m 39 0.0 2.5 10.8 1.3 2.0 2.4 1.4173.3 2.0 1.3

3000–5000 m 29 0.7 4.2 17.3 2.8 3.0 4.2 2.6476.4 2.6 2.4
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CTD casts’ salinity range of 0.008 on potential temperature
surfaces in the deep water is in sharp contrast with Saunders’
(1986) constant potential temperature–salinity (y–S) relationship
in this region over 2.0–2.5 1C. While Mantyla’s (1994) review of
this relationship found a latitudinal dependence, it is negligible
amounting to a salinity change of only 0.0002 at 2.0 1C between
23.81N and 281N. Thus we argue that the deep salinity variability
in our raw dataset is due to measurement errors and hence CTD
casts are calibrated by addition of an offset such that the mean
offset relative to a reference station from the 1992 Hésperides
transatlantic section is zero over the deepest 0.1 1C potential
temperature levels between 2.05 and 2.45 1C. Of the 26 distinct
end stations, 16 are deep enough to be calibrated (Appendix 1).

At the western boundary, the selected end stations have a
salinity range of approximately 0.01 on potential temperature
levels in deep water. In contrast to the eastern boundary varia-
bility, we believe this is at least partly due to a freshening over
time of LNADW consistent with the overflow freshening signal
(Dickson et al., 2002) reaching the subtropics. Salinity anomalies
of the Denmark Straits Overflow Water (DSOW, 1.9–2.5 1C) and
Iceland Scotland Overflow Water (ISOW)/North Atlantic Interior
Waters (NAIW) mixture found between 2.5 and 3.2 1C (Fine and
Molinari, 1988; Fine, 1995; Molinari et al., 1998) on 0.11C
potential temperature surfaces from 280 CTD casts within
150 km of the 800 m isobath relative to a 1992 Hésperides
reference station show dramatic freshening over time (Fig. 2).
Linear regression of 5-year mean salinity anomalies for each layer
is significant at 99% confidence level and amounts to freshening of
0.0085 and 0.0077 from 1980 to 2005 for DSOW and ISOW,
respectively. Standard deviations of each 5-year mean are less
than 0.001 for DSOW and 0.002 for ISOW, both smaller than the
anticipated salinity measurement error in the western boundary
of 0.003 (Vaughan and Molinari 1997). Thus the trend over the 25
years is judged to be significant so selected end stations that
resolve DSOW are calibrated by applying an offset such that the
resulting mean difference between the calibrated salinity and a
time varying reference derived from the linear regression of
salinity anomaly with time plotted in Fig. 2(II) on 0.11C potential
temperature levels of DSOW is zero (or of ISOW for shallower
casts). CTD casts shallower than ISOW are not calibrated since
Labrador Sea Water (LSW) y–S changes are better described by
oscillations over the considered timeframe (Vaughan and
Molinari, 1997). Of the 92 CTD casts selected as end stations, 65
are calibrated based on the DSOW region of the y–S curve and
3 based on ISOW (Appendix 2).

Transport anomalies in the east are computed following Eq. (2)

relative to a reference dynamic height profile, which itself is
obtained from the mean specific volume anomaly of the selected
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end stations in the layers. Dynamic heights are referenced to
3200 dbar, consistent with previous transport calculations at this
latitude (Saunders, 1987; Arhan et al., 1994; Lavı́n et al., 1998). In
the west, transport anomalies are computed similarly following
Eq. (2), relative to a reference profile computed separately for
each layer as the mean of the calibrated CTD casts selected as end
stations. Dynamic height anomaly profiles are referenced to
1000 dbar, consistent with geostrophic transport calculations in
the region (Olson et al., 1984; Leaman and Harris, 1990).

Errors in transport anomalies are assessed by calculation of the
change in transport anomaly resulting from separate additions to all
end stations of a uniform salinity offset, DS of 0.005, a temperature
offset, DT, of 0.002 and a pressure offset, Dp, of 3.5 dbar. The root
mean square (r.m.s.) transport anomaly errors due to each of these
additions are combined also in an r.m.s. sense to give the ‘‘observation
error’’ of Tables 1 and 2. The combined observation and location
errors associated with each layer transport anomaly are then esti-
mated. In the east the overall error is less than71.5 Sv for all layers
except that of UNADW for which it is 72.6 Sv (Table 1). In the west,
the overall uncertainty is 72, 70.2, 72 and 74.2 Sv for the upper,
intermediate, middle and deep layers, respectively (Table 2) and is
dominated by the ‘‘location’’ component, that is by the possible
transport inshore of the end station.
2.4. Eastern boundary layer transport variability

Fig. 3 shows the layer transport anomalies for all eastern
boundary end stations added to mid-ocean geostrophic layer
transports computed from the 1992 Hésperides transatlantic
hydrographic section. The end station transport anomalies are
representative of the variability originating at the eastern bound-
ary around a possible long term mean. Linear least squares
regression trends of all layer transport anomalies with time
(Fig. 3 and Table 1) are not significant and the lower water
column anomalies (intermediate, middle and deep layers) are
negligible in magnitude, amounting to transport changes of less
than 1 Sv between 1980 and 2005 and smaller than each layer’s
respective error estimate. Also the observed range in transport
anomalies for the lower layers is encompassed by the total
estimated error (Table 1). Thus, the variability observed in the
intermediate, middle and deep layer transport anomalies at the
eastern boundary is small and indistinguishable from noise. On
the other hand, upper layer transport anomalies at the east do
Tim
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Fig. 3. Transport variability of the upper (+, 0–800 m), intermediate (D, 800–1100 m),

eastern boundary. Data points plotted are the end station layer transport anomalies

�10.5 Sv, respectively (computed from the 1992 Hésperides transatlantic section). Thin

least squares linear regressions to the transport anomalies (coefficients in Table 1).
show a range significant above the estimated error (6.9 Sv range
versus 1.2 Sv error, Table 1). Linear regression shows a trend
towards increasingly negative transport anomalies over time,
indicative of a 1.2 Sv increase in southward geostrophic transport
of the thermocline waters between 1980 and 2005 (Fig. 3, Table 1).
The trend is not significant at the 95% level (Table 1), which is not
surprising given that its magnitude is comparable to the method
error of 1.2 Sv (Table 1).

Whether or not there is a seasonal dependence in the upper
transport anomalies at the east is difficult to ascertain because there
are only 10 data points spread over 8 months of the year, potentially
contaminating any estimate of interannual variability. A seasonal
cycle in the upper layer transport anomalies might be hypothesised
based on the annual upwelling cycle. Between 201N and 251N
upwelling is fairly strong and steady year round, but between 251N
and 281N (the north of our study region) upwelling is weaker overall
and particularly in winter/spring (Mittelstaedt, 1991). Although
upwelling is strictly confined to a narrow strip of shelf waters
20–30 km from the coast, the effects may also be felt over the shelf
break, where we ideally select upper layer end stations. In an
upwelling scenario, winter/spring end stations north of 251N would
be expected to have warmer thermoclines (relative to the strong
upwelling case), which as illustrated in Fig. 4, decreases the basin-
wide thermocline slope (assuming no change at the west) and leads
to weaker southward transport across the mid-ocean. This is
expressed in end station calculations as a positive upper layer
transport anomaly at the east. The three most positive upper layer
transport anomalies (2.1, 0.9 and 1.2 Sv) do occur in winter/spring
end stations north of 251N (grey circles of Fig. 5(I) including
November 1984), consistent with the seasonal upwelling influence
hypothesis, and can be seen in the stations’ high 400 m temperatures
(Fig. 5(II)). The May 2004 upper layer transport anomaly is –2.6 Sv
suggesting that individual events (in addition to a possible seasonal
cycle) cannot be ignored. We conclude that there may well be a
seasonal dependence in the transport anomalies of six upper layer
end stations north of 251N, resulting in seasonal extremes of the order
71 Sv (Appendix 1), but the data is insufficient to resolve and justify
its removal.
2.5. Western boundary layer transport variability

Fig. 6 illustrates variability in the mid-ocean baroclinic layer
transports originating at the western boundary of 26.51N between
e (years)
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1980 and 2005 derived from careful selection of high quality
hydrographic stations with quantified errors (Table 2). Individual
transport anomalies are plotted along with their linear regression
over time (regression coefficients are in Table 2). Two- and five-
year mean anomalies with error bars spanning7one standard
deviation of the constituent observations are also shown. It is
readily apparent that variability of all layer transport anomalies
(except the intermediate) at the west is much larger than at the
east (Tables 1 and 2) on both annual and interannual periods
(Figs. 3 and 6).

For the upper layer, end-station observations suggest increas-
ing southward transport of the 0–800 m waters between the late
1980s and 2005. The trend in upper layer end station transport
anomalies of a 0.5 Sv change between 1980 and 2005 (Table 2) is
statistically not significant and is small in comparison with the
variability observed within 2 and 5-year periods of the order
72–3 Sv (Fig. 6(I)). High frequency signals (e.g. Wunsch and
Heimbach, 2006; Kanzow et al., 2007) are not resolved by the
sampling but clearly contribute to variability within
particular years.

Regarding possible sub-annual cycles in the computed trans-
port anomalies, Lee et al. (1996) found seasonal cycles in the
Antilles Current transport and DWBC transport. Lee et al. noted
that the seasonal cycle in DWBC transport was a barotropic
response to remote wind forcing and therefore would not con-
taminate the baroclinic transport anomalies computed here. For
the upper layer Antilles Current variability, least squares
regression of end station transport anomalies as a function of
month to a sinusoidal curve with periods of both 6 months and
1 year does show summer peaks in northward flow in phase with
previous studies (Lee et al., 1996, Molinari et al., 1990, Baringer
and Molinari, 1999), but the amplitudes are smaller than 1 Sv
(Fig. 7(II)) compared with Lee et al. (1996)’s 7 Sv and the fits are
not significant even at the 20% level. Furthermore, for the mooring
dataset that exceeds 8 years duration (discussed below), none of
the monthly mean anomalies in upper layer transport are sig-
nificantly different from zero at the 95% confidence level. Overall
the monthly anomalies have a range of only 2 Sv (Fig. 7(I)), hence
available observations do not support the existence of any
seasonal cycle in upper layer baroclinic transport anomalies near
the western boundary larger than 71 Sv that would contaminate
the variability of Fig. 6(I).

The variability of intermediate water transport originating at
the western boundary is, as at the east, negligible with any trend
smaller than 0.1 Sv over 25 years (Fig. 6(II), Table 2). The range of
5-year mean transport anomalies, including limits of7one stan-
dard deviation, is less than 0.2 Sv, which is the size of the end
station error for this layer. Transport anomalies of both NADW
layers show trends towards decreased southward flow of the
DWBC, amounting to reductions of 1.3 and 2.4 Sv in the upper and
lower deep water layers, respectively, over the 25 years (Fig. 6(III)
and (IV), Table 2). The trends are not statistically significant. The
trends are broadly consistent with the freshening of LNADW at
this boundary by 0.008 in 25 years, to which the end stations have
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been calibrated (Section 2.3). Applying a salinity offset of �0.004
results in positive (northward) transport anomalies of 1.0 and
2.2 Sv for UNADW and LNADW, respectively. That the transport
trend of 2.2 Sv in LNADW is smaller than the expected 4.4 Sv
change for the observed freshening of 0.008 likely reflects
unresolved high frequency variability (e.g. Wunsch and
Heimbach, 2006; Kanzow et al., 2007) in addition to any possible
interannual fluctuations (Fig. 6(III) and (IV)).

2.6. Summary for hydrographic end stations

All long-term trends in layer transports at the western or
eastern boundary derived from the available hydrographic
dataset are not statistically significant. Calculated trends over
1980–2005 do indicate a reduction in overturning: increases in
southward thermocline transport of 1.2 Sv in the east and 0.5 Sv
in the west, and decreases in southward deep water transport of
0.6 Sv in the east and 1.3 Sv in UNADW and 2.4 Sv in LNADW in
the west. Whilst none of these trends are statistically significant,
all suggest a reduction in the MOC transport of 2–4 Sv from 1980
to 2005. Sub-annual and interannual variability in layer trans-
ports of the order 3–4 Sv masks any such trends. In the deep
layers, there is a significant freshening of deep waters near the
western boundary of 0.008, which should dynamically generate a
reduction in southward transport of LNADW of the order 4 Sv.
Even for LNADW, unresolved high frequency signals in the end
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station dataset mask any such trend towards reduced southward
transport of deep water over time. Thus, despite some indications
of reduced overturning, we detect no significant change in the
overturning over the period 1980–2005 from our analysis of the
available database of hydrographic end stations.
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3. Mooring end stations

Many of the historical CTD stations near the western boundary
were made during repeat deployments of the Abaco current
metre array between 1986 and 1998 (Lee et al., 1996). Here we
examine these mooring arrays as potential end stations. Johns
et al. (2005) have derived geostrophic transports between care-
fully designed and instrumented mooring pairs, but in general
many of the Abaco moorings are not suitable for end stations as
they are located too far from the boundary. Geostrophic trans-
ports are sensitive to mooring configuration that changes
between deployments, making long time series records of con-
sistent transport difficult to construct. Here we use an alternative
approach of using temperature changes at 400 dbar very close to
the western boundary as nearly all of the arrays included a
temperature–pressure record near 400 m depth. Used in conjunc-
tion with the set of CTD stations, we can assess the variability of
upper ocean baroclinic transport from the 400 m temperature
record.

Moorings A and A1 of the Abaco array deployments are located
at 26.51N, 5 and 6 km, respectively, from the 800 m isobath and
therefore lie comfortably within our western boundary study
region in water depths ranging from 900 to approximately
3500 m (Appendix 3). While it is possible to obtain geostrophic
transport anomalies from their temperature and pressure records
through vertical interpolation and salinity estimation using cli-
matological stratification and y–S relationships, respectively,
cross comparison between deployments is limited due to differing
mooring configurations (Appendix 3), and therefore deployment
dependent errors (Longworth, 2007). All deployments do however
have temperature sensors at nominal depths within 50 of 400 m,
lying conveniently at mid-depth of our upper layer. We use these
to obtain a 400 dbar temperature transport anomaly proxy.

Justification for this 400 dbar temperature transport proxy
comes from the strong correlation found between the transport
anomaly of the 39 upper layer western boundary CTD end station
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transport anomalies and their temperature anomaly at 400 dbar
relative to the group mean (Fig. 8). Linear regression according to

DTrupper ¼ A ðT400�17:60ÞþB ð3Þ

accounts for 53% of the variance and is significant at the 95%
confidence level with A¼�4.7571.50 and B¼0.0070.42. The
r.m.s. error of the resulting transport anomaly is 1.3 Sv, which
compares favourably with the estimated 2–3 Sv error in geos-
trophic upper layer transport anomalies using CTD end stations.

To obtain the 400 dbar temperature time series, pressures are
estimated (if not measured directly) for the temperature record
with nominal depth closest to 400 m using the pendulum model
(e.g. Johns et al., 2005). The measured temperature at this
pressure (Tp) is then corrected to 400 dbar (T400) following

T400 ¼ Tpþ

Z 400

p

@T

@p
ðTpÞdp ð4Þ

with @T=@pðTÞ given by a climatological relationship is computed
from the boundary CTD stations. The r.m.s. error in T400, esti-
mated by subsampling CTD casts at the mooring measurement
depths and re-computing T400 following Eq. (4), is small at 0.07 1C,
with associated error in upper layer transport anomaly of 0.3 Sv
following Eq. (3). The mooring T400 record therefore provides a
useful upper layer transport anomaly proxy at the western
boundary with an error 1.3 Sv (O(1.32+0.32)).

The temperature record at 400 dbar is intermittent (Fig. 9(I))
during the period of the Abaco array from 1986 to 1997 due to
some loss of moorings or instruments close to the western
boundary. There is a long gap between the end of the Abaco
array in late 1997 and the start of the Rapid monitoring in early
2004. Using Eq. 3, we define the T400 transport anomaly proxy
(Fig. 9(II)) whenever there is a temperature record near 400 dbar.

Through the 1980s T400 was about 17.5 1C. In 1993, the
temperature appears to rise and again in late 1996 temperature
at 400 dbar rises to about 17.9 1C. When Rapid monitoring starts
in March 2004, the 400 dbar temperature is still high at about
17.9 1C (and it has remained at this level through 2008). There is
short term variability in the temperature record; the r.m.s.
temperature variation is 0.32 1C and hence the associated T400

transport variability is 4 Sv, but the time series can be averaged in
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Fig. 9. (I) Temperature at 400 dbar and (II) upper layer T400 transport anomaly proxy at

confidence limits (thin black) are 72 standard errors, equal to O((6 month variance)/N*

timescales of the T400 time series (Longworth, 2007) ranging from 11 to 44 days.
time (6-month running mean is shown in Fig. 9) to filter out the
short-term variability that masks any trend in the hydrographic
end station analysis. Thus, for the mooring time series the
smoothed 400 dbar temperature is almost 0.4 1C warmer in
2004/2005 than in the late 1980s. Such temperature change is
well above the 0.07 1C uncertainty in 400 dbar temperature due
to uncertainties in adjusting for mooring motion. If the eastern
boundary conditions were constant over this time, the western
boundary warming implies an increase in the overall mid-ocean
thermocline slope and accordingly, basin-wide southward trans-
port of the 0–800 m layer. This is seen in the 2 Sv negative
transport anomaly of the temperature transport proxy after
1996 (Fig. 9(II)).

Unfortunately no suitable moored time series of temperature
and pressure observations are available within the eastern
boundary study region. While moorings were deployed around
the Canary Islands as part of projects such as ESTOC and CANIGO,
they are unsuitable due to intervening topography between them
and the eastern boundary of the 261N section. The only other
mooring with long term deployments in the eastern basin of
the subtropical north Atlantic is Kiel-276, maintained since
1980 (e.g. Siedler et al., 2005). At a nominal location of 331N,
221W, this mooring is close to the Azores Front and inference of
changes in the subtropical gyre recirculation is therefore compli-
cated by frontal meanders (Longworth, 2007) and is not pursued
here. Thus, we were unable to locate suitable moored time series
measurements near the eastern boundary for the period 1980–
2005 with which to analyse variations in layer transport anoma-
lies in a similar manner to the western boundary moorings.

From the available mooring time series, the thermocline
temperature at the western boundary is significantly warmer by
0.4 1C at 400 dbar in 2005 than it was in the 1980s. This warming
suggests that there has been an increase in southward thermo-
cline transport of about 2 Sv from the 1980s to 2005. Although we
found that any interannual variability estimated from western
boundary hydrographic end station layer transport anomalies is
insignificant, here the 400 dbar warming is a statistically signifi-
cant result and corresponds dynamically to an increase in south-
ward thermocline transport of 2 Sv between the 1980s and 2005.
Combined with the significant freshening of deep waters near the
1996 1998 2000 2002 2004 2006

1996 1998 2000 2002 2004 2006

e (years)

12 h resolution in grey and overlaid by 6-month running mean (heavy black). 95%

) where N* is the number of independent samples in the yearly mean using integral
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western boundary that is dynamically associated with a decrease
in southward deep water transport of 4 Sv, this thermocline
warming suggests a reduction in the overturning circulation from
the 1980s to 2005 of 2–4 Sv.
4. Discussion

The calculated trends in layer transports at the western boundary
suggest a decrease in southward deep water transport of about 3.7 Sv
(Table 2) and an increase in southward thermocline transport of 2 Sv
(Fig. 9) over 25 years. With the background variability in layer
transports of 3–4 Sv and the number of end stations limited to about
40 in the historical database, a trend of 2–3 Sv over 25 years cannot
be statistically significant. To detect a statistically significant change
of 3 Sv in the presence of the background variability found here, we
estimate we would need about 150 independent end stations spread
over the 25 years. There were proposals to make fortnightly end
stations near the Bahamas and Canary Islands in the early 1980s
(Bryden, 1982), and if they had been implemented, we might now be
in a position to assess whether a 2–3 Sv change in the overturning
has occurred. But our search of the database indicates that such a
number of end stations do not exist. Thus, the end station approach to
detect statistically significant past changes in the overturning is not
likely to be fruitful unless the changes were larger than 6 Sv.

We do find statistically significant changes in the water mass
properties at the western boundary, both in the thermocline where
the temperature at 400 m depth is 0.4 1C warmer now than in the
1980s and in the deep water where the salinity is 0.008 fresher now
than in 1980. In the absence of a detectable trend in the upper layer
transport anomaly in the east between 1980 and 2005, the 0.4 1C
warming of thermocline waters after 1997 relative to the late 1980s
in the western boundary moored 400 dbar temperature time series
amounts to a 2 Sv increase in net southward mid-ocean geostrophic
transport due to the steeper basin-wide thermocline slope. This is
neither supported nor contradicted by the western boundary end
station transport anomalies in which unresolved high frequency
signals and a method error of comparable size to this transport
change prevents detection of any such interannual signal with
significance. Taken alone, the 0.008 freshening of DSOW at the
western boundary is expected dynamically to be accompanied by a
reduction in southward flow of LNADW of approximately 4 Sv
between 1980 and 2005. Changes in the UNADW layer are unre-
solved since these waters include ISOW that has freshened (Fig. 2(I))
and LSW in which properties have fluctuated over the 25 years
(e.g. Vaughan and Molinari, 1997). While we calculate a decrease in
southward transport of UNADW of 1.3 Sv over 25 years, method
errors and lack of resolution of high frequency changes make
substantial contributions to the large sub-annual and interannual
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Fig. 10. Sverdrup transport across 25.51N from the NOC and NCEP monthly wind stress clim

(from Louise Duncan, personal communication).
variability observed, masking any long term changes that may exist.
Therefore while a reduction in southward transport above 800 m of
2 Sv is suggested by the observations, any overall change below
800 m cannot be similarly quantified although the significance and
size of the deep freshening do suggest a reduction in southward
LNADW transport of 4 Sv between 1980 and 2005.

Because there is some indication that the southward mid-
ocean thermocline recirculation has decreased since the 1980s, it
is useful to consider the time series of the Florida Straits and
Ekman transport over the same period. Neither the annual mean
Ekman transport across 26.51N computed from the NOC monthly
mean wind stress climatology (Josey et al., 2002) nor Florida
Straits transport from cable measurements (Baringer and Larsen,
2001) shows any long term trend between 1980 and 2005
(Longworth, 2007). The net effect of increased southward trans-
port in the upper 800 m of the mid-ocean section then represents
a reduction in the strength of the northward flowing upper
limb of the MOC at 26.51N, or put alternatively an increase
in the strength of the mid-ocean thermocline recirculation.
A 2 Sv weakening of northward flow in the mid-ocean evident
from 1997 onwards compared to the late 1980s is consistent
with Wunsch and Heimbach’s (2006)’s analysis of a reduction
in northward volume flux above 1200 m of 0.1970.05 Sv
yr-1, amounting to 2.370.6 Sv over their study period of
1992–2004.

The interpretation of an increase in the mid-ocean recircula-
tion strength over time leads to the question whether or not
Sverdrup transport across the section was constant during the
study period (e.g. de Boer and Johnson, 2007). Linear regression of
Sverdrup transport from the NOC climatology to time shows a
5 Sv increase in southward transport between 1980 and 2004
(Fig. 10). Under such conditions the observed western boundary
warming at 400 dbar over time would be interpreted as repre-
sentative of an increase in the basin-wide thermocline slope
associated with increased Sverdrup transport. The NCEP wind
stress climatology derived Sverdrup transport, on the other hand,
shows a small long term weakening trend with 0.5 Sv less
southward transport in 2004 than 1981 (Fig. 10). Following de
Boer and Johnson’s (2007) argument, this would require any
change in the mid-ocean transports above the reference level to
occur in the non-linear western boundary regime where mesos-
cale eddy activity is important. Under this scenario the western
boundary warming would be interpreted as decreasing the slope
of the thermocline adjacent to the western boundary (where it
descends offshore), with a weaker northwards flowing Antilles
Current. In the absence of a change in the rest of the mid-ocean
section, this still translates to stronger southward transport
across the mid-ocean. Thus, regardless of whether or not a long
term change in wind stress curl has occurred, the western
92 93 94 95 96 97 98 99 00 01 02 03 04
rk located on month of june)

r mean (NOC)
r trend (NOC)
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atologies. Both the 1-year running mean and a linear trend of this to time are plotted.
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boundary warming does represent strengthened southward
transport of thermocline waters over the past 25 years.
5. Conclusions

Analysis of end-point measurements near 26.51N based on
historical hydrography and moored time series has expanded the
estimates of changes in the strength of the MOC over the simple
5 points used by Bryden et al. (2005) and has shown the range of
variability in eastern and western boundary stations. End station
layer transport anomalies from historical CTD stations remain limited
by temporally sparse sampling and are therefore affected by unre-
solved high frequency signals and are sensitive to location errors of a
few Sverdrups. These effects combine to prevent detection of any
significant long term trends in mid-ocean geostrophic transport over
the 25 years from the CTD end stations and emphasise the impor-
tance of continuous monitoring for the future.

In this analysis of end station observations, two significant
changes are identified. First, moored temperature records provide
evidence for warming in the thermocline at the western boundary
since the 1980s, which signifies either increased southward recircula-
tion in the mid-ocean thermocline or reduced northward Antilles
Current transport; clarification of this issue is partially dependent on
the resolution of discrepancies between trends in wind stress curl of
the NOC and NCEP wind stress climatologies. In either case this
boundary warming in the thermocline acts to increase the net
southward transport above 800 m across the mid-ocean section,
consistent in sign with, but weaker than, the 1998 and 2004
hydrographic section transport changes relative to the 1981/1992
baseline state reported by Bryden et al. (2005). Secondly, there is
evidence for a significant freshening of the deep waters near the
western boundary with LNADW becoming 0.008 fresher over 25
years. Such boundary freshening decreases the net southward deep
water transport across the mid-ocean section, consistent with a
Table A1
Selected eastern boundary end stations. Day is the date of the month, Origin is data

M-NOC mooring cruise, K-IFM Kiel, H-Hydrobase 2003, Dist. is distance from 800 m i

(see text).

Aug.-81 Jul.-83 Nov.-84 Nov.-87 Jun.-88 Aug.-88 Oct.-91 Jun.-

Upper layer

Day 12th 11th 22nd 12th

Origin S W W W

Lon. (1E) �13.55 �16.77 �14.42 �17

Lat. (1N) 27.85 25.38 27.50 23.9

Dist (km) 6 45 68 12

Depth (m) 972 2793 1001 981

dSal

Middle layer

Day 13th 11th 15th 4th

Origin S W W W

Lon. (1E) �15.58 �17.06 �20.00 �21.05

Lat. (1N) �27.23 25.51 25.00 24.70

Dist. (km) 117 76 332 409

Depth (m) 3095 3204 3927 4298

dSal 0.0066 0.0027 0.0057 0.0015

Deep layer

Day 15th 28th 14th

Origin S W W

Lon. (1E) �24.29 �24.00 �25.83

Lat. (1N) 24.47 24.00 26.04

Dist. (km) 727 690 912

Depth (m) 5114 5056 5269

dSal �0.0003 0.0007 0.0040
weakening MOC. Together, on interannual timescales, the baroclinic
transport anomalies associated with upper warming and deep
freshening at the western boundary suggest a reduction in strength
of the Atlantic MOC at 26.51N between 1980 and 2005 of 2–4 Sv. Such
a reduction in MOC transport, however, cannot be statistically
validated from the available CTD end stations due to the inherent
variability in layer transports of the order 4 Sv and to the limited
number of end stations in the historical database.
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Appendix 1

See (Table A1).
Appendix 2

See (Tables A2.1 and A2.2).
Appendix 3

See (Table A3).
source; S—transatlantic hydrographic section, W—World Ocean Database 2001,

sobath, Depth is the station depth and dSal the salinity calibration offset applied

92 Jul.-92 Dec.-92 Sep.-94 Jan.-98 Apr.-98 Jul.-03 May-04 Apr.-05

21st 9th 30th 24th 9th 5th

S W K S S M

.10 �16.93 �17.57 �14.81 �13.55 �13.55 �16.15

4 24.50 24.39 27.54 27.85 27.85 26.92

32 79 98 6 6 111

1403 1929 2498 1070 1081 3483

0.0044

22nd 25th 28th 8th 5th

S S H S M

�19.58 �16.11 �21.34 �15.59 �16.15

24.51 27.03 24.00 27.23 26.92

261 119 424 118 111

3323 3470 4426 3131 3483

0.0055 0.0058 0.001 0.0054 0.0044

25th 28th 18th 5th

S S H S

�24.67 �24.22 �25.06 �23.50

24.50 24.50 27.00 24.51

765 720 876 648

5110 5124 5230 5003

�0.0004 0.0015 0.0008 0.0011

www.aoml.noaa.gov/phod/floridacurrent/
www.aoml.noaa.gov/phod/floridacurrent/
www.aoml.noaa.gov/phod/floridacurrent/
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Table A2.1
Selected western boundary upper, intermediate and middle layer end stations. Source is the data source; sectn—transatlantic hydrographic section, wod01—World Ocean

Database 2001, aomlw—NOAA/AOML and hybas—Hydrobase 2003. Dist. is the distance from the 800 m isobath, Depth is station depth and dSal the salinity calibration

offset applied.

Intermediate/middle layer (800–1100 m and 1100–3000 m) Upper layer (0–800 m)

Date Source Dist. (km) Depth (m) Lat. (1N) Lon. (1E) dSal Date Source Dist. (km) Depth (m) Lat .(1N) Lon. (1E) dSal

4-Sep.-81 sectn 6 3483 24.49 �75.42 �0.0019 4-Sep.-81 sectn 4 2837 24.47 �75.44 �0.0001

3-Nov.-81 wod01 8 3624 26.56 �76.77 0.0023 25-Apr.-85 wod01 6 1092 26.72 �76.95 NaN

25-Apr.-85 wod01 7 3468 26.55 �76.78 0.0012 11-May-85 wod01 8 3624 26.56 �76.77 0.0023

11-May-85 wod01 11 3507 26.53 �76.75 0.0005 29-Aug.-85 wod01 7 3468 26.55 �76.78 0.0012

29-Aug.-85 wod01 12 3529 26.55 �76.73 0.0024 19-Jan.-86 wod01 1 1027 26.55 �76.84 NaN

19-Jan.-86 wod01 10 3460 26.55 �76.75 0.0016 5-Feb.-86 wod01 12 3529 26.55 �76.73 0.0024

5-Feb.-86 wod01 12 3603 26.53 �76.74 0.0004 23-Jul.-86 wod01 10 3460 26.55 �76.75 0.0016

22-Jul.-86 wod01 12 3744 26.51 �76.73 0.0015 18-Nov.-86 wod01 1 1080 26.54 �76.84 NaN

18-Nov.-86 wod01 9 3552 26.54 �76.76 0.0015 19-Mar.-87 wod01 12 3744 26.51 �76.73 0.0015

19-Mar.-87 wod01 10 3581 26.55 �76.75 0.0011 27-Mar.-87 wod01 3 1481 26.59 �76.84 NaN

27-Mar.-87 wod01 8 3617 26.55 �76.77 �0.0016 3-Sep.-87 wod01 1 1339 26.56 �76.85 NaN

3-Sep.-87 wod01 12 3198 26.53 �76.73 �0.0008 7-Oct.-88 wod01 2 1268 26.56 �76.85 NaN

8-Oct.-88 wod01 10 3597 26.55 �76.75 �0.0006 13-Mar.-89 wod01 1 1055 26.54 �76.85 NaN

13-Mar.-89 aomlw 11 3061 26.55 �76.75 0.0001 28-Feb.-90 wod01 1 1148 26.54 �76.84 NaN

28-Feb.-90 hybas 19 4527 26.50 �76.67 �0.0002 20-Jun.-90 aomlw 2 1343 26.57 �76.85 NaN

18-Jun.-90 hybas 14 4817 24.25 �74.33 0.0007 27-Jun.-90 hybas 7 1412 26.49 �76.82 NaN

28-Jun.-90 hybas 14 4522 25.51 �76.35 0.0014 29-Jun.-90 hybas 2 2277 24.26 �74.45 NaN

29-Jun.-90 hybas 10 3876 26.51 �76.76 0.0004 9-Jan.-91 hybas 14 4522 25.51 �76.35 0.0014

30-Jun.-90 hybas 9 3544 26.53 �76.76 0.0042 15-Jun.-91 hybas 13 1414 26.49 �76.74 NaN

9-Jan.-91 hybas 10 3554 26.52 �76.76 0.0009 22-Sep.-91 hybas 10 3876 26.51 �76.76 0.0004

15-Jun.-91 hybas 7 3323 24.55 �75.46 �0.0014 20-Jul.-92 hybas 9 3544 26.53 �76.76 0.0042

22-Sep.-91 hybas 4 3014 24.00 �74.36 �0.0026 5-Aug.-92 hybas 10 3554 26.52 �76.76 0.0009

20-Jul.-92 hybas 14 3843 26.50 �76.72 �0.0034 11-Aug.-92 hybas 7 3323 24.55 �75.46 �0.0014

4-Aug.-92 sectn 7 3321 24.55 �75.46 �0.0016 14-Aug.-92 hybas 2 1335 24.00 �74.40 NaN

11-Aug.-92 aomlw 17 4334 26.50 �76.68 0.0014 2-Jun.-93 hybas 2 1399 26.54 �76.83 NaN

14-Aug.-92 aomlw 18 4428 26.50 �76.68 0.0007 13-Jul.-94 sectn 7 3321 24.55 �75.46 �0.0016

30-Mar.-94 aomlw 17 4583 26.50 �76.69 0.0031 8-Mar.-96 aomlw 6 1017 26.50 �76.85 NaN

10-Jul.-96 hybas 11 3869 26.50 �76.75 0.0002 10-Jul.-96 hybas 4 1282 26.52 �76.83 NaN

31-Jul.-96 aomlw 11 3869 26.50 �76.75 0.0005 31-Jul-.96 aomlw 4 1280 26.52 �76.83 NaN

11-Jun.-97 hybas 10 3871 26.51 �76.75 �0.0005 11-Jun.-97 hybas 10 3871 26.51 �76.75 �0.0005

22-Feb.-98 sectn 11 3849 26.50 �76.75 0.0003 22-Feb.-98 sectn 6 1370 26.50 �76.82 NaN

28-Apr.-01 aomlw 13 3842 26.50 �76.73 �0.0018 28-Apr.-01 aomlw 13 3842 26.50 �76.73 �0.0018

26-Jun.-02 aomlw 11 3759 26.50 �76.76 0.0013 26-Jun.-02 aomlw 4 1075 26.52 �76.83 NaN

11-Feb.-03 aomlw 14 3916 26.50 �76.72 �0.0042 11-Feb.-03 aomlw 4 1083 26.52 �76.84 NaN

7-Apr.-04 sectn 11 3815 26.52 �76.75 �0.0002 8-Apr.-04 sectn 5 1709 26.53 �76.81 NaN

2-Oct.-04 aomlw 10 3551 26.50 �76.77 0.0019 2-Oct.-04 aomlw 10 3551 26.50 �76.77 0.0019

8-May-05 aomlw 10 3793 26.50 �76.76 �0.0020 8-May-05 aomlw 4 1083 26.52 �76.83 NaN

23-May-05 aomlw 11 3856 26.50 �76.76 �0.0003 23-May-05 aomlw 4 1036 26.52 �76.84 NaN

21-Sep.-05 aomlw 10 3485 26.50 �76.77 0.0002 20-Sep.-05 aomlw 3 1092 26.52 �76.83 NaN

Table A2.2
Selected western boundary deep layer end stations. Source is the data source; sectn—transatlantic hydrographic section, wod01—World Ocean Database 2001,

aomlw—NOAA/AOML and hybas—Hydrobase 2003. Dist. is distance from the 800 m isobath, Depth is station depth and dSal the salinity calibration offset applied. The

duplicate columns for variables refer to the shallower (prefix M) and deeper (prefix L) CTD casts, which are appended down the slope.

Deep layer (3000–4700 m)

M. Date L. Date Source M. Depth

(m)

L. Depth

(m)

M. Lat

(1N)

L. Lat

(1N)

M. Lon

(1E)

L. Lon

(1E)

L. dist

(km)

Separation

(km)

M. dSal

4-Sep.-81 3-Sep.-81 sectn 3483 4826 24.49 24.50 �75.42 �74.41 27 21 �0.0019

5-Feb.-86 6-Feb.-86 wod01 3460 4799 26.55 26.54 �76.75 �76.52 33 23 0.0016

23-Jul.-86 22-Jul.-86 wod01 3603 4719 26.53 26.54 �76.74 �76.53 32 21 0.0004

18-Nov.-86 19-Nov.-86 wod01 3744 4741 26.51 26.54 �76.73 �76.52 33 20 0.0015

19-Mar.-87 19-Mar.-87 wod01 3552 4791 26.54 26.53 �76.76 �76.54 31 22 0.0015

27-Mar.-87 28-Mar.-87 wod01 3581 4725 26.55 26.54 �76.75 �76.53 32 23 0.0011

3-Sep.-87 3-Sep.-87 wod01 3617 4813 26.55 26.55 �76.77 �76.54 31 23 �0.0016

13-Mar.-89 14-Mar.-89 wod01 3597 4712 26.55 26.54 �76.75 �76.54 30 20 �0.0006

28-Feb.-90 28-Feb.-90 aomlw 3061 4815 26.55 26.54 �76.75 �76.53 32 22 0.0001

20-Jun.-90 20-Jun.-90 hybas 4527 4813 26.50 26.52 �76.67 �76.53 33 14 �0.0002

27-Jun.-90 27-Jun.-90 hybas 4817 4817 24.25 24.25 �74.33 �74.33 14 0 0.0007

29-Jun.-90 29-Jun.-90 hybas 4522 4798 25.51 25.49 �76.35 �76.19 19 5 0.0014

9-Jan.-91 10-Jan-91 hybas 3876 4821 26.51 26.47 �76.76 �76.53 33 23 0.0004

20-Jul.-92 20-Jul.-92 hybas 3323 4715 24.55 24.62 �75.46 �75.32 24 17 �0.0014

5-Aug-92 5-Aug.-92 hybas 3014 4748 24.00 24.01 �74.36 �74.28 12 8 �0.0026

11-Aug.-92 10-Aug-92 hybas 3843 4777 26.50 26.46 �76.72 �76.61 25 12 �0.0034

14-Aug.-92 14-Aug.-92 sectn 3321 4713 24.55 24.61 �75.46 �75.30 24 17 �0.0016

8-Mar.-96 8-Mar.-96 aomlw 4583 4832 26.50 26.50 �76.69 �76.51 35 17 0.0031

10-Jul.-96 10-Jul.-96 hybas 3869 4836 26.50 26.43 �76.75 �76.52 36 25 0.0002
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Table A3
Abaco and RAPID array western boundary data availability. Nominal instrument depths are for temperature sensors and also pressure if n. If no useable data was recovered

from a given instrument it is not listed, e.g. wb1’s 50 and 100 m temperature records are bad and therefore omitted from the table. Similarly for the RAPID moorings, all

levels had pressure sensors but they are not recorded here if the data is bad. Positions A, wb1 and A1, are 5, 6 and 9 km from the 800 m isobath.

Array Mooring Position Start date End date Water depth (m) Nominal instrument depths (m)

Stacs-7 224 A1 28-Mar.-86 27-Mar.-87 3593 150n 400n 1150n 2593 3093 3493

Stacs-8 230 A1 30-Mar.-87 20-Jun.-88 3593 100n 400n 1200 2200 3100 3500

Stacs-10 250 A 9-Oct.-88 23-Apr.-90 900 100n 400 800

WATTS 268 A 19-Jun.-90 1-Jan.-92 900 100 400n 800n

ACCP-1 296 A 11-Feb.-92 2-Oct.-93 824 70n 370n 770

ACCP-2 310 A 29-Sep.-93 24-Dec.-95 856 50 350n 650

ACCP-3 329 A 31-Oct.-95 12-Jun.-97 1006 100n 400n 700

Rapid wb1_1 wb1 27-Mar.-04 9-May-05 1382 250n 400 600n 800n 1000n

1200n 1375n 1382n

Table A2.2 (continued )

Deep layer (3000–4700 m)

M. Date L. Date Source M. Depth

(m)

L. Depth

(m)

M. Lat

(1N)

L. Lat

(1N)

M. Lon

(1E)

L. Lon

(1E)

L. dist

(km)

Separation

(km)

M. dSal

31-Jul-96 30-Jul.-96 aomlw 3869 4836 26.50 26.43 �76.75 �76.52 36 25 0.0005

22-Feb.-98 21-Feb.-98 sectn 3849 4720 26.50 26.50 �76.75 �76.62 24 13 0.0003

28-Apr.-01 28-Apr.-01 aomlw 3842 4708 26.50 26.50 �76.73 �76.61 24 11 �0.0018

26-Jun.-02 25-Jun.-02 aomlw 3759 4734 26.50 26.50 �76.76 �76.61 24 13 0.0013

11-Feb-03 11-Feb.-03 aomlw 3916 4812 26.50 26.50 �76.72 �76.60 26 11 �0.0042

8-Apr.-04 9-Apr-04 sectn 3815 4820 26.52 26.50 �76.75 �76.53 33 22 �0.0002

2-Oct.-04 1-Oct.-04 aomlw 3551 4810 26.50 26.50 �76.77 �76.57 29 19 0.0019

8-May-05 8-May-05 aomlw 3793 4808 26.50 26.50 �76.76 �76.57 28 18 �0.0020

23-May-05 22-May-05 aomlw 3856 4802 26.50 26.50 �76.76 �76.57 28 18 �0.0003

20-Sep.-05 19-Sep.-05 aomlw 3485 4797 26.50 26.50 �76.77 �76.76 10 1 0.0002
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